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averaged buoyancy frequency N(z) and on the top 
and bottom boundary conditions. The associated 
eigenvalues Hm are referred to as equivalent depths. 
The set (Am) is orthogonal so the representation (1) 
is unique. For each m(u~, v~, h~) satisfy the shallow 
water equations for an ocean of depth Hm. Suppose 
the ocean circulation is driven by a stress divergence 
aT(X, y, z, t)/az; then in view of (1) the mth system 
of shallow water equations is forced by a body force 
of magnitude 

1 [ aT 
Tm(X, y, t) = D -D aZ Am(z)dz, (2) 

where D is the depth of the ocean and Am(z) has been 
normalized so that 

I:D Am2(z)dz = D. (3) 

We now make the common assumptions that 

(i) There is a surface mixed layer of depth d which 
is so well mixed that N2(z) = 0 for 0 > z > -d; 

(ii) The stress T vanishes below the mixed layer. 

As a consequence of (i) Am(z) is constant in the 
mixed layer; i.e. Am(z) = Am(O) for z > -d. Integrating 
(2) by parts and then making use of this fact together 
with (ii) yields 

Am(O) 
Tm(X, y, t) = T(X, y, 0, t) --n. (4) 

Finally we equate the stress at z = 0 to the surface 
wind stress. The result (4) would also be obtained by 
adopting Lighthill's (1969) assumption that the wind 
stress acts as a body force over the mixed layer and 
not below. 

We now choose a scale T for the wind stress and 
define scales Um, Dm and nondimensional variables 
Um, Vm, hm by the relations 

(u~, v~) = Um(um, vm), h~ = Dmhm, (5a) 
where 

(5b) 

Um = gDm/cm = cmDm/Hm, (5c) 

and Lm and Cm are the standard equatorial let;lgth 
scale and wave speed (see Table 1). By scaling distance 
by Lm and time by T m we obtain the same formal 
equations for each m: 

iu -yv +~h = T(x)(X y t) at m m ax m , , 

a a -v +yu +-h = T(Y)(X y t) at m m ay m , , (6) 

a a a 
at hm + ax Um + ay Vm = 0 

No stratification dependent parameters appear explic
itly in (6) but since the length and time scales depend 
on the internal wave speed Cm the wind stress pattern 
and the basin size are different for each m. Hence 
the response will be different for each mode. 

Since the model ocean is hydrostatic the sea level 
'TI is directly related to the surface pressure; using (1) 
and (5): 

1 00 00 

'TI = - P(z = 0) = ~ h~m(O) = ~ DmAm(O)hm. 
pg m=O m=O 

Defining a sea level scale 'TIm by 

_ [T/P} 2 'TIm 51! DmAm(O) - gD m (O)Lm' (7a) 

(7b) 

Obviously, the contribution each mode makes to the 
sea level signal depends strongly on the surface value 
of the horizontal structure function, Am(O). Table 1 
gives values of Am(O) and 'TIm for a stratification typical 
of the Pacific at 179°W near the equator. [Values are 
based on an average of CTD casts from 1.5 ON to 
1.5°S at 179°W, as described by Eriksen et aI., 1983. 
D = 5000 m and we took T = 0.05 Pa. It would 
appear that many modes might make a significant 
contribution to sea level. However, 'TI also depends 

TABLE I. Normal mode characteristics. Values for Hnl> Am were based on stratification typical of the equatorial Pacific near the dateline 
(Eriksen et al .. 1983). The depth D = 5000 m. T - 0.5 dyn cm-2 and L f · - 1000 km were used for the sea-level parameters. 

m 

0 2 3 4 5 6 7 8 

Equivalent depth Hm (cm) 5 X lOs 86 32 13 7.0 4.3 3.3 2.3 1.8 
Surface amplitude Am(O) 1.00 4.22 4.02 2.05 1.61 2.08 2.10 1.50 1.22 
Wave speed, Cm = (gHm)'/2 (m/s) 222. 2.91 1.78 1.13 0.83 0.65 0.57 0.47 0.42 
Time scale, Tm = (fkm)-'/2 (day) 0.16 1.42 1.80 2.28 2.66 3.00 3.21 3.53 3.74 
Length scale, Lm = (cmlfJ)"2 (km) 3117 357 279 222 190 168 158 144 135 
Sea level scale 11m [Eq. (7)] (cm) 0.32 0.65 0.46 0.10 0.05 0.D7 0.07 0.03 0.01 
Sea level estimate 11:' [Eq. (12)] (cm) 0.03 1.82 1.65 0.43 0.26 0.44 0.45 0.23 0.15 
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on the hm' which depend on Hm (through the length 
and time scales) and on the structure of the wind 
stress r. In the next subsection we will make scaling 
estimates of these effects, estimates which our direct 
calculations will show to be reasonable. It turns out 
that the m = 1 and m = 2 modes are by far the most 
significant. 

We now digress a bit to relate the foregoing to the 
usual Ilh layer model in which a layer of depth D' 
and density p - dp is assumed to lie over a deep 
motionless layer of density p. Motions in this model 
are governed by the shallow water system (6) if cm

2 

= gdp/ pD'. The value of sea level so obtained will 
be the same as the contribution of the mth mode if 
D' = D/Am2(O). For the stratification we use, this 
value is 281 m for the first baroclinic model while CI 

= 2.91 m S-I. In the FSU calculations referred to in 
the Introduction, D' = 300 m while Cm = 2.45 m S-I 

(cf. Busalacchi and O'Brien, 1981). The wave speed 
is thus about 16% slower than our CI while their sea 
level amplitude is about 7% higher than our first 
mode sea level scale '171. We will find that the first 
mode typically contributes about half of the sea level 
signal. 

b. Horizontal structure 

In order to find the horizontal structure of each 
mode we must consider the solution of the shallow 
water system (6) for each m. The nature of the wind 
stress data means that the time scale of the motions 
can be no less than a month. (The minimum will be 
more nearly two months in view of the averaging.) 
For the modes that influence sea level, the graver 
baroclinic modes, the motions will be low frequency 
in the sense that their time scale is long compared 
with the internal time scale of the mode (cf. Table 
1). An extensive theory for such motions has been 
developed by Cane and Sarachik (1976, 1977, 1979, 
1981) and we will quote some relevant results here. 
At low frequencies there are three important com
ponents to the ocean's response: (i) eastward propa
gating long equatorial Kelvin waves, (ii) long, west
ward propagating Rossby waves, and (iii) short, east
ward propagating Rossby waves. The wavelengths of 
the last of these are too short for them to be effectively 
excited by the wind stress forcing. They can be 
generated at the western boundary reflections of 
incident long waves, but their group velocities are 
too low to permit them to penetrate into the interior. 
In sum, they are important at the western boundary 
when they make up the boundary current but have 
no effect elsewhere (cf. Cane and Sarachik, 1981, p. 
754ff). . 

Now consider the Kelvin wave and its relation to 
the response at the eastern boundary, x = X E • The 
(model) height at the eastern boundary, hm(XE, y, t), 
depends on the amplitUde of the Kelvin waves incident 

there, their long Rossby wave reflections, and the sea 
surface setup due to the local longshore winds. The 
last effect is negligible for El Nino anomalies because 
there are no such wind changes during El Nino 
(Wyrtki, 1975; Enfield, 1981a; Rasmusson and Car
penter, 1982). Writing the Kelvin wave in the form 

(Um)Kelvin = (hmkelvin = am(x, t)2- 1/21/tO(y) 

= am(x, t)2-1/21r-1/4e-I/2y\ 

we have the asymptotic, low-frequency result (Cane 
and Sarachik, 1977, p. 406) 

hm(XE, y, t) = 1r-1/4am(XE, t) = .J2(hm)Kelvin. (8) 

There are two significant implications of this result: 
1) hm(XE, y, t) depends only on the Kelvin wave 
amplitude at the coast at time t, am(XE, t) and 2) 
hm(XE) is independent of latitude. Recall that for the 
coastal stations shown in Fig. 1 that sea level changes 
are approximately in-phase along the coast and the 
amplitudes are independent of latitude. 

The amplitude am is determined from the wave 
equation 

where 

bm(x, t) = 2-1
/
2 1:00 

1/to(y)r(X)(x, y, t)dy (10) 

(e.g., cf. the Appendix to Gent et aI., 1983, or 
McCreary, 1976). Here r(x) is the nondimensional 
zonal component of the surface wind stress. Equation 
(9) is easily solved; at the eastern boundary x = X E , 

rXE 

t - (XE - Xw)] + Jxw bm[x, t - ~XE - x)jdx, (11) 

where Xw is the longitude of the western boundary of 
the ocean. According to (11), sea level changes at the 
South American coast will depend on the zonal wind 
stress integrated over the length of the Pacific. The 
contribution from longitude x is lagged to allow time 
for the Kelvin wave to travel from x to X E • For the 
baroclinic modes, only the winds near the equator 
contribute to the integral in (11) because the wind 
contribution is weighted by a narrow Gaussian cen
tered on the equator [viz. (10) and note from Table 
1 that Lm is less than 400 km for each of the 
baroclinic modes]. 

The magnitude of the integral in (11) may be 
estimated as follows. Take the length scale of the 
forcing r(x) to be LF ; its nondimensional value for 
mode m is then LF/ Lm. The x-integral in (11) is 
-bmLF/Lm, with bm computed from (10). As long as 
Lm < LF, then r(X)(y) is approximately constant where 
the Gaussian 1/to(y) is 0(1) so bm - r(x)(y = 0). This 
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will be the case for the baroclinic modes. If LF ~ L m , 

as for the barotropic· mode, then bm - T(x) Ld Lm. 
Combining these estimates, the overall contribution 
to sea level of the mth mode, 1J~, is expected to be 

Values based on a wind stress magnitude of O.OS Pa 
cm-2 and a wind scale of 1000 km are given in Table 
1. The barotropic mode is clearly negligible and will 
not be considered further. The first two baroclinic 
modes are obviously dominant but contributions 
from modes 3-7 might possibly be significant. 

If hm(XE ) were completely determined by the inte
gral in (11) it would be a trivial matter to calculate 
sea l~vel at the eastern boundary from (11), (10), and 
(7) given the zonal wind stress over the equatorial 
ocean. However, the Kelvin wave amplitude at the 
western boundary, am(Xw), must also be known. This 
is determined by the western boundary condition 
that the integral of the mass flux normal to the coast 
~anishes (Cane and Sarachik, 1977, p. 404), so (the 
Integral of) the incident mass flux is required. The 
analytic expression for this in terms of the wind field 
involves a su~ of complicated convolution integrals. 
~The AppendIx to Gent et ai., 1983, gives the solution 
In the case ,:"hen the forcing is periodic. It suggests 
the complexIty of the more general time-dependent 
solution.) Rather than use this expression we evaluate 
am(X w) by a numerical procedure described by Cane 
and Patton (1984). Inter alia we obtain Urn, hm, etc. 
over the entire model basin, allowing comparisons 
with sea level records away from the coast and the 
equator. Briefly, the model uses a numerical scheme 
that is second-order in space and time to calculate 
the long Rossby wave part of the flow. The Kelvin 
wave component is calculated exactly by integrating 
along characteristics. The low-frequency, long-wave 
approximation is made and the scheme is implicit so 
the ~mestep is limited by accuracy rather than stability 
r~qUlreme~ts. In the present calculation a 10-day 
tlme step IS used, adequate to resolve the forcing 
data. The model domain is a rectangle from 124°E 
to 80oW.and 20°.S to 200 N with a rectangle crudely 
representIng MexIco removed in the northeast corner. 
The southwest corner of this rectangle is at 9SoW 
ISoN. Variables are located on a staggered grid with 
a I .X O.S deg longitude-latitude spacing between like 
vanables. As noted in· the Introduction, the model 
was forced by the composite wind stress anomalies 
of.Rasmusson and Carpenter (1982). The drag coef
ficIent was taken to have the relatively large value of 
2.8 X 10-3• The only friction in the calculation is a 
Rayleigh friction with a five-year spindown time. 

4. Results 

Figure 2 shows the amplitude of the first baroclinic 
Kelvin mode at the two ends of the model Pacific 
Ocean for the three years centered on the El Nino 
year. The dotted lines connect the point at the west 
with the point it influences at the east [i.e., the time 
separation is C,-'(XE - X w); cf. (11)]. The value of 
the Kelvin wave amplitude at the west coast makes 
a relatively small contribution to its value at the east. 
The dropoff from March to June is the only significant 
exception to this statement. These statements are 
characteristic of the other modes we have calculated 
(m = 2, 3, 4). 

Most of the height change at the east must be due 
to the zonal winds near the equator. According to 
(10) and (II) the measure of this influence in time 
and space is bm(x, t); contours of b,(x, t) are plotted 
in Fig. 3. (Contours of b2 are very similar; as shown 
below, the higher modes make a much smaller con
tribution.) The curve at the right of the figure is a 
plot of a,(XE , t), as in Fig. 2. The dotted lines indicate 
the path of a Kelvin wave through this phase plane. 
The rise in a, at the beginning of the El Nino year is 
primarily due to the change in the winds in the 
vicinity of the dateline. In the composite there are 
substantial easterly anomalies in this region from the 
summer to the fall of the year preceding El Nino. By 
!'l0vember they have relaxed back to normal, remain
Ing about normal east of the dateline and becoming 
anomalously westerly to the west of it. The latter 
anomaly appears to be the primary cause of the first 
peak in the El Nino year, though there is also a 
smaller contribution from anomalies occurring about 
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FIG. 2. Calculated first baroc1inic-mode Kelvin wave amplitude 
at the eastern end XE and western end X •. of the model Pacific 
Ocean. 
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FIG. 3. The first baroclinic-mode Kelvin wave forcing b,(x, t) [Eq. (10)]. Dotted lines 
indicate the path of a Kelvin wave. The curve on the right is a,(Xd as in Fig. 2. 

February around 1600 W. The second, stronger peak 
centered in October of the EI Nino year is clearly a 
result of the massive collapse of the trades in the 
Central Pacific. 

In Fig. 4 we consider the contributions of the 
various modes to the total sea level signal. At each 
station we have plotted 11, the total sea level signal, 
and Am(O)Dmhm, the contribution of the mth mode 
to that signal, for the first four baroclinic modes. The 
plots bear out the a priori estimates of the last section 
that the first two baroclinic modes, and only the first 
two modes, matter to the sea level response. Those 
estimates understated the dominance of the first two 
modes, primarily because the scaling for the integral 
in (11) didn't fully capture the inability of the slowly 
traveling higher modes to make constructive use of 
relatively short-lived spatially coherent wind changes. 

. The first panel of Fig. 4 shows the results for the 
coastal station at 2°S, La Libertad. Model results for 
the other coastal stations are indistinguishable at the 
resolution of the plot, verifying that longshore coastal 
winds make a negligible contribution to sea level 
changes. The second mode makes a slightly larger 
contribution than the first, but the magnitude of the 
two are not very different. The second mode lags the 
first by about a month, so the sea level peaks are 
somewhat broader than either individual contribution. 
The same general features found at La Libertad also 
characterize San Cristobal in the Galapagos Islands. 

The remaining panels of Fig. 4 show stations 
farther to the west, where the dynamics of the sea 
level response is more complicated. For points on or 

near the equator (e.g., Christmas Island) it will be 
dominated by the Kelvin mode and the gravest 
Rossby mode. The response is influenced by signals 
propagating in from both east and west as well as by 
local forcing. For points off the equator (e.g., Truk, 
Kwajalein) the response is due to local forcing and 
to Rossby waves propagating in from the east. It is 
particularly sensitive to the curl of the wind stress, 
which cannot be determined accurately from available 
wind stress data. The only possible Kelvin wave 
influence is indirect, via the circuitous and slow route 
eastward along the equator to the coast and then 
westward via reflected Rossby waves. 

The response at Truk, the furthest west of our 
stations, is predominantly first mode. Kwajalein re
sembles the eastern stations in being equally influenced 
by the first and second modes through the El Nino 
year, and in having the two contributions take a 
similar form. In the year following EI Nino the first 
mode takes over. At Christmas the second mode 
response is much stronger than the first. In sum, 
there is no consistent pattern in the western ocean 
beyond the fact that the first two baroclinic modes 
are the important ones. 

Figure 5 compares the model results with the 
composites based on tidegage measurements. There 
is a clear tendency for the pattern of the calculated 
sea level to resemble the observations; the correlation 
coefficient between the two would be high (cf. Busa
lacchi and O'Brien, 1981). The amplitude of the 
model sea level variations is smaller than the observed, 
however. The best agreement is at the South American 
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coast where, as discussed before, the physics governing 
sea level anomalies is simplest. At La Libertad the 
two peaked structure is clear in both data and model 
and the timing of the two is the same, though the 
model sea level starts to rise a bit earlier than the 
observed. It is striking that the amplitude of the 
second peak is the same in both, but that of the first 
peak is larger in the observations and smaller in the 
model. In fact, the first peak amplitude is the only 
serious discrepancy over the 21/2 year period beginning 

in the summer preceding El Nino. [In view of the 
lack of wind information before January of year 1, 
the model cannot be expected to be correct during 
the first 6 months.] The story at San Cristobal in the 
Galapagos is much the same except that the second 
peak here is also underpredicted. 

Results in the west are more erratic and generally 
worse. Truk is badly underpredicted though the pat
tern and timing of the model is similar to the 
observations (as is true in Busalacchi and O'Brien, 
1981). Model results at Kwajalein are somewhat weak 
and tend to be about two months early, but agreement 
is generally good. There is nO reason to suppose the 
physics governing the response at Truk would be 
different than at Kwajalein: both are out of the 
equatorial waveguide and are west of the major wind 
changes. The poor quality of the forcing data in a 
region where the response depends on wind stress 
curl seems a plausible source for the discrepancies. 
The response at Christmas Island, near the equator 
in a region of strong wind changes, is also anemic. 

S. Discussion 

The intent of the calculations reported here is to 
test the most widely accepted theory for the oceanic 
response during EI Nino events: that the changes at 
the South American coast are caused by changes in 
the zonal wind stress in the central Pacific and that 
their influence is transmitted across ~he Pacific by 
equatorial Kelvin waves. We have used sea level as 
the measure of the ocean's response because, as 
discussed in the Introduction, it provides the clearest 
test of such a dynamical theory. If the theory fails to 
account for sea level changes it can't be invoked to 
explain anything else, such as SST anomalies. If it 
does account for sea level changes at the coast, then 
the coastal SST warming may be attributed to the 
same cause. The Kelvin waves that raise sea level 
suppress the thermocline along the coast (consistent 
with Enfield, 1981b). Thus, although the winds remain 
favorable for upwelling, the water advected tbward 
the surface and entrained into the surface mixed layer 
is warmer than normal. In addition, the arrival of 
equatorial Kelvin waves results in poleward advection 
along the coast, bringing in warmer water from north 
of the Galapagos Front, which is south of the equator 
early in the year. 

The poor quality of the data is the most obvious 
reason for any disagreement between the calculated 
sea level and observations. We believe that the Ras
musson and Carpenter (1982) composite wind anom
aly data set is the best objectively analyzed wind field 
currently available, but it is clear that the winds are 
severely undersampled, especially in the crucial area 
west of the dateline. (See their paper for further 
discussion.) Figure 3 provides evidence of the problem. 
The contoured field of hi is very noisy despite the 
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fact that each data point is made from 18 months of 
observational data which is then further averaged 
meridionally (in a Gaussian weighted way). 

There are also shortcomings in the sea level data, 
but a more serious problem for our purpose is the 
mismatch between sea level and wind data: the 
temporal distributions of the two data sets are very 
different. The six EI Ninos in the composite are 
similar in many respects but they are not the same 
with regard to the location and timing of wind 
anomalies. The distribution of wind data is bound to 
weight the component EI Ninos differently in different 
locations and only by accident would any of these 
weightings be the same as their sea level counterparts. 
In addition, the anomalies used here are based on· 
means for wind and sea level which do not correspond 
to one another. 

In view of the shortcomings of the data our con
clusions about the validity of the theory, both positive 
and negative, must be tentative. We judge the theory 
to be successful in accounting for the sea level changes 
at the South American coast. In particular, it repro
duces the twin peaked pattern characteristic of EI 
Nino. If this judgment is accepted a number of 
conclusions follow. The first and second baroclinic 
modes and only these modes are important in deter
mining the sea level response. The coastal response 
is a result of equatorial Kelvin wave packets impinging 
on the coast. This statement is consistent with the 
observation that the El Nino sea-level signal is very 
nearly the same in phase and amplitude at all stations 
along the coast (Fig. 1). The Kelvin wave amplitudes 
(and hence the coastal signal) are determined almost 
entirely by the zonal winds within a few degrees of 
the equator. All of the essential information is pre
sented in Fig. 3 which shows the appropriate func
tional of the zonal wind stress anomaly. The initial 
EI Nino peak results from the westerly anomaly that 
develops in the vicinity of the dateline in the boreal 
fall preceding El Nino. The second peak is due to the 
massive collapse of the trades in the central Pacific 
which begins in the middle of the El Nino year. 

The dynamics of the response along the South 
American coast are extremely simple, depending only 
on the Kelvin wave amplitude given by (11) and (10). 
The response in the western Pacific is more complex, 
especially off the equator where it is determined by 
combinations of Rossby waves. These are influenced 
by the wind stress curl. Thus while the eastern 
response depends on integrals of the wind stress, the 
off-equatorial response depends on derivatives of the 
wind stress field, making it more sensitive to errors 
in the data. The model results in the western Pacific 
are erratic, to say the least. Sea level at Kwajalein is 
reasonably well simulated while results at Truk are 
poor. Since the governing physics at the two islands 
ought to be similar it is difficult to see reasons for 
this difference beyond errors in the data. 

Our results do contain discrepancies which we 

believe should not be attributed to data errors. Al
though we use a relatively high value for the drag 
coefficient, calculated sea level is consistently low. 
One source of this systematic difference is the steric 
effect associated with the advection of abnormally 
warm water into the surface mixed layer. Warming a 
25 m layer by 3°e will result in a 2.5 cm increase in 
sea level. Warming of this magnitude is consistent 
with observations at the coast (e.g., Enfield, 1981b). 

It is striking that the amplitude of the second peak 
at the coast is correctly modeled while the first peak 
is considerably underpredicted. For any linear theory 
relying on the winds along the equator this result is 
an inevitable consequence of the fact that the collapse 
of the trades that produces the second peak is a much 
larger anomaly than the wind changes around the 
dateline that produce the first peak. (This difference 
is obvious in Fig. 3 and is a consistent feature of all 
El Nino wind analyses.) In this light the mystery is 
how the first observed peak manages to reach the 
same amplitude as the second one. The linear Kelvin 
wave theory cannot account for it without modifica
tion. 

The discrepancy under discussion is highly non
trivial in the context of the search for a coupled air
sea interactive theory for the entire El Nino cycle. 
One can construct scenarios where the initial pool of 
warm water that spreads westward from the South 
American coast alters the pattern of atmospheric 
heating enough to cause the mid-year collapse of the 
trades. The issue then becomes the cause of the initial 
warming. Our results raise the possibility that the 
wind changes at the dateline are too small to account 
for it. If the winds are not the cause then there would 
have to be some antecedent condition in the ocean 
that leads to the pile-up of mass at the eastern end 
of the Pacific. It is hard to see what it could be; 
certainly nothing obvious is suggested by the sea level 
data (e.g., Fig. 1). Wyrtki (1975, 1982) has emphasized 
the strengthening of the equatorial easterlies and 
concomitant buildup in sea level in the west that 
usually precedes an EI Nino event. However, in a 
linear theory only the change in the wind is significant 
and the observed change is present in our forcing 
data set. 

Another, and in our view more likely, possibility 
is that the initial peak is indeed caused by the wind 
changes at the dateline but that the resolutely linear 
theory used here understates the transfer from wind 
stress to sea level change. In particular, the linear 
theory disregards the fact that the thermocline slopes 
up to the east. Our calculation assumes a density 
profile characteristic of the vicinity of the dateline, 
the region of principal wind forcing. In this region 
the thermocline depth is characteristically O( 175 m) 
while at the eastern end of the equator the climato
logical thermocline is essentially at the surface. 

The linear theory neglects the possibility that as 
the packet of Kelvin waves contributing to the first 
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sea level peak approaches the coast it slows down 
and steepens in a manner loosely analogous to waves 
on a sloping beach. This steepening enhances the sea 
level response. The east-west tilt of the thermocline 
is greatly reduced by midsummer, when the collapse 
of the trades begins to generate the second peak. 
Hence there is no similar enhancement at that time. 
The possibility raised here is plausible, but requires a 
quantitative calculation. The steric effect due to sea 
surface warming is another mechanism left out of the 
theory that will have a greater influence on the first 
peak than on the second. 

The two gravest baroclinic-modes are both impor
tant for the calculated sea level response and the two 
contribute about equally. As noted above, there is 
observational evidence which may be interpreted as 
showing that first baroclinic-mode Kelvin waves do 
cross the Pacific as required by theory (Knox and 
Halpern, 1982; Eriksen et al., 1983). However, al
though according to linear theory the second mode 
should have an equally strong expression in sea level, 
the same data fail to show it clearly. The second 
mode has considerable vertical shears in the upper 
ocean and it is possible that it cannot survive the 
strong mixing in the vicinity of the equatorial under
current. It would not be inconsistent with the data 
or our results to suppose that this is the case and that 
the process transfers energy into the first mode. Of 
course, such mode mixing goes beyond the linear 
theory. 

Gill's (1982) data study implies that the mid-Pacific 
Ocean responds more or less like the first baroclinic 
mode, but the eastern Pacific response cannot be fit 
without using higher modes. Again, the data is not 
consistent with the structure for the ocean's response 
implied by linear theory. 

In summary, the work reported here tends to 
support the theory that the coastal EI Nino signal is 
a response to remote winds in the cet;ltral and western 
Pacific and that the carrier is packets of equatorial 
Kelvin waves, but it also suggests that the linear 
theory will have to be modified to account for the 
initial warming. 
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