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Abstract 

Ascent rates and volatiles of explosive basaltic volcanism 

Anna Barth 

 

 Explosive volcanic eruptions are propelled to the surface by the exsolution of vapour 

bubbles from magma due to decompression. A long-held view is that the amount of H2O 

dissolved in the magma at depth controls the intensity of an explosive eruption. Growing 

evidence from studies reporting H2O concentrations of melt inclusions (MIs) do not support this 

view. Instead, the rate at which magma ascends to the surface may play an important role in 

modulating the eruption style. Slow magma ascent allows the vapour bubbles to rise ahead of the 

magma, thereby diffusing the driving force for an explosive eruption, whereas for fast magma 

ascent, the bubbles remain essentially trapped within the magma, causing acceleration and the 

potential for an explosive eruption. 

 Chapter 1 presents a new modelling approach to constrain magma decompression rate 

based on the incomplete diffusive re-equilibration of H2O in olivine-hosted melt inclusions. We 

apply this chronometer to two contrasting eruptions at Cerro Negro volcano in Nicaragua: the 

1992 VEI 3 and 1995 VEI 2 eruptions. Both eruptions have the same basaltic composition (SiO2 

Ḑ 50 wt%) and maximum volatile concentrations (H2O Ḑ 4.7 wt%). However, MIs from the less 

explosive 1995 eruption appear to have experienced more water loss compared to those from the 

1992 eruption, which is consistent with slower magma ascent. 

We present a parameterization of the numerical diffusion model in chapter 2, which 

significantly reduces the calculation time, facilitating the use of Monte Carlo simulations to 

evaluate uncertainties. We use this parameterization to create a regime diagram that can be used 



 

 

to guide when melt inclusions may be used as magma hygrometers and when they are better 

suited to act as magma speedometers. We develop diagnostic tools to recognize where and when 

water loss has occurred in a magmaôs ascent history, and we outline quantitative tools that may 

be used to restore the primary and/or pre-eruptive water content. 

We find that one of the largest sources of uncertainty in modelling diffusive re-

equilibration of H2O in MIs and olivines is the diffusivity of H+ in olivine. We present new 

experimental constraints on H+ diffusivity in olivines from Cerro Negro (1992 eruption) and 

Etna (3930 BP óFall Stratifiedô eruption) (chapters 1 and 3, respectively). Our results show that 

H+ diffusion is highly anisotropic with the diffusivity along the [100] direction more than an 

order of magnitude faster than along [010] or [001], implying a large role for the óproton-

polaronô diffusion mechanism, which shares this anisotropy. We also find that the lower 

forsterite (Fo ~ 80) olivines from Cerro Negro have significantly faster H+ diffusivity than higher 

forsterite (Fo ~ 90) olivines from Etna. The results for Etna agree well with other estimates on 

high forsterite olivines from San Carlos and Kilauea, suggesting that the Fe content of the olivine 

strongly affects the H+ diffusivity.  

In chapter 4, we apply the methods from the first three chapters to an unusually explosive 

eruption of picritic magma at Etna, Sicily in 3930 BP (termed the óFall Stratifiedô eruption). MIs 

from this eruption show limited evidence for water loss and so cannot be modelled to determine 

decompression rate. Instead, we model H+ diffusion profiles within the olivine crystals 

themselves and determine rapid ascent rates of ~15 m/s. We perform rehomogenization 

experiments on the MIs to accurately assess their pre-eruptive CO2 concentrations, and find 

nearly 1 wt.% CO2. Solubility modelling indicates that these MIs must have been trapped at near 

Moho depths (24ï30 km). The magmaôs high CO2 concentration and deep initial pressures may 



 

 

have been responsible for the magmaôs rapid ascent, which ultimately led to its great eruption 

intensity. 
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1. Chapter 1: Magma decompression rate correlates with 

explosivity at basaltic volcanoes ï constraints from water 

diffusion in olivine 

Published as Barth, A., Newcombe, M., Plank, T., Gonnermann, H., Hajimirza, S., Soto, G.J., 

Saballos, A. and Hauri, E., 2019. Magma decompression rate correlates with explosivity at 

basaltic volcanoesðConstraints from water diffusion in olivine. Journal of Volcanology and 

Geothermal Research, 387, p.106664. 

1.1. Introduction  

Volcanic eruptions are driven by processes occurring in the conduit as magma ascends 

towards the surface. Chief among these is the depressurization-induced volatile exsolution which 

rapidly increases the magmaôs buoyancy. The extent to which the bubbles are able to segregate 

from the melt controls the ability of the magma to fragment and erupt explosively (Gonnermann 

and Manga, 2007). Other processes, such as crystallization and shear heating at the conduit 

margins, further modulate the eruptive style through their control on magma viscosity (Costa et 

al., 2007). All of these processes have feedbacks with ascent rate. This is the basis for the 

suggestion that ascent rate may influence the style of eruption (Wilson and Head, 1981; 

Cashman, 2004; Edmonds, 2008; Gonnermann and Manga, 2013). 

Initial dissolved volatile contents have often been cited as a controlling factor for the style of 

eruption (e.g. Andújar and Scaillet, 2012). For example, the transition from explosive to effusive 

styles during an eruption has been previously attributed to progressively tapping deeper portions 

of a magma chamber that is stratified in its volatile concentrations (e.g. Eichelberger and 

Westrich, 2012). However, as pointed out in a recent review by Cassidy et al. (2018), the 
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dissolved volatiles in melt inclusions (MIs) rarely support this claim, with no correlation between 

maximum dissolved volatile contents and explosivity. Instead, the effect of volatiles on eruption 

style seems more likely to arise from the rate of bubble exsolution and style of degassing (i.e. 

closed versus open), which are both controlled by the magma decompression rate. 

Despite its clear importance in eruption dynamics, very few estimates of ascent or 

decompression rate exist, especially for hydrous basaltic to intermediate magmas. Those that 

have been made often yield contradictory results, depending on the method used. In particular, 

laboratory experiments involving crystallization or reaction rims typically yield slower 

decompression rates, while vesiculation experiments give much faster rates, and have been 

suggested to reflect the highly-accelerated final stages of ascent and not the integrated 

decompression path (e.g. Geschwind and Rutherford, 1995; Toramaru, 2006; Humphreys et al., 

2008; Cassidy et al., 2018 ï their Fig. 5). 

In order to isolate the effects of decompression rate on eruption style, we determine 

decompression rates for two eruptions at the same volcano ï Cerro Negro in Nicaragua. The 

1992 VEI 3 eruption produced a 7 km high ash cloud, whereas the subsequent 1995 VEI 2 

eruption was dominated by fire fountaining and concurrent lava flows (Roggensack et al., 1997; 

Hill et al., 1998). Roggensack et al. (1997) saw differences in the volatile systematics for the 

1992 and 1995 magma and proposed that there could be a difference in ascent rate for the 

different eruptions. Our work aims to test this hypothesis. 

Magma composition is similar for the two eruptions (basaltic with 50 wt.% SiO2), including 

crystal content, so viscosity should be similar for the two magmas (Hill et al., 1998, our 

supplementary data). Furthermore, it is thought that conduit geometry was similar for the two 

eruptions because Cerro Negroôs cone morphology was the same for the two eruptions and the 



3 

 

vent location has been stable for Ḑ 150 years (Roggensack et al. 1997). Thus, the 1992 and 1995 

eruptions at Cerro Negro present an ideal opportunity to test the hypothesis that decompression 

rate is a controlling factor in determining the style of eruption at basaltic to intermediate 

volcanoes. 

1.2. Approach 

As magma ascends, volatile solubility decreases and the melt loses its volatiles to bubbles. 

Melt inclusions (MIs) within crystals carried with this ascending magma will begin to diffusively 

lose water to the surrounding melt. However, depending on the timescale of ascent, H+ diffusion 

through olivine may be too slow for the MIs to remain in equilibrium with the degassing magma, 

allowing olivine-hosted MIs to preserve a higher water concentration than the host magma. We 

can exploit this disequilibrium and use diffusion modelling of H+ in olivine to constrain magma 

decompression rates. 

We have developed a diffusion model of H+ diffusion from MIs through their host olivine 

into surrounding degassing melt, which is modelled as a specified concentration boundary 

condition. This is similar to previous models which assumed a spherical MI at the centre of a 

spherical olivine with isotropic diffusion (Qin et al., 1992; Gaetani et al., 2012; Chen et al., 2013; 

Ni et al., 2017). However, given the strongly anisotropic nature of H+ diffusivity in olivine 

(Kohlstedt and Mackwell, 1998; Le Voyer et al., 2014; Ferriss et al., 2018; this study), we model 

1D diffusion along the fast a direction of the host olivine (note that we will use a, b, c from now 

on to denote crystallographic directions along [100], [010], and [001], respectively). Although 

this is an approximation, Thoraval and Demouchy (2014) showed that this is justified as long as 

the 1D profile is modelled along the fast direction, and that the diffusion coefficient along that 

direction is at least ten times faster than the two slower crystallographic directions. Under these 
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conditions, the results from a 1D model are indistinguishable from those of a full 3D anisotropic 

model (Thoraval and Demouchy, 2014 ï their Fig. 3). 

MIs lose water through the olivine at a rate dependent on the diffusivity of water through 

olivine, DH, the partition coefficient between melt and olivine, kD, the MI size, and distance 

between the MI and the olivine rim (Qin et al., 1992; Chen et al., 2013). Small inclusions lose 

water more rapidly than large inclusions due to their higher surface area to volume ratio and 

lower mass of water. Estimating the initial water concentration of the MIs using systematics of 

incompatible elements, such as K2O, allows us to estimate the amount of water lost from the MI 

by diffusion (Lloyd et al., 2013). 

One of the main difficulties with water-in-olivine diffusion modelling is the orders of 

magnitude variation in diffusivity estimates (Kohlstedt and Mackwell, 1998; Chen et al., 2011; 

Padrón-Navarta et al., 2014; Ferriss et al., 2018). Some of this variation is due to effects of 

anisotropic diffusion, while the rest is likely due to a range in olivine composition, particularly 

Fe content. H+ diffusion in pure forsterite has been measured to be several orders of magnitude 

slower than Fe-bearing olivines from Kilauea and San Carlos (Fo Ḑ 90) (Ferriss et al., 2018). 

This dependence of H+ diffusivity on Fe content has also been found in clinopyroxene (Ferriss et 

al., 2016) and indicates the importance of Fe for the redox reactions necessary for the fast 

óproton-polaronô diffusion mechanism. In order to determine water diffusivities appropriate to 

the system we are studying, we performed dehydration experiments on oriented olivine 

phenocrysts from Cerro Negro. 

1.3. Background 

Water is dissolved in melt inclusions as H2O and OH- and can re-equilibrate with 

surrounding melt by transport of H+ ions through the olivine lattice. While in the olivine lattice, 
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water exists as H+ bonded to structural oxygen in point defects. We therefore will refer to water 

as H+ when discussing its diffusion through olivine. The amount of H+ hosted by different 

defects can be distinguished by differences in wavelength of absorption bands measured by 

Fourier-Transform Infrared Spectroscopy (FTIR) (Beran, 1969; Berry et al., 2005). In this paper, 

we do not focus on differences between defects because bulk H+ diffusion is most relevant for 

MI re-equilibration. 

There are two principal experimental methods to determine diffusivity from dehydration 

experiments. The first is based on changes in concentration at a particular position within the 

crystal over time, while the second is based on changes in concentration with distance across the 

crystal at a given time. The first method will be referred to as the thin-slab approach and involves 

a point measurement at the centre of a slab, assuming that water loss is confined to the direction 

normal to the slab plane. The second is the whole-block method (Ferriss et al., 2015) and 

measures concentration profiles along each crystallographic direction to determine the diffusivity 

along each direction. The thin-slab method is easier in terms of sample preparation and data 

collection because it requires the crystal to be polished into a slab instead of a cuboid and uses 

one data point instead of a whole profile. However, the thin-slab method only provides an 

estimate of diffusivity in the direction normal to the slab plane, whereas the whole-block method 

constrains diffusivity along all three crystallographic directions. Moreover, the diffusion 

timescale can be estimated with more precision by using multiple points along a profile rather 

than a single point measurement. 

1.3.1. Thin Slab 

The thin-slab method is based on the solution of Fickôs second law for one-dimensional 

diffusion in a solid with a homogeneous initial concentration bounded by two parallel planes 
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(Figure 1.1), in this case a planes. During diffusive re-equilibration, the concentration profile that 

develops along a after time, t, may be described by 

         Equation 1.1 

where C0 is the initial (homogeneous) H+ concentration, D is the diffusion coefficient of H+ 

along a, and L is the half thickness of the sample (Crank, 1975). 

The FTIR measurement in the centre of this slab reflects the average concentration along this 

profile, which is given by 

               Equation 1.2 

Figure 1.1: Schematic diagram showing position and polarization of 

measurements for whole -block and thin -slab methods. Yellow volume shows region 

probed by IR radiation ɬ each square on olivine block surface shows position of point 

measurement along profile. Red arrows show IR polarization direction for each 

measurement. Blue lines show approximate shape of diffusion profile along each 

crystallographic direction. Thin -slab method does not consider these profiles but  only 

the average water concentration (red line) along the ray path. Note that for the thin -

slab method to be valid, the slab thickness along the raypath (in this case a) need only 

be thin enough such that diffusion reaches the centre of the crystal along only this 

direction. Since D a is so much faster than D b or D c, this can be achieved even in a cubic 

geometry 
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The diffusivity along a may be calculated by fitting the solution to this equation to the variation 

of Cav/C0 over time, where Cav/C0 is determined from the FTIR measurements and time is the 

duration of the heating experiments. 

1.3.2. Whole block 

The whole-block method was developed by (Ferriss et al., 2015) and provides a way to use 

concentration profiles (absorption profiles from FTIR) measured in all three crystallographic 

directions to determine 3D diffusivity. The method is based on a forward 3D diffusion model 

that takes into account the fact that each FTIR measurement is averaged along a raypath that is 

zoned in water (Figure 1.1). Each measurement provides a data point for the profile that it is part 

of, but also adds a constraint to the perpendicular profile along the IR raypath. Further details of 

this method can be found in (Ferriss et al., 2015). 

1.4. Eruption description  

We focused on the 1992 VEI 3 and 1995 VEI 2 eruptions of Cerro Negro. The 1992 eruption 

was purely explosive and produced a sustained 7 km high ash cloud. The eruption lasted 3.6 days 

(April 9-13) and produced a tephra volume of 0.011 km3 (dense-rock equivalent, DRE). By 

contrast, the 1995 eruption had a 2-3 km high ash plume and 80% of the erupted material was 

lava. The eruption lasted for 13 days (November 19 to December 2nd), although appreciable 

tephra deposits only formed in the last 4 days. The eruption produced 0.0013 km3 (DRE) of 

tephra and 0.0037 km3 (DRE) of lava, or about half the total volume emitted in 1992. 

In terms of chemistry and petrography, the 1995 eruption is remarkably uniform 

throughout the lava and fall deposits (Hill et al., 1998). This is in contrast to the 1992 eruption, 

which is zoned in whole rock composition due to variations in crystal proportions ï the upper 

part of the fall section has almost twice the olivine and augite as the base (Hill et al., 1998). Our 
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major and trace element data support previous work (Walker and Carr, 1986; Hill et al., 1998) 

showing that the bulk rock compositions for the two eruptions have virtually identical trace 

element concentrations, including rare-earth element patterns (see supplementary data). 

Furthermore, the olivine populations from the two eruptions have the same range in forsterite 

content (71.5-82). The consistency of magma composition over the course of many eruptions 

suggests the presence of a stable magma reservoir at depth (Venugopal et al., 2016). 

 Samples consist of ash and lapilli from the 1992 and 1995 eruptions (Figure 1.2). The 

1992 samples were collected by Gerardo Soto and provided by Mike Carr, and consist of a distal 

ash sample collected April 14th from the town of Leon, 22 km SW of Cerro Negro, and a 

proximal ash and lapilli sample collected April 13th, 0.5 km NW of the crater (IGSN: 

IEACB0004, IEACB0005 ï see supplement for URL). 

 

Figure 1.2: Map modified from (Hill et al. 1998) showing sample locations. Contours 

are isopachs for 1995 tephra-fallout in cm. Location of enlarged section (b) shown by blue 

square in  (a). 1992 cone and 1995 lava flow and cone shown in colour. (c) 1992 isopach map 

from (L (ed.) McClelland 1992). Note the difference of scale between 1992 and 1995 isopachs. 

(d) shows location of major Nicaraguan volcanoes.  
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During the 1992 eruption, the explosive paroxysm started on April 9 at 23:45 and lasted 

until 16:05 on April 12 (McClelland, 1992). Less steady, pulsatory activity continued until 

midnight on April 12. Eruption reports say that ash began to fall in León one hour after the onset 

of the eruption until 17:00 on April 10, when it reached 4 cm-thick. After this, the winds changed 

and ash fall ceased in León. Therefore, our distal sample most likely represents the early peak of 

the paroxysm on April 10. The proximal sample was collected on the morning of April 13, on 

Cerro La Mula, where the fall deposit was >1 m thick. Material was collected from the 

uppermost portion of the section, and therefore derives mostly from the late paroxysmal activity. 

The 1995 samples were collected by the authors Anna Barth and Armando Saballos during 

field work in August 2016 (IGSN: IEACB0003). A 1.5 m deep trench was dug at the western 

edge of the cone at the slope break (Figure 1.2b). The 1995 sample comes from the top 15 cm; 

below this we encountered coarser material with high MgO (Ḑ 8 wt.% ï supplementary data), 

consistent with the final magma erupted in 1992 (Hill et al., 1998). Within the 1995 deposit, 

there appeared to be fine scale layering, defined by slight changes in grain size and so three 5 cm 

layers were sampled separately (see IGSN: IEACB0003). 

1.5. Methods 

1.5.1. Dehydration experiments 

1.5.1.1. Starting material 

Two Cerro Negro olivines were oriented and polished into cuboids of sizes 1087 x 405 x 922 

and 577 x 944 x 1073 ɛm along a, b, and c (CN-block 1 and CN-block 2, respectively). Sample 

thicknesses in all three crystallographic directions were measured with a digital micrometer 

accurate to within Ñ 5 ɛm. Crystallographic directions were determined from crystal morphology 

(supplement) and confirmed with electron backscatter diffraction (EBSD). 
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The original rims contained low water concentrations and were polished off, resulting in 

homogeneous profiles within analytical uncertainty (10%). Major and trace element 

concentration profiles measured by laser ablation inductively coupled plasma mass spectrometry 

(LA ICP-MS) revealed minimal zoning in major elements, including forsterite which varied from 

77.9 - 80.2 % (supplement). We did, however, find significant zoning in some minor elements 

(Al, Cr, Ni), although we do not believe that this has played a significant role in H+ diffusion 

given the flat initial water profiles (Figure 1.5). 

 

Figure 1.3: CN block 1 spectra taken through the centre of the crystal before heating 

(left) and after 40 minutes of heating at 1000 oC (right). Measurements with E|| a (red) used in 

whole -block method, unpolari zed measurements (blue) used for thin -slab method. Most 

water is held in [Ti] and [Triv] defects (green labels) although we do not model these 

separately since MI re -equilibration, the focus of this study, ref lects bulk H + diffusion. For 

whole -block method, entire area under the curve from wavenumber 3150 - 3600 cm-1 is 

summed for bulk water. For thin -slab method, we sum area under curve excluding mid -

wavenumber region (grey; 3400 - 3500 cm-1). See text for fur ther details.  

1.5.1.2. Defect structure of starting material 

We observe several absorption peaks in the O-H stretching region of 3150-3600 cm-1 of 

the olivine FTIR spectra (Figure 1.3). The largest peaks are seen with the electric vector 

polarized parallel to a (E || a). Following Padrón-Navarta et al. (2014) and Ferriss et al. (2018), 
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the peaks at 3328, 3358 cm-1 are a doublet associated with a Mg2+ vacancy charge-balanced by 

H+ and trivalent ion (Fe3+, Cr3+, Al3+) substituting on a metal site, [Triv]; the peaks at 3524 and 

3572 cm-1 are a doublet created by 2 H+ coupled with Si4+ vacancy and Ti4+ on a metal site [Ti] 

(Figure 1.3). 

1.5.1.3. Experimental procedure 

Both olivine blocks were heated for two 20 minute increments using a vertical furnace as 

described in (Ferriss et al. 2015), with oxygen fugacity controlled by CO-CO2 gas mixing at 

NNO+0.25 based on Fe-S systematics in Cerro Negro MIs determined by (Portnyagin et al., 

2014). CN-block 1 was heated at 1000 oC and an oxygen fugacity of 10-9.15 bars, while CN-block 

2 was heated at 800 oC and an oxygen fugacity of 10-12.5 bars (Table 1.1). We monitored 

temperature using a S-type thermocouple, and oxygen fugacity with a zirconia sensor. The 

sample was kept at the top of the furnace until both temperature and fO2 equilibrated, and was 

then lowered into the hot spot next to the thermocouple. 

Table 1.1: Experimental conditions and analytical treatment for dehydration 

experiments  

 CN block 1 CN block 2 

Size (mm) 1087 ³405 ³ 922 577 ³ 944 ³ 1073 

Temperature (oC) 1000 800 

Time (min) 20, 40 20, 40 

NNO +0.25 +0.25 

log fO2 (bars) -10.08 -13.65 

Analytical treatment Whole-block and thin-slab Thin-slab 

 

1.5.1.4. Determination of hydrogen in experimental olivine blocks 

The hydrogen (H+) concentration was measured in the experimental olivine blocks before 

and after each heating step. Spectra were collected using the Thermo Nicolet Nexus 670 infrared 

spectrometer and Thermo Nicolet Continuum 15x infrared microscope at the American Museum 
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of Natural History, with an aperture of 100x100 ɛm, a resolution of 4 cm-1, and averaged over 

200 scans. Where higher spatial resolution was required the aperture was reduced to 50x100 ɛm 

and the number of scans increased to 300. Some measurements were taken multiple times with 

different apertures, and the resulting peak areas were found to be within 5% of each other. 

We fit a quadratic baseline through the spectra between wavenumbers 3150 and 3600cm-1 

and forced the baseline through the spectra at 3400 cm-1 (Figure 1.3Figure 1.3). This is to 

provide consistency among measurements along the profile, before and after the experiment (e.g. 

Ingrin et al., 1995). Profiles for the whole-block method were measured with a ZnSe polarizer 

parallel to a. Measurements for the thin-slab method were taken with the raypath along a and 

therefore could not be polarized parallel to a. For CN-block 1 we took unpolarized 

measurements, for CN-block 2 we averaged measurements with E || b and E || c. We estimate 

total absorbance by integrating the total area between the baseline and absorbance spectrum. We 

focus on the [Ti] and [Triv] peaks since these are the best expressed for all polarization 

directions, and so exclude the region 3400-3500 cm-1 from our area integration (Figure 1.3). 

Using the Bell calibration, we estimate initial water concentrations for CN-block 1 and 

CN-block 2 to be Ḑ9 and 5 ppm, respectively, (Ḑ6 and 3 ppm using the Withers calibration) 

(Bell et al. 2003; Withers et al. 2012). These are necessarily estimates because we did not take 

measurements with the polarizer along each crystallographic direction (further discussion in 

supplement). However, the diffusivity is insensitive to absolute water concentrations since all 

concentrations are normalized by the initial concentration. 
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1.5.2. Melt inclusion chemistry 

1.5.2.1. Melt inclusion preparation 

Seventy-six MI-bearing olivines were mounted individually in dental resin and polished 

to the maximum width of the MI using diamond pads down to a grit size of 0.25 ɛm. A range of 

MI sizes were chosen in order to capture the relationship between diffusive water loss and MI 

size. In particular we focused on measuring small (< 30 ɛm) MIs, which was made possible 

using NanoSIMS, as these should undergo greater extents of re-equilibration. We then cleaned 

the samples in ultrasonic baths of toluene, acetone and isopropanol, baked them in a vacuum 

oven at 110 oC for several days and pressed the crystals into indium mounts. Olivine orientation 

was determined by crystal morphology (supplement). All measured MIs are glassy with a single 

shrinkage bubble and no crystals. Only crystals which had the a direction exposed in the polished 

plane were selected for diffusion modelling (8 for 1992, 35 for 1995) because water loss along a 

dominates diffusion (see below) and therefore the distance between the MI and olivine edge 

along a is an important parameter to constrain. 

1.5.2.2. SIMS and NanoSIMS 

Volatiles (H2O, CO2, Cl, F, and S) and P in the MIs and olivines were measured on a 

Cameca IMS 6f ion probe (SIMS) at the Carnegie Institute of Washington (CIW), Department of 

Terrestrial Magnetism. Small MIs (<30 ɛm diameter) were measured using the Cameca 

NanoSIMS 50L. The indium mounts were gold-coated and placed into the sample exchange 

chamber one to three days before the start of the session. To remove the gold coat and any 

surface contamination we pre-sputtered for 120 s before beginning the data collection. 

Analytical procedures followed those of (Hauri et al., 2002), using a basaltic glass 

calibration curve, and in all cases measuring H2O as 16O1H and CO2 as 12C. A primary beam of 
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Cs ions (5-10 nA) accelerated to 10 kV was used to create a 20-40 ɛm spot size. 30Si- was used as 

a denominator for all reported ion intensity ratios. Within each session replicate analyses of 

basaltic andesite standard glass MR:ND-70-01 (Lloyd et al., 2013) yielded relative standard 

deviations (100*standard deviation/mean) of < 4.6 % for CO2, < 5.4 % for H2O, < 4.8 % for F, < 

10 % for S, and < 19 % for Cl. 

1.5.2.3. Electron microprobe 

MIs and olivines were analysed for major elements using a Cameca SX100 microprobe 

(EMP) at the AMNH. MI analyses were performed as close to the centre of the inclusion as 

possible. The host olivine was analysed at Ḑ20 ɛm from the border with the inclusion. 

During all sessions, major elements in hydrous glasses and olivine phenocrysts were 

analysed using a 10-nA beam current (4-nA for Na) and a 15-kV accelerating potential with a 12 

ɛm diameter beam. Count times for major elements were 30 s on peak and 15 s for backgrounds. 

Na2O was counted for 2 s on peak and 20 s on background; FeOT count times were 20 s on peak 

and 15 s for background; Sulfur was measured on the sulfate peak position and was standardized 

on BaSO4. 

Replicate analysis of four basaltic glass check standards FR:ND-60-01 yielded an 

average relative standard deviation of <2.5 % for K2O and <10 % for the remainder of the major 

elements. To correct for inter-run calibration offsets, all analyses were corrected using factors 

determined from the accepted values for the FR:ND-60-01 check standard (see supplement data, 

values from (Lloyd et al., 2013)). 

1.5.2.4. Correction for post-entrapment modification 

To know the concentration of elements in the melt at the time of MI entrapment, a correction 

needs to be made for post-entrapment crystallization (PEC), which occurs during cooling or MI 
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water loss (Danyushevsky et al., 2000; Steele-Macinnis et al., 2011). We correct for PEC by 

adding equilibrium olivine into the MI composition, in incremental fractions of 0.25 wt.%, until 

it is in equilibrium with its host olivine. The amount of PEC calculated for the MIs ranges from 0 

- 9 %. There are two variables used in calculating the equilibrium olivine composition: the KD 

value and the Fe3+/FeT ratio. We calculate a KD of 0.35 using the formulation in Toplis (2005). 

For Fe3+/FeT, we use a value of 0.2 based on an fO2 of NNO+0.25 for Cerro Negro (Portnyagin et 

al., 2014) and the relationship between fO2 and Fe3+/FeT from Kress and Carmichael (1991). 

We determine the entrapment temperature for each MI using olivine-liquid thermometry 

based on equation 4 in Putirka et al. (2007) and no difference in temperature was found between 

the two eruptions. 1100 oC is the average temperature calculated, with a full range of 1076-1130 

oC and standard deviation of 12 oC. 

1.6. Results 

1.6.1. Diffusivity of water in olivine  

Diffusivity was determined by the thin-slab method for both blocks at 800 and 1000 oC 

and was compared with results from the whole-block method for CN-block 1 at 1000 oC. Figure 

1.4 shows Cav/C0 over time for the blocks heated at 800 and 1000 oC with curves representing 

analytical solutions to equation 1.2. Within our estimated error based on baseline choice (see 

supplement), H+ diffusivity is constant over the course of the experiments: 10-11.1 m2/s at 800 oC 

and 10-10.14 m2/s at 1000 oC. 

The whole-block method gives the same diffusivity as the thin-slab method for CN-

block1 at 1000 oC along a (Da=10-10.14 m2/s). Figure 1.5 shows H+ profiles measured along each 

crystallographic direction for bulk water (i.e. total area between spectra and baseline). OH- 

absorption areas for each profile are normalized to the average area measured along that profile 
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for the initial, undehydrated olivine. The agreement of the whole-block and thin-slab method at 

1000 oC gives us confidence in our results, and suggests that the less data-intensive thin-slab 

method is sufficient, as long as the sample is analysed along the axis of most rapid diffusion (in 

this case, the olivine a-axis). 

 

 

Figure 1.4: Thin -slab method for CN blocks 1 and 2. Cav/C0 over time for 800 and 1000 
oC. Fraction of water left is given by C av/C0, where both concentrations are given by the area 

under the absorption curve between 3150 and 3600 cm-1 excluding 3400 - 3500 cm-1. Curves 

show analytical solutions to equation 1.2. Error bars determined by varying baseline 

curvature (supplement).  

Curves in Figure 1.5 show best-fit whole-block model predictions for 20 and 40 minutes. 

Some uncertainty arises because of the choice of H+ concentration at the edge, which does not 

appear to be zero, especially for the profile after 20 minutes. The higher the edge concentration 

imposed as a boundary condition in the model, the slower the diffusivity that reproduces 

observed concentrations in the crystal centre. The edge concentration is varied to give the upper 

and lower bounds of Da as 10-10.08 - 10-10.2 m2/s. The fits for these bounds can be found in the 

supplement. 
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Figure 1.5: Whole-bock method for CN block 1 at 1000 oC. Path-integrated profiles 

along a, b, and c for bulk water (total area between 3150 and 3600 cm -1). Diffusi on along a is 

>10 x faster than b or c. Diffusivity estimate for b and c is an upper bound because of the 

flatness of the profile. The same diffusivity can be used to fit profiles after 20 and 40 minutes 

of heating.  

The flat profiles along b and c make it impossible to accurately constrain diffusivity 

along these directions, but do give upper bounds on diffusivity. These are 10-12.5 m2/s and 10-11.7 

m2/s, along b and c respectively. Thus, diffusion along a is > 10 x faster than along b or c. 

To estimate DH at the relevant temperatures for magma ascent at Cerro Negro, we 

construct an Arrhenius relationship, and extrapolate to 1100 oC, which is the average temperature 

for both Cerro Negro eruptions based on olivine-liquid thermometry (section 1.5.2.4). Figure 1.6 

shows our Arrhenius relationship together with diffusivity estimates from the literature. We 

calculate two Arrhenius relationships based on the upper and lower bounds of our measurements 

at 800 and 1000 oC, which gives the range of DH at 1100 oC to be 10-9.87 to 10-9.67 m2/s. As will 

be discussed in section 1.7.1.1, there is additional uncertainty in the diffusivity from uncertainty 

in magmatic temperature, which is shown by the red shaded region in Figure 1.6. 
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Figure 1.6: Arrhenius diagram for bulk H + diffusion in olivine. Our diffusivity for 

Cerro Negro is shown in red. Vertical red bars show uncertainty from fitting procedure. Red 

shading shows extrapolated diffusivity  at relevant temperatures with uncertainty from 

temperature estimate and fitting procedure. 1 Ɑ uncertainty in temperature = 12 oC. Black 

lines show ranges for previous measurements of proton -polaron rate (redox) and proton -

vacancy rate (PV) during hydrat ion  of San Carlos olivine as well as peak -specific  

measurements from dehydration of synthetic forsterite (dotted lines, (Padrón -Navarta, 

'ÌÙÔÈÕÕȮɯÈÕËɯ.ɀ-ÌÐÓÓɯƖƔƕƘȺȺȭɯ!ÓÜÌɯÓÐÕÌÚɯÚÏÖÞɯÔÌÈÚÜÙÌÔÌÕÛÚɯÖÕɯ2ÈÕɯ"ÈÙÓÖÚɯÈÕËɯ*ÐÓÈÜÌÈɯ(ÒÐɯ

olivine (Ferriss, Plank, and Ne wcombe 2018). Estimates for bulk H + diffusivity in unoriented 

MI -bearing olivines shown by grey ellipse (Portnyagin et al. 2008; Mironov et al. 2015; Chen 

et al. 2011; Gaetani et al. 2012). The activation energies (Ea) and pre-exponential factors (D 0) 

for our best fit are provided in the inset table.  

1.6.1.1. Importance of Fe 

Although the focus of this paper is the application of H+ diffusivity for decompression 

rate and not on the diffusion mechanism itself, it is worth discussing our rates in the context of 

the existing literature on H+ diffusivity in olivine (Kohlstedt and Mackwell, 1998; Demouchy 

and Mackwell, 2006; Costa and Chakraborty, 2008; Padrón-Navarta et al., 2014; Peslier et al., 
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2015; Ferriss et al., 2018). We determined the fastest H+ diffusivity for dehydrating olivine 

(Figure 1.6), although faster rates have been observed during olivine hydration (proton-polaron 

mechanism, Kohlstedt and Mackwell, 1998). Our diffusivity is about four orders of magnitude 

faster than experiments on Fe-free, synthetic olivine (Padrón-Navarta et al., 2014); about two 

orders of magnitude faster than the óproton-vacancyô mechanism (Kohlstedt and Mackwell, 

1998); and also significantly faster than recent experiments on natural, Fe-bearing olivines from 

San Carlos and Kilauea (Fo 86 ï 90, Ferriss et al., 2018). The rapid H+ diffusivity in our 

experiments is likely related to the low forsterite content of our olivines (Fo = 79 - 81%), given 

that Fe is expected to play a major role in facilitating electron exchange between defects 

(Kohlstedt and Mackwell, 1998). The rates that we observe are too fast to involve diffusion of 

metal vacancies which suggests that the main diffusion mechanism at work involves the óproton-

polaronô mechanism ï a flux of H+ charge balanced by a flux of electrons from Fe2+ to Fe3+. This 

is consistent with the observation that the fast diffusion direction is a, and not c, as would be 

predicted for vacancy diffusion (Le Voyer et al., 2014). Thus, increasing the iron content of 

olivine may enhance H+ diffusion. A dependence of H+ diffusivity on mineral composition 

highlights the benefit of measuring diffusivity in the olivine samples being studied, at least until 

the compositional dependence is better understood. 

1.6.2. Melt inclusions 

1.6.2.1. Melt inclusion chemical composition 

We find overlapping melt inclusion chemistry for the three 1995 sample layers (Figure 

1.7). The exception is that the uppermost layer (A) has lower water concentration, but this unit 

contains smaller MIs (analysed by nanoSIMS). We attribute these lower water contents to effect 

of inclusion size on diffusive water loss (see section 1.6.2.2). 
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Figure 1.7: Melt inclusion chemical systematics showing a) SiO 2 versus S and b) MgO 

versus K2O for all samples. 1995 samples all overlap while the distal 1992 sample from peak 

paroxysm is shallower (lower S) and more evolved (higher SiO 2) than the proximal sample 

from final stage of paroxysm. Volatile -free values for SiO 2, MgO, and K 2O. Whole rock data 

for our 1995 samples (layers A,B,C) as well as last phase of 1992 shown in large symbols. 

Whole rock data from (Hill et al. 1998) shown for to p and bottom of 1992 and 1995 fall 

deposits. Matrix glass from (Roggensack et al. 1997) (blue=1995; red=1992). 

The two 1992 samples have overlapping H2O concentrations but the distal sample from 

the early-paroxysmal phase appears to be more evolved, with higher SiO2, K2O, Na2O, and lower 

MgO, CaO, Al2O3. The distal sample also has lower SO2, suggesting derivation from a shallower 

source. 
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1.6.2.2. Water loss from melt inclusions 

Diffusion modelling of water loss from melt inclusions requires an assumption about the 

initial water concentrations in the inclusions at the time of entrapment. One approach is to use 

the maximum water concentration in a suite of MIs, implying that all MIs began with this same 

water concentration. However, some MIs may have been trapped after some degassing had 

already taken place, and so this approach would overestimate initial MI water concentrations. 

We correct MIs for pre-entrapment magma degassing using the coupled trends of K2O and H2O 

(Lloyd et al., 2013). Magmatic degassing is accompanied by crystallization due to the effect of 

water loss on the magma liquidus, which will raise the concentration of incompatible elements 

(e.g. K2O) in the melt. Thus, as water decreases, K2O increases. The 1992 and 1995 magmas 

have similar maximum CO2 and H2O concentrations (Ḑ 4.7 H2O, 600 ppm CO2) and similar 

range of K2O concentrations (0.2 - 0.8 wt.%), and so we model them with a single degassing-

driven crystallization curve. If this is correct and the two magmas had similar initial volatile 

concentrations, an interesting corollary is that initial volatile concentrations were relatively 

unimportant in setting the eruption style. 

We model this systematic trend using Petrolog3 (Danyushevsky and Plechov, 2011) for a 

starting composition of 0.23 wt% K2O, 4.7 wt% H2O, initial and final pressures of 3 kbar and 

0.85 kbar, and decompression at 30 bars/oC. Initial pressure is based on Solex modelling of CO2 

and H2O MI concentrations, and lies within values previously reported for Cerro Negro 

(Portnyagin et al., 2014; Venugopal et al., 2016). While the details of the melt evolution path 

may change with different model parameters, the slope of the K2O-H2O evolution while the melt  
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Figure 1.8: Degassing and crystallization signature (a) degassing-induced 

crystallization moves melt composition upwards along the black arrow, modelled with 

Petrolog3 (Danyushevsky and Plechov 2011) for starting composition of 0.26 wt Ϸ K 2O, 4.7 

wtϷ H 2O, Pi = 3 kbar, Pf = 0.85 kbar, and decompressing at 30 bars/oC. Measured MI H 2O is 

corrected back to this black line along green arrow using measured K 2O to infer pre -

entrapment H 2O content. Dashed lines show amount of re -equilibration (i.e. diffusive water 

loss ÷ (initial water - final wat er)). Marker size scaled to show variation in MI size (larger 

markers = larger MIs). 1995 MIs have lost more water than 1992, despite extending to similar 

maximum water and having similar range of K 2O. (b) Crosses show measured CO2 and H 2O 

concentrations, circles have been corrected for inferred diffusive water loss using method in 

(a). Note that 1995 and 1992 MIs extend to similar maximum CO 2and H 2O. Black curve is 

calculated from Solex (Witham et al. 2012) for an initial temperature of 1,100 oC and initia l 

volatile concentrations of 4.7 H 2O wt.Ϸ and 600 CO2 ppm, assuming closed system degassing 

with no initial vapour phase. Note that the 3 MIs to the right of the black arrow would give 

infinitely fast decompression rates and are excluded from the modelling  ɬ this is a limitation 

of the method.  
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is saturated in Ol, CPx and Plag is robust to changes in initial pressure and cooling rate in 

Petrolog3 and MELTs. This slope is characterized by an increase in K2O of Ḑ 0.35 wt.% over a 

drop in H2O of 1 wt.%. 

The degassing-crystallization trend in K2O-H2O allows us to remove the effect of pre-

entrapment magmatic degassing and isolate post-entrapment diffusive re-equilibration within the 

olivine (Lloyd et al., 2013). The amount of diffusive water loss is calculated as the difference 

between the observed water content in the MI and the predicted water content at entrapment, 

given the observed K2O (Figure 1.8). The extent of re-equilibration is then calculated as (water 

loss)/(predicted initial H2O - matrix H2O ), where matrix H2O is set to 0.1 wt.%, reflecting the 

lower bound measured by nanoSIMS (supplement). 

 

Figure 1.9: Inferred H 2O re-equilibration versus melt inclusion (MI) size. Higher re -

equili bration for smaller MIs is observed, as predicted for diffusive water loss. 1995 MIs are 

offset to higher re -equilibration than 1992 MIs, suggesting longer diffusive timescales (i.e. 

slower ascent). Black lines show model results for different decompressio n rates from our 1D 

diffusion model assuming constant MI radius/MI -Ol -edge-distance of 1/10. 1992 and 1995 

MIs are roughly separated by a decompression rate of Ḑ 0.005 MPa/s line. Inclusions < 50 Ⱨm 

measured by NanoSIMS.  
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A test for the role of diffusive water loss is whether there is a relationship between the 

extent of re-equilibration and MI size. During diffusive re-equilibration, smaller MIs close to the 

crystal edges (along a) should experience the greatest extent of water loss for a given duration 

(Qin et al., 1992). Indeed, Figure 1.9 shows that the smallest MIs have re-equilibrated to a 

greater extent than the larger ones. Specifically, small MIs (<50 ɛm) from the 1995 eruption 

have lost up to 80-90% of their entrapped H2O. As a population, the 1995 MIs are offset to 

greater water loss than those from 1992. A simple explanation for this is that the 1995 olivines 

had more time to diffusively re-equilibrate. 

1.7. Discussion 

1.7.1. Modelling water loss from melt inclusions 

There is a long history of modelling diffusive re-equilibration of melt inclusions with an 

external environment (Qin et al., 1992; Cottrell et al., 2002; Gaetani et al., 2012; Chen et al., 

2013; Myers et al., 2019). These models have assumed a spherical melt inclusion in the centre of 

a spherical olivine and isotropic diffusion. Chen et al. (2013) coupled olivine diffusion with a 

degassing boundary condition in the host melt, which allows the application of their model to 

natural olivines in order to determine magma ascent rate. 

While previous studies have used a spherical isotropic model to estimate the diffusion of 

H+ through olivine, this approach is inappropriate because H+ diffusion is strongly anisotropic 

with diffusion occurring approximately 1.5 orders of magnitude faster along the a direction 

(specifically demonstrated here for Cerro Negro olivines, Figure 1.5, and for others; Ferriss et 

al., 2018; Le Voyer et al., 2014). Numerical modelling has shown that under these 

circumstances, a 1D model is a better approximation of 3D anisotropic diffusion than a spherical 

model (Thoraval and Demouchy, 2014). It is worth noting that for Fe-Mg interdiffusion a 1D 
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model may be problematic because diffusivity is less strongly anisotropic with Da Ḑ Db Ḑ 1/6Dc 

(Shea et al., 2015). 

The difficulty with assuming spherical symmetry can be illustrated by considering the 

difference between a melt inclusion close to the edge along c and far from the edge along a 

versus the opposite (Figure 1.10). Under the assumption of spherical symmetry, the two melt 

inclusions would lose water at the same rate since they have the same minimum distance from 

the edge. However, in reality, the melt inclusion close to the edge along a will lose water faster 

than the one close to the edge along c by a factor of Da/Dc (Ḑ 1.5 orders of magnitude). 

 

Figure 1.10: Cartoon illustrating the problems with spherical symmetry and isotropic 

diffusivity. Left: schematic olivine with 3 MIs (red). Right: model set -up for spherical (top) 

and 1D (bottom) symmetry. Blue line is the distance that would be used for spherical model, 

dashed line is the distance used in our 1D model. MI 1 is the same distance from a n olivine 

edge as MI 2 and so would be modelled identically using a spherical model, with an 

isotropic diffusivity. In reality, MI 1 is close to the edge along c whereas MI 2 is close to the 

edge along a, and so water loss is more than an order of magnitud e faster for MI 2. For MI 3, 

the assumption of spherical symmetry leads to the use of the wrong MI -edge distance and 

diffusivity.  

We model the system as 1D diffusion along a from a melt inclusion through the olivine to 

a degassing boundary (Figure 1.11). The inner and outer olivine boundaries are assumed to be in 
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equilibrium with the MI and host melt, respectively, using a partition coefficient (kD) of 0.001 

(SIMS measurements in this study ï supplement; Hauri et al., 2006; Newcombe et al., 2014). 

The left-hand boundary is in the centre of the melt inclusion and is a no flux boundary condition. 

The right-hand boundary is at the olivine edge and is a Dirichlet condition with the H2O 

concentration of the melt at the olivine-melt boundary calculated using Solex (Witham et al., 

2012), assuming an initial H2O of 4.7 wt.% and CO2 of 600 ppm (initial pressure of 400 MPa) 

(Figure 1.11 and fit to data in Figure 1.8b). Note that this is the maximum pressure of the model, 

and that each melt inclusion will record a different initial pressure determined by its inferred 

initial water content (following the solubility model in Figure 1.11). Our pressure estimates are 

minima since we do not consider the CO2 stored in the melt inclusion vapour bubbles. However, 

our model is only sensitive to magma ascent in the pressure region over which H2O is degassing  

 

 

Figure 1.11: Model set -up for water loss from melt inclusions. Dark blue line shows 

initial water concentration from centre of MI to olivine edge. Over time, olivine and MI lose 

water to maintain equilibrium with degassing boundary co ndition (from Solex (Witham et 

al. 2012), P - H 2O trend shown inset). MI is assumed to remain in equilibrium with olivine, 

using a partition coefficient of 0.001 (Le Voyer et al. 2014; Hauri, Gaetani, and Green 2006).  
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(< 250 MPa), so this does not significantly affect our results. Increasing the initial CO2 input for 

the Solex model from 600 to 4000 ppm only changes the H2O by < 10%. Finally, the assumption 

of equilibrium degassing is thought to be valid for H2O diffusion through basaltic melt, at least 

up to 1.5 m/s (Pichavant et al., 2013). 

During development of the code, we checked that the MI-olivine-host magma system 

obeyed mass balance; the flux from the MI into the olivine minus the flux from the olivine into 

the host melt must equal the observed drop in water concentration within the olivine. We also 

confirmed that when spherical symmetry is used, the model results replicate those from the 

model in (Chen et al., 2013). 

1.7.1.1. Uncertainty analysis 

There are several sources of uncertainty in our decompression rate. As discussed in 

section 1.6.1, there is uncertainty in the Arrhenius relationship derived from our measurements 

of diffusivity at 800 and 1000 oC. There is also uncertainty in the temperature estimate; the 

average temperature from the MI population is 1100 oC, which we use for the modelling, but 

there is a 12 oC standard deviation within the range of temperature estimates. Figure 1.6 shows 

how we combine these two uncertainties into a single uncertainty in diffusivity. Finally, the 

olivine-melt partition coefficient for water carries some uncertainty, as SIMS measurements of 

H2O in MI and adjacent olivine give rise to a range of values for KD (supplement). 

To assess the uncertainty in our decompression rate estimates due to uncertainties in H+ 

partition coefficient and diffusivity we perform Monte Carlo simulations (Press et al., 2007). For 

each MI, decompression rates are estimated repeatedly based on random realizations of the two 

uncertain parameters, which we assume to be normally distributed with KD = N(0.001, 0.0003/2) 

and log10(DH)= N(-9.775, 0.1950/2), where N(mean, std) refers to a normal distribution. These 
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prior distributions of KD and DH and further details on their rationale can be found in the 

supplement. 

1.7.2. Decompression rates 

To determine decompression rate, we use our 1D numerical model of H+ diffusion in 

olivine. We use the diffusivity along a determined in our experiments (10-9.76 m2/s), 

corresponding to our best fit at 1100 oC. Both numerical conduit models (La Spina et al., 2015) 

and Mg-in-melt thermometry (Newcombe et al., 2020b) have found evidence for less than 20 oC 

of temperature change during ascent, which is within our uncertainty on temperature (section 

1.7.1.1), and so we assume isothermal ascent. Figure 1.12 shows the results from the models. On 

average, the 1992 MIs record faster decompression than the 1995 MIs. Since there is some skew 

to the data, the median values are probably a better reflection of the average than the mean. They 

indicate a 5-fold faster ascent for the 1992 olivines (.0073 versus .0014 MPa/s)1. A comparison 

between results from our 1D model and a spherically-symmetric model preserves this difference 

between 1992 and 1995 MIs, but shows that the isotropic spherical model consistently under-

predicts the decompression rate on average by a factor of 3, and up to a factor of 8 for individual 

samples (supplement). 

Monte Carlo simulations show that each MI has a log-normal distribution of 

decompression rate with 2ů uncertainty in log(dP/dt) of Ḑ 10% (Figure 1.12). This is much 

smaller than the order of magnitude spread in decompression rate within each eruption, which 

suggests that there is real variation in decompression rate for a given deposit. This is possibly a 

 
1 Since the publication of this chapter in the Journal of Volcanology and Geothermal Research, we have discovered 

an error in these calculations: the MI diameter was used instead of the radius. This has the effect of increasing the 

timescale by a factor of 2. The timescales presented in this chapter are the same as those in Barth et al. (2019) and 

are a factor of 2 longer duration than they should be ï these decompression rates should in fact be: 0.0146 MPa/s for 

1992 and 0.0028 MPa/s for 1995. 
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manifestation of the cross-conduit velocity profile of the magma, with faster moving material in 

the centre and slower material at conduit edges, as has been proposed on the basis of both 

modelling and textural studies of erupted clasts (e.g. Collier and Neuberg, 2006; Sable et al., 

2006). Some of the spread in decompression rates could also come from variations in initial 

water that are not captured by our assumption of initial water from the degassing-crystallization 

trend shown in Figure 1.8. 

 

Figure 1.12: Results from Monte Carlo simulations. (a) Prior distributions for ╓╞■ and 

╚╓ for an example MI (1995 CN A1). (b) Posterior distribution of decompression rate 2 for the 

same example MI. Red bar indicates Ɑ (c) Distribution of combined posterior 

decompression rates for all MIs (1992: blue, 1995: red). 

 
2 See footnote 1 on page 28 
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To summarize, we find that the magma decompression rate during the 1992 VEI 3 

eruption was faster than during the 1995 VEI 2 eruption. This places the boundary between VEI 

2 and 3 intensities at a decompression rate of about 0.005 MPa/s3. As we discuss in section 1.7.4, 

this may correspond to the transition from purely explosive to dual effusive-explosive behaviour 

in basaltic eruptions. Assuming a magma density of 2600 kgm-3 and a conduit radius of 5 m, this 

corresponds to an ascent rate of Ḑ 0.1 m/s and a mass eruption rate of Ḑ 104 kg/s. 

1.7.3. Non-linear Decompression 

A common assumption made in volatile diffusion modelling is constant decompression 

rate. Conduit models indicate that magma decompression will likely accelerate because of the 

expansion of volatiles and increase in frictional pressure loss as magma becomes drier and more 

viscous at shallow depths (e.g. Gonnermann and Manga, 2007). We use our 1D diffusion model 

to explore the effect of non-linear decompression on inferred ascent times. Following the method 

of (Su and Huber, 2017) we parameterize the decompression path using two parameters: the total 

ascent time (Ű) and degree of non-linearity (ɔ): 

▀╟

▀◄

♬╟░▄
♬◄
Ⱳ

Ⱳ▄♬
                             Equation 1.3 

where Pi is the initial pressure and t is time. When ɔŸ0, the decompression rate becomes 

linear with . With ɔ > 0, the magma accelerates as it rises and the magnitude of this 

acceleration increases with ɔ (see inset Figure 1.13). Equation 1.3 implies a strong trade-off 

between degree of non-linearity (‎) and total ascent time (†), which is also shown in Figure 1.13. 

The greater the degree of acceleration (higher ‎), the longer the duration of ascent (higher †) in 

order to match initial and final MI water concentration (black strip at zero misfit). This can be 

 
3 See footnote 1 on page 28 



31 

 

understood by considering that water solubility is pressure dependent and water loss occurs 

mostly at shallower depths (Figure 1.11). The higher ‎, the less time spent at shallow depths, 

which is compensated by a longer total time. 

In agreement with Su and Huber (2017), we find that models which consider linear 

decompression will significantly underestimate total magma ascent time. For example, a melt 

inclusion from 1992 with an ascent time of Ḑ 3 hours under linear decompression would require 

Ḑ 10 hours if ‎ υ. Whilst we are not currently in a position to constrain ‎ for real eruptions, 

this exercise highlights a future avenue for research: to couple diffusion models with conduit 

models. 

 

Figure 1.13: Misfit plot s howing error in estimated MI water content for a range of ♬ 

(non-linearity) and total ascent times. For clarity, grey surface shows the plane of zero error; 

black strip at z = 0 corresponds to best fit combinations of ♬ and t. Note that colouring is for  

absolute error, whereas the z axis shows the actual error (i.e. whether the model over - or 

under -predicts MI water content.) Inset shows parameterization of decompression path. As 

♬ᴼ  the decompression becomes linear. ♬  gives highly nonlinear deco mpression.  
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1.7.4. What drove the different eruptive styles of the 1992 and 1995 eruptions? 

Now we turn to the question of what caused the difference in explosive styles of the 1992 

VEI 3 and 1995 VEI 2 eruptions. Many factors play into the dynamics of eruptions, including but 

not limited to: viscosity, bubble and crystal nucleation and growth, deformation of the magma, 

decompression rate and conduit radius and shape (Gonnermann and Manga, 2013; Cassidy et al., 

2018). These factors tend to affect each other and thus complex feedbacks arise. 

Due to their fundamental role in driving explosive eruptions, volatiles are often called 

upon to explain differences in eruptive styles (Andújar and Scaillet, 2012). Magmas with higher 

volatile contents have higher potential energy to convert into kinetic energy through the 

exsolution and expansion of bubbles, and so should erupt more explosively than those with lower 

volatiles. As the most volumetrically important volatile, it follows that initial dissolved H2O 

could control explosivity. However, no correlation has been found in comparisons of VEI and 

maximum H2O concentrations in MIs (Koleszar et al., 2012; Ferguson et al., 2016; Cassidy et al., 

2018). Indeed, in our data for Cerro Negro, MIs from the 1992 and 1995 eruptions contain 

similar maximum volatile concentrations of Ḑ 4.7 wt.Ϸ H2O (Figure 1.8). We therefore think it 

is unlikely that variations in initial volatile concentration play any major role in setting the 

explosive style. 

However, the style of degassing should play a major role in setting the style of eruption 

(Jaupart and Allègre, 1991; Parfitt and Wilson, 1994; Edmonds, 2008). When bubbles and melt 

are coupled, bubbles act to accelerate the magma towards explosive fragmentation. If, on the 

other hand, bubbles can separate from the magma, the magmaôs buoyancy is reduced, as is the 

driving force for an explosive eruption. The behaviour of bubbles within the magma depends on 

bubble size and number density, magma rheology (which is itself affected by bubble size and 
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number density), the depth of exsolution, and the magma ascent rate (Gonnermann and Manga, 

2013). Thus, decompression rate both controls and depends on the degassing style. 

As well as having lower plume height and mass eruption rate, the 1995 eruption effused 

lava during its pyroclastic activity, while the 1992 eruption was purely explosive (section 1.4, 

Hill et al., 1998). This behaviour of the 1995 eruption is not unusual; there is a tendency for 

violent strombolian eruptions to be accompanied by lava flows. Concurrent effusive and 

explosive activity points towards separated flow of bubbles and melt. Modelling (Pioli et al., 

2009) and experiments (Menand and Phillips, 2007) have shown that this duality of behaviour is 

largely controlled by the mass eruption rate (MER), and is only possible for an intermediate 

range of MER. Too slow and the magma loses all its volatiles; too fast and the bubbles remain 

completely trapped within the magma. 

Our work supports this notion that mass eruption rate exerts a fundamental control on the 

eruptive style. We show that the 1995 MIs record higher extents of diffusive water loss than 

1992 MIs (Figure 1.9) and our diffusion modelling attributes this to differences in magma 

decompression rate. We argue that the most straightforward explanation for the difference in 

explosive style is that the 1995 magma rose slower than that of the 1992 eruption, allowing for 

some amount of segregation of bubbles and melt, thereby reducing the explosivity of the 

pyroclastic activity. This reasoning would place the critical decompression rate separating purely 

explosive eruptions from effusiveïexplosive eruptions at Ḑ 0.005 MPa/s4, corresponding to a 

mass eruption rate of Ḑ 104 kg/s, which agrees well with the modelling by (Pioli et al., 2009 ï 

their figure 7). 

 
4 See footnote 1 on page 28 
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1.7.4.1. Continuous ascent or shallow stalling? 

The cause for the difference in explosivity of the 1992 and 1995 Cerro Negro eruptions 

was previously attributed to shallow stalling of the 1995 magma, allowing for the escape of 

volatiles (Roggensack et al., 1997; Venugopal et al., 2016). We observe more water loss on 

average in MIs from the 1995 eruption. Shallow escape of a vapour phase in the 1995 magma 

may have reduced the driving force for an explosive eruption. Was this vapour phase lost during 

shallow stalling or simply slow ascent? The key observation here is that the 1995 and 1992 MIs 

extend to the same maximum H2O and CO2. This precludes a shallow stalling event because H+ 

diffusion in olivine is fast and would reset MIs to a lower water concentration, erasing any 

evidence of an initially high H2O magma. Furthermore, a stalling event would reset all of the 

inclusions to a new water content but would not affect the K2O, forming a vertical array on the 

H2O-K2O plot. Yet the larger, high water MIs from 1995 do not reflect a common water content 

ï some have 3.5 and some have 2.5 wtϷ H2O. Instead, they appear to form an inclined array, 

paralleling the 1992 inclusions and the magma fractionation trend (Figure 1.8). This is 

inconsistent with a shallow stalling event, but entirely consistent with slower ascent. Therefore, 

the most straightforward explanation is that the two magmas had the same parental composition 

and that the 1995 magma ascended slowly enough to diffusively lose water from its smaller MIs. 

When saturation pressures are calculated using the corrected H2O concentrations, the two 

magmas are identical, and the differences reported by Roggensack et al. (1997) collapse to a 

single trend (see supplement). 

1.7.5. Other Eruptions 

Our results support the hypothesis that decompression rate plays a major role in setting 

the explosivity of eruptions at basaltic to intermediate volcanoes. Magma from the VEI 3 
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eruption of 1992 decompressed at a rate of Ḑ 0.0073 MPa/s (Ḑ 0.3 m/s), while magma from the 

VEI 2 1995 eruption record decompression rates of Ḑ 0.0014 MPa/s (Ḑ 0.05 m/s)5. These 

decompression rates fit within the general trend of mass eruption rate (MER) versus 

decompression rate based on embayment studies for other volcanoes (Figure 1.14). The 

embayment method uses concentration profiles of volatile species with different diffusivities (C, 

S, H) along melt embayments to model decompression rate (Humphreys et al., 2008; Lloyd et al., 

2014). Its advantage over the melt inclusion method is that it relies on diffusivities in melt which  

 

Figure 1.14: Mass eruption rate versus decompression rate for range of eruptions. 

Lines are solutions to simple conduit flow model, with constant conduit radius. Cerr o Negro 

dP/dt from this study 5, all others from embayment studies (Newcombe et al. 2017; Ferguson 

et al. 2016; Humphreys et al. 2008). Mt. St. Helens shown in open symbol since it is a silicic 

eruption and may be governed by different processes. Monte Carlo distributions for Cerro 

Negro (shown in  Figure 1.12) overlain in red (1995) and blue (1992) shading, red and blue 

circles show  median values. MER estimates from total volume and eruption time or plume 

height via direct observation or dispersal mapping (Seguam - volume mapping - Terry Plank, 

pers. comm.; Mt. St. Helens - plume height - (Humphreys et al. 2008); Fuego - volume 

mappi ng - (Rose et al. 2008); Kilauea Iki - plume height - (Richter et al. 1970); Kilauea 

Keanakakoi - volume mapping - ; Cerro Negro - volume mapping - (Hill et al. 1998),(Pioli, 

Azzopardi, and Cashman 2009)). 

 
5 See footnote 1 on page 28 
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are better constrained than in olivine and are isotropic. However, embayments can be 

exceedingly rare in some samples (including the 1992 and 1995 Cerro Negro eruptions). Further 

difficulty with embayments is the possibility of multicomponent diffusion effects (Zhang et al., 

2010; Newcombe et al., 2014), as well as the effects of often complex 3D morphologies of 

embayments which have not been yet characterized. 

The 1977 Seguam and 1959 Kilauea Iki eruptions share a similar MER with the 1992 

Cerro Negro eruption and embayment studies have yielded decompression rates for these two 

eruptions that are similar to our decompression rates for the 1992 eruption. These three eruptions 

all have about one order of magnitude slower decompression rate than the higher intensity 

eruptions of Fuego 1974 and Kilauea Keanokakoi (0.4 - 0.45 MPa/s). The 1995 Cerro Negro 

eruption has the lowest MER of any volcano for which there exists a decompression rate 

estimate, and the decompression rate we estimate is the lowest of all eruptions analysed (< 0.005 

MPa/s). 

For a simple pipe-flow model, there is a theoretical relationship between MER, 

decompression rate and conduit radius that is given by: 

Ὠὖ

Ὠὸ

ό

ρ ὓ
ẗ”Ὣ

”ό Ὢ

ὥ
 

where ό is magma ascent rate (m/s), ὓ is the Mach number relating ό to the speed of sound in 

the magma (ὓ ), ” is the magma density (kgm), Ὢ is the friction factor, and ὥ is the 

conduit diameter (m) (e.g. Gonnermann and Manga, 2013). Mass eruption rate (ὗ) relates to this 

equation through the magma ascent rate, by conservation of mass: 

ὗ ”όὃ 

where A is the cross-sectional conduit area (m2). 
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We calculate MER as a function of decompression rate for different assumed conduit 

sizes and overlay these curves on the data (Figure 1.14). The curves show a change in slope at Ḑ 

0.1 - 1 MPa/s between magmastatic- and friction-dominated decompression at low and high 

decompression rates, respectively (grey dashed line). The two Cerro Negro eruptions are well 

within the magmastatic-dominated regime, as might be expected for its relatively low viscosity 

basaltic magma (Ḑρπ Pas). 

Under the assumption of a cylindrical conduit geometry, all eruptions appear well 

described by a conduit radius of 5 - 10 m (Figure 1.14). However, the concept of a conduit radius 

is probably only meaningful at shallow depths, while at deeper levels, a dyke geometry is more 

likely. For the same cross-sectional area, magma flow in a dyke would have a higher 

decompression rate for a given mass eruption rate, since there is more surface area for frictional 

pressure loss. 

The trend in the data is following the predicted theoretical relationship between mass 

eruption rate and decompression rate. But what causes the spread in the data? What is the 

underlying phenomenon that drives the 1992 eruption to have higher MER and decompression 

rate than the 1995 eruption? In some cases, rapid surface unloading (e.g. landslide at Mount St. 

Helens; Alidibirov and Dingwell, 1996) is responsible for fast decompression rate by causing a 

near-instantaneous decompression in the magma column. However, this is not a general 

mechanism as many explosive eruptions show no evidence for a catastrophic unloading event 

(Goepfert and Gardner, 2010a), including the 1992 and 1995 eruptions at Cerro Negro 

(McClelland, 1992; Wunderman, 1995; La Femina et al., 2004). Another possibility is that high 

dissolved CO2 concentrations in the magma could cause deep exsolution and early buoyancy 

(Lowenstern, 2001). Whilst we see no evidence for a difference in the maximum volatile 
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concentrations of the 1992 and 1995 magmas, deep exsolution of a CO2-rich gas phase before 

crystallization could mean that high CO2 concentrations were never captured in the melt 

inclusions. Finally, it is possible that small variations in the chamber overpressure at the 

initiation of the eruption could control decompression rate. Assuming a viscoelastic wall rock 

rheology, a higher chamber overpressure would create a wider dyke which in turn would 

increase the mass eruption rate and decompression rate (Bokhove et al., 2005). Different 

chamber overpressures would presumably be related to different wall rock strengths, as well as 

the size of the chamber and the input rate of magma or gas from depth (Degruyter and Huber, 

2014). Our work is not able to distinguish between these scenarios. Future studies into the root 

cause(s) behind differences in MER and decompression rate would benefit greatly from 

combining conduit modelling and petrology with gas and geodetic monitoring, which can help to 

infer the depth and magnitude of the source of overpressure. 

1.8. Conclusions 

We have measured the fastest H+ diffusivity on record for dehydrating olivine. This may 

be linked to the fact that the Cerro Negro olivines studied here are the lowest forsterite olivines 

that have been experimentally dehydrated, since Fe is expected to facilitate quick exchange of 

electrons between defects. We believe that these diffusivities are relevant for olivine phenocrysts 

with Fo 70 - 80, common to many basaltic/andesitic eruptions. It is possible that olivines with 

lower Fo will show even faster H+ diffusion. High diffusivities imply that only the largest 

inclusions (> 100 ‘m) located far from the crystal edge can entirely avoid diffusive water loss 

during VEI 2-3 eruptions. It is therefore important to measure MI size and distance from the 

olivine edge (along a) when working with MIs, in order to assess MI fidelity. Significant water 

loss (> 20Ϸ) occurs in melt inclusions smaller than Ḑ 100 ‘m for the 1995 VEI 2 eruption and 
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Ḑ40 ‘m for the 1992 VEI 3 eruption of Cerro Negro. Higher intensity eruptions are likely to 

preserve initial MI H2O concentrations for even smaller melt inclusions. 

Due to the strong anisotropy of H+ diffusion in olivine, water loss from melt inclusions is 

dominated by diffusion along a. Thus, a 1D diffusion model oriented along a is more accurate 

than a spherical, isotropic diffusion model. 1D diffusion modelling oriented along the fast a 

direction, combined with our newly determined diffusivity, indicates that magma from the VEI 3 

eruption of 1992 ascended at a rate of roughly .0073 MPa/s6, Ḑ 5 x faster than that from the 1995 

VEI 2 eruption. Assuming linear decompression, the 1992 magma ascended from 6 km in Ḑ 6.5 

hours while it took the 1995 magma Ḑ 35 hours6. These are conservatively low estimates for the 

total ascent time because magma is expected to accelerate to the surface. Monte Carlo 

simulations give a ς„ uncertainty on ὰέὫρπὨὖȾὨὸ for each MI of Ḑ 10Ϸ ï much smaller than 

the order of magnitude spread in decompression rate within each eruption, which suggests that 

there is real variation in decompression rate for a given deposit. The higher decompression rate 

for the 1992 eruption is correlated with a more explosive eruption, perhaps due to increased 

coupling of bubbles and magma. 

Our results build on a growing number of decompression rate estimates from embayment 

studies. They demonstrate the strength of using diffusive water loss from olivine-hosted melt 

inclusions when embayments are not a viable option. While we find no link between initial water 

concentration and eruption style, a clear correlation is emerging between mass eruption rate, 

eruptive style and decompression rate. This supports a shift in view away from the idea that 

initial H2O concentration controls eruption style. 

  

 
6 See footnote 1 on page 28 
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2. Chapter 2: The ins and outs of water in olivine-hosted melt 

inclusions: hygrometer vs. speedometer 

2.1. Introduction  

Like many problems in the earth sciences, the study of magmatic systems is concerned 

with processes occurring at depth, hidden from direct observation. Melt inclusions (MIs) are one 

of petrologistsô most powerful tools to see into these hidden processes. These pockets of melt are 

preserved within the pressure vessel of their host crystal, which shields them from modification 

during magma ascent. The exciting promise of melt inclusions is that they might tell us about the 

magma composition and formation processes at depth (Danyushevsky et al., 2002; Schiano, 

2003; Portnyagin et al., 2007; Kent, 2008; Rose-Koga et al., 2021; Wallace et al., 2021).  

One of the key parameters of a magma that researchers in a wide range of earth science 

fields would like to constrain is its water concentration: water plays a major role in the genesis of 

subduction zone magmas through its effect in lowering the solidus (Asimow and Langmuir, 

2003; Grove et al., 2006; Hirschmann, 2006; Kelley et al., 2010). Water also affects the 

crystallization of different mineral phases, thereby controlling a magmaôs chemical and physical 

evolution (Sisson and Grove, 1993a; Blundy and Cashman, 2001). Due to the strong pressure 

dependence of H2O solubility, as magma ascends to the surface H2O-rich bubbles form, which 

accelerate the magma and may ultimately cause explosive volcanic eruptions (Wilson and Head, 

1981; Parfitt et al., 1995; Gonnermann and Manga, 2007).  

To petrologistsô dismay, crystals are leaky pressure vessels and allow water to diffuse out 

of melt inclusions (as H+) on timescales relevant to volcanic eruptions. Some crystals are better 

at preventing this water loss than others (e.g. plagioclase ï Johnson and Rossman, 2013), but this 

paper will focus on olivine, which has been widely used on account of its relative abundance and 
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early onset of crystallization in most mafic systems, as well as its transparency and euhedral 

form in many eruption products (Wallace et al., 2021). Measurements of H+ diffusion through 

olivine have shown that MIs can fully re-equilibrate with the host magma on the timescale of 

hours (Portnyagin et al., 2008; Gaetani et al., 2012; Lloyd et al., 2013). Water loss is therefore a 

very real possibility for many melt inclusions.  

Water loss from melt inclusions is not inevitable, however, and depends on several 

factors, which will be outlined in this paper. If constraints can be placed on these factors, it is 

possible to ascertain whether water loss has occurred. This is not always possible, for example, 

when using data from past studies which donôt report critical parameters such as MI size. In this 

case, caution should be taken and it may not be possible to determine if the melt inclusions have 

remained faithful recorders of initial magmatic water.  

However, the view in this paper is that going forward, if care is taken during sample 

preparation and analysis, melt inclusions have the potential to tell us an even richer magmatic 

history than previously thought. Not only is it possible under many circumstances to determine 

the initial water content of the magma, but in addition, we can learn about processes such as 

CO2-flushing, shallow stalling of magma prior to eruptions, and even the decompression rate of 

magma during explosive eruptions. This paper will outline how to read melt inclusion water 

concentrations, to recognize these different processes, and ultimately to unlock the clues to this 

richer magmatic history. 

2.2. Parameters that affect water loss/gain from/to melt inclusions 

As magma ascends and depressurizes on its way to the surface, the solubility of water in 

the melt decreases (Figure 2.1a). This causes the melt to exsolve bubbles, and the water 

dissolved in the melt to diffuse to these bubbles. Crystals within the magma strive to maintain 
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equilibrium, and water (dissolved in the crystal lattice as H+) diffuses out of the crystals, into the 

host magma, and ultimately into vapour bubbles (Figure 2.1b,c). Melt inclusions are somewhat 

shielded from the degassing magma by their host crystals, but as we shall see, H+ diffusion 

through olivine is rapid. Whether or not a melt inclusion retains its original water content 

depends on several factors, but simply put, it is a race between the magma decompression rate 

and the H+ diffusion rate. 

 

Figure 2.1: Schematic showing magma ascent, degassing and re-equilibration of melt 

inclusions (MIs). ( a) H2O solubility from SolEx model for Cerro Negro basaltic composition 

with 4.75 wt% initial H 2O. Depth shown for illustrative purposes, assuming density of 3.3 

g/cm3 (b) Schematic showing how diffusion profiles progress from the outside to the inside 

of the crystal, eventually reaching MIs and causing them to lose H 2O. Smaller MIs will lose 

water faster than larger M Is. (c) Diffusion profiles measured by SIMS in olivine along each 

of its crystallographic directions ɬ see reflected light photos below of same crystal, polished 

along different sections, containing two different MIs -1 and -2 with similar H 2O 

concentration s, 3.26 and 3.29 wt.%, respectively. Right photo shows only half the olivine 

crystal ɬ the left edge is a fracture. Dashed lines and open symbols illustrate the calculated 

H + concentration in equilibrium with measured MI concentration assuming a partition 

coefficient of 0.001. Note that a profile is different to b and c profiles, consistent with strong 

anisotropy of diffusivity: Da > 10x Db, Dc (see text for details).  
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Sometimes magma ascent is a straight shot to the surface (e.g. Ruprecht and Plank, 2013) 

but more often it is a complex series of ascent, stalling, and mixing events. Under these 

conditions, how do we define water loss? Is it water loss with respect to the primary mantle-

derived magma water concentration or to that at the last depth of equilibration? The answer 

depends on the question weôre trying to answer. If weôre interested in the processes of magma 

formation, or the fluxes of water on a global, arc or volcano scale, we care about how much 

water has been lost compared to the primary magma. In this case, it is important to look past any 

shallow stalling event which may have reset MIs to a new equilibrium water concentration. If, on 

the other hand, weôre interested in modelling magma decompression rate during eruptions, the 

relevant initial water concentration relates to wherever the magma last equilibrated, which may 

be at a shallow depth, and at lower water concentration than the primary or parental magma. 

Note that we focus our discussion on water loss, as magma ascent will inevitably drive melt 

inclusions to lose water. However, melt inclusions may also gain water during mixing, 

entrainment and/or storage  (Kamenetsky et al., 1998; Portnyagin et al., 2008; Koleszar et al., 

2009; Neave et al., 2017) and the underlying processes governing re-equilibration (whether water 

loss or gain) are broadly the same. 

In what follows, we summarize the key parameters and considerations in the estimation of 

initi al magmatic water concentrations and in modelling melt inclusion water loss for 

decompression rate information. 

2.2.1. Partition coefficient of H2O between olivine and melt 

We begin our discussion zooming into the melt inclusion-olivine interface ï the first part of 

waterôs journey from a melt inclusion into the host magma. In melt, water is dissolved as H2O 

and OHī, whereas in the olivine lattice, water exists as H+ bonded to structural oxygen in point 
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defects. There are a few dominant defects in natural olivine. The titanium clinohumite defect 

[Ti], involves a Si vacancy charge balanced by two H+ and a Ti4+ on a metal (octahedral) site 

(Berry et al., 2005). In the Mg defect [Mg], a metal vacancy is charge balanced by two H+, while 

in the trivalent defect [Triv], the metal vacancy is charge balanced by a single H+ and a trivalent 

cation on a neighbouring metal site (Berry et al., 2007). These defects may be observed using 

Fourier Transform Infrared Spectroscopy (FTIR), in which the wavelength of absorbed IR 

radiation is indicative of the local arrangement of ions around an O-H bond. To move from the 

melt inclusion through the olivine and into the host magma requires reactions at the interfaces 

between olivine and melt. Different reactions have been put forward to describe the exchange of 

H+ between melt inclusion and olivine host (Danyushevsky et al., 2002; Gaetani et al., 2012; 

Portnyagin et al., 2019). Mackwell (2012) raises the question of whether H+ is being 

incorporated into pre-existing defects within the olivine lattice, or whether water loss from melt 

inclusions is coupled with the crystallization of defect-rich olivine on the melt inclusion walls. 

Portnyagin et al., (2019) show evidence that melt inclusion water loss is correlated with a 

decreasing Si content in the melt inclusion which supports an important role for the latter.  

The partition coefficient, Kd, is defined as the concentration of H+ in the olivine divided by 

the concentration in the melt and is an important parameter controlling water loss from melt 

inclusions. Indeed, Newcombe et al., 2020a concluded that it was responsible for most of the 

uncertainty in their modelled decompression rates.  Constraints on the partition coefficient from 

the literature fall into two broad categories: measurements of natural melt inclusions and 

adjacent olivines (Le Voyer et al., 2014; Newcombe et al., 2020a), and measurements from 

olivine-melt equilibrium experiments (Koga et al., 2003; Aubaud et al., 2004; Hauri et al., 2006; 

Portnyagin et al., 2008; Tenner et al., 2009; Adam et al., 2016). The former yields lower values 
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of Kd, which may be partly related to the fact that it represents a system in disequilibrium, i.e. 

there is a gradient of H+ concentration in the olivine leading away from the melt inclusion. Since 

the measurement in the olivine is taken at a finite distance from the melt inclusion interface, the 

H+ concentration in the olivine at the interface is underestimated. Another factor to consider in 

comparing the two types of constraints is that, with the exception of Portnyagin et al. (2008), the 

experiments are conducted at higher pressure than volcanic systems (Figure 2.2), and in theory, 

the partition coefficient should increase with pressure (Asimow et al., 2004; Hirschmann et al., 

2009). While there is much scatter within and between different studies, this trend does appear  

 

Figure 2.2: H olivine -melt partition coefficient (Kd) from experimental studies <3 GPa 

and measurements on natural MI -olivine pairs. Error bars for pressure of natural MIs shows 

full range of reported MI entrapment  depths (Le Voyer et al., 2014: Sommata cinder cone, 

Vulcano = 0.1-0.2 GPa, Jorullo cinder cone = 0.01-0.4 GPa; Newcombe et al., 2020: 1959 Kilauea 

Iki = 0.11 GPa, Fuego = 0.25 GPa, Seguam = 0.15 MPa). Error bars for Kd of natural MIs shows 

 1 sigma of measured values. Note that all studies apart from Newcombe et al. (2020) use a 

calibration for H+ in olivine from Bell et al. (2003); using the calibration from Withers et al. 

(2012) would decrease the partition coefficient by 37%.  
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to hold broadly (Figure 2.2). Two exceptions are the experiments at 200 MPa on olivine-hosted 

MIs (Portnyagin et al., 2008) and the experiments on Fe-free forsterite (Grant et al., 2007). While 

it is unclear what causes the disparity in the results from Portnyagin et al. (2008), it is likely that 

the use of pure, Ti- and Fe-free forsterite in the experiments of Grant et al. (2007) lowers the 

availability of defect sites for H+ incorporation in olivine, thereby decreasing the partition 

coefficient. This demonstrates that the partition coefficient is a function of the defect structure of 

the olivine, as well as temperature and pressure, and so likely varies to some extent between 

different samples. It is important to note that, with the exception of Newcombe et al. (2020a), 

these studies are all based on olivine calibrations from Bell et al. (2003), which are affected by 

the presence of micro fluid inclusions within two out of the three olivines used in the Bell et al. 

(2003) study (Mosenfelder et al., 2011). Furthermore, a different H2O-in-olivine calibration from 

Withers et al. (2012) gives significantly lower olivine H2O concentrations, and using this 

calibration rather than that from Bell et al. (2003) would lower the estimates of partition 

coefficient by 37%. Within these uncertainties, the upper bound of the natural ol-melt pair 

measurements from Newcombe et al. (2020a) (0.001 ï Figure 2.2) is a reasonable estimate of the 

partition coefficient for volcanic systems, but note that this a relatively uncertain parameter and 

further low-pressure experiments, and a re-analysis of existing data, would by highly useful. 

2.2.2. Diffusivity of H2O in olivine 

The diffusivity of H+ in olivine (hereafter referred to as Ὀ ) is a measure of how quickly 

H+ can migrate through the olivine lattice in response to a chemical gradient, and has a first order 

effect on the rate of melt inclusion water loss. The mechanism of H+ diffusion in olivine has 

implications for the rate of diffusion, since a range of different mechanisms have been observed 

and each mechanism operates at a different speed. Experiments have produced a six order of 
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magnitude range of measurements (Figure 2.3), from 10-9.7 m2/s during hydration of San Carlos 

olivine at 1000 oC (Mackwell and Kohlstedt, 1990) to 10-15.7 m2/s for dehydration via Si 

vacancies in synthetic forsterite at the same temperature (Padrón-Navarta et al., 2014).  

 

Figure 2.3: Arrhenius relations for H diffusion in olivine. Bold lines show rate for 

fastest crystallographic direction. Black lines proton -polaron rate, grey lines show proton -

vacancy rate during hydration of San Carlos olivine (Kohlstedt and Mackwell, 1998) . Peak-

specific measuremen ts from dehydration of synthetic forsterite in dotted lines, Padrón -

Navarta et al. (2014)). Green lines show measurements on San Carlos and Kilauea Iki olivine 

(Ferriss et al., 2018), red lines show unpublished measurements on high Fo olivine from Etna 

Fall Stratified eruption. Yellow lines show rate for low Fo (~80) from Cerro Negro (Barth et 

al., 2019). Estimates for bulk H+ diffusivity in unoriented MI -bearing olivines shown by grey 

ellipse (Portnyagin et al., 2008; Mironov et al., 2015; Chen et al., 2011; Gaetani et al., 2012). 

This figure illustrates both the strong anisotropy of H diffusion in olivine and the strong 

compositional dependence. For the quantitative consideration of MI dehydration, the 

relevant Arrhenius relations are for SCO+Kiki (for Fo8 5-90 olivine) and Cerro Negro (for 

Fo75-85 olivine) parallel to a. 
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Experiments on natural San Carlos olivine (Kohlstedt and Mackwell, 1998; Demouchy and 

Mackwell, 2006) have revealed two primary diffusion mechanisms. The faster mechanism 

involves a flux of H+ charge-balanced by a flux of electrons from Fe2+ to Fe3+. The electron holes 

associated with Fe3+are called polarons, and so this diffusion mechanism is often referred to as 

the proton-polaron mechanism. The second, slower mechanism involves the diffusion of metal 

vacancies along with their associated H+ and is called the proton-vacancy mechanism. Just like 

Mg-Fe diffusion, this mechanism is fast along the c direction, [001], whereas proton-polaron is 

fast along a, [100]. 

The slowest H+ diffusivities in the literature come from experiments on synthetic forsterite 

(Padrón-Navarta et al., 2014). These experiments show that each defect hosting H+ diffuses at a 

different rate, with D[Mg] > D[Ti] > D[Si] (Figure 2.3). Experiments on Fe-bearing olivine, 

however, have shown that these defects all have similar apparent diffusivity, which is much 

faster than measured in synthetic forsterite (Ferriss et al., 2018). Without Fe, synthetic forsterite 

has no ions available to host redox changes and accommodate the proton-polaron mechanism, 

and so H+ diffusion must occur by diffusion of the defects themselves. In Fe-bearing olivine, the 

proton-polaron mechanism becomes activated. 

This has led to a new way of thinking about H+ diffusion that involves the fast proton-

polaron diffusion mechanism plus a reaction step to move the H+ into the different defect sites 

(Ferriss et al., 2018; Jollands et al., 2019). The availability of the different defect sites will limit 

the reaction rate, which can change over time, leading to speed-up or slow-down in apparent 

diffusivity as observed experimentally (Ferriss et al., 2018). If the reaction is the rate-limiting 

step, it can cause apparent diffusivities to be slower than proton-polaron rate, while maintaining 

anisotropic fast diffusion along a (Ferriss et al., 2018; Barth et al., 2019). 
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Dehydration experiments on lower forsterite olivines (Fo ~80; Barth et al., 2019) found faster 

diffusivities than the higher forsterite San Carlos and Kilauea olivines in Ferriss et al. (2018), 

which suggests that higher Fe contents lead to faster apparent diffusivities. It seems likely 

therefore, that the relevant diffusivity for natural olivine phenocrysts lies somewhere between the 

proton-polaron rate and the rate measured for high forsterite olivines in Ferriss et al. (2018). For 

Fo ~ 75-85, the diffusivity from Barth et al. (2019) may be most appropriate; for Fo ~ 85-95 the 

diffusivity from Ferriss et al. (2018) may be more accurate (Table 2.1). Future work should help 

to constrain the relationship between crystal chemistry (including trace elements such as Ti) and 

water diffusivity. 

Table 2.1: Arrhenius relationships along the fast diffusio n direction for different 

diffusion mechanisms and olivine Fo content.  

Ὀ  ὈὩὼὴ
Ὁ

ὙὝ
 

Ὁ 

(kJ/mol) 

Ὀ (m2/s) Reference 

Proton-polaron along a [100] 

(DH along a)*  

ρσπσπ   

φ σ ρπ  

Mackwell and Kohlstedt 

(1990) 

Proton-vacancy along c [001] 

(DVMe along c)*  

ςυψρρ Ȣ Ȣ 

ρπȢ Ȣ  

Demouchy and Mackwell 

(2006) 

High Fo (~90) along a [100] ρσπσπ ρπȢ Ȣ  Ferriss et al. (2018) 

Low Fo (~80) along a [100] ρςυρπ ρπȢ Ȣ Barth et al. (2019) 

R is the gas constant 8.314 J/mol K; T is the temperature in K, D is diffusivity in m2/s; and activation energy is in kJ/mol. *Note 

that for proton-polaron and proton-vacancy mechanisms, Mackwell and Kohlstedt (1990) and Demouchy and Mackwell (2006) 

report Arrhenius laws for hydrogen (DH) and metal vacancies (DVMe) (bracketed values in grey), but the diffusivities which 

govern water loss from olivines are in fact the proton-polaron rate (Dpp = 2DH) and the proton-vacancy rate (DPV = 3DVMe) ï see 

these references for further details. We report both here, but the proton-polaron and proton-vacancy rates (bold) are the relevant 

rates for comparison with high and low Fo Arrhenius laws and for modelling water loss from olivines and olivine-hosted MIs. 

Uncertainties for proton-polaron and proton-vacancy as reported in references. Uncertainties in Arrhenius laws for high and low 

Fo olivines described in Appendix B. 
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As implied by the Arrhenius relationships (Table 2.1), diffusivity depends strongly on 

temperature. There are several thermometers which can constrain the entrapment temperature of 

a melt inclusion which use the temperature-dependence of Mg partitioning between olivine and 

melt (Roeder and Emslie, 1970; Ford et al., 1983; Beattie, 1993; Sugawara, 2000; Chen and 

Zhang, 2008; Putirka, 2008). One complication of estimating magma temperature in this way is 

that it depends strongly on the water concentration of the magma. The effect is nonlinear and 

decreases with increasing water concentration: for approximately every wt.% of water in the 

magma, the temperature estimate decreases by 15 oC for high H2O concentrations (>4 wt.%) or 

as much as 40°C for low H2O concentrations (~1-2 wt.%) (Médard and Grove, 2008). Therefore, 

the initial, pre-dehydrated melt inclusion water concentration must be restored before diffusivity 

can be accurately calculated. Alternatively, some thermometers (e.g. Al-in-olivine ï Wan et al., 

2008) are thought to be independent of H2O (Coogan et al., 2014). 

Another factor to consider is the evolution of magma temperature during ascent. For 

eruptions that are triggered by fresh input of volatiles and/or magma, there are likely to be 

significant temperature changes associated with this mixing event (e.g. Ruprecht and Bachmann, 

2010). Even without a pre-eruption mixing event, temperature may vary due to bubble expansion 

and crystallization during ascent. Some studies focusing on silicic eruption have found evidence 

for magma warming during ascent in the conduit, driven by the heat of crystallization (Blundy et 

al., 2006; Portnyagin et al., 2014; Humphreys et al., 2016), while others have reported limited 

temperature change during crystallization (Plechova et al., 2011). A novel technique presented in 

Newcombe et al. (2014) uses profiles of Mg zonation within melt inclusions to measure 

temperature evolution for mafic magmas. When applied to natural melt inclusions, this 

thermometer shows that magmas at Fuego and Seguam undergo relatively little change in 
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temperature during ascent (less than 10 oC; Newcombe et al., 2020b). This is attributed to a 

balance of cooling from adiabatic expansion of volatiles and heating from degassing-driven 

crystallization. Therefore, unless there is good evidence for temperature change during ascent, an 

isothermal model is appropriate for most hydrous arc magmas. 

2.2.3. Distance to crystal rim 

When the H+ concentration of the host magma is lower than in the melt inclusion, a diffusion 

front progresses from the outside of the olivine into the interior over time (Figure 2.1b). The 

length of the resulting diffusion profile increases over time according to the relation ὼ θ  ЍὈὸ. 

Therefore, the distance between the melt inclusion and the olivine-host magma boundary has a 

fundamental impact on the amount of water loss from the melt inclusion; the diffusion front will 

reach melt inclusions close to the olivine edge first and so these melt inclusions will lose water 

faster than those in the olivine interior. 

As discussed above, H+ diffusion in olivine is highly anisotropic, with Da > 10 x Db, Dc. 

Under these conditions, modelling work (Barth et al., 2019) has shown that a 1D diffusion model 

oriented along the fast diffusion direction (a) is a more appropriate approximation than an 

isotropic, spherical diffusion model (Thoraval and Demouchy, 2014; Newcombe et al., 2020a). 

Therefore, it is in fact the distance between the melt inclusion and olivine edge along a, [100], 

that is most important for melt inclusion water loss. 

2.2.4. Melt inclusion size 

It has been known for more than two decades that melt inclusion size strongly affects the 

time for re-equilibration (Qin et al., 1992; Cottrell et al., 2002; Chen et al., 2013). The reason for 

this is two-fold: the larger the melt inclusion, the greater the total amount of H+ to be exchanged 

and the lower the surface area to volume ratio, providing a smaller interface for H+ in the melt to 
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be incorporated into the olivine. These two factors combine such that larger melt inclusions lose 

H2O more slowly than smaller ones. As will be discussed later, if there is a relationship between 

MI size and water loss, this trend can be modelled to determine magma decompression rate 

(Chen et al., 2013; Lloyd et al., 2013; Barth et al., 2019). Measuring melt inclusion size is 

therefore important for determining if diffusive water loss has occurred, and all studies that 

report MI water concentration should also report MI size.  

Estimates of MI size in the literature are typically based on the assumption of a 3D ellipsoid 

shape. The calculation relies on visual constraints for the length, y, and width, x, and an 

assumption about the MI depth, z. This assumption is often that z = y or that z = ½(x+y). 

Recently, Mironov et al. (2020) examined the accuracy of these assumptions by measuring the 

third dimension with two different optical methods. In the first, they used a microscope 

micrometer and calculated the distance between focusing on the top and bottom of the MI. For 

the second, they rotated and remounted the sample 90o and polished down this orthogonal 

direction to measure the MI depth. These two 3D methods yield relatively similar results 

(  ͯρπϷ), while there were differences of up to ͯ τυϷ between 3D and 2D methods. On 

average, the assumption that z = y (i.e., the shorter of the two other dimensions) agreed more 

closely with the 3D estimates than the assumption that z = ½(x+y). 

2.2.5. Exterior H 2O evolution 

In melt inclusion diffusion models, the boundary condition, that is, the H+ concentration at 

the boundary between the olivine and the host magma (the olivine rim), has a strong modulating 

effect on the re-equilibration of H2O in melt inclusions. The first model of H+ re-equilibration 

between a melt inclusion and host magma used a fixed boundary condition (Qin et al., 1992). 

This pivotal work gave first-order insights into the controls on water loss from melt inclusions, 
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namely melt inclusion size, distance to the olivine rim, partition coefficient and diffusivity. If a 

magma stalls shallowly at a single pressure, a fixed boundary condition may be appropriate. 

However, for the more general case of magma decompression during ascent, water will decrease 

with time along the outer boundary of the olivine, which has been incorporated into more recent 

numerical models (Chen et al., 2013; Lloyd et al., 2013; Barth et al., 2019).  

In constructing a boundary condition, we can use thermodynamic models to predict the 

relationship between pressure and H2O concentration. The assumption of melt-vapour 

equilibrium is likely valid for the case of H2O, while it may not be for more slowly diffusing 

CO2 and S (Gonnermann and Manga, 2005; Pichavant et al., 2013). There are different 

equilibrium degassing paths that the magma can take, depending on whether the exsolved gas 

phase remains coupled to the magma (closed system) or buoyantly rises faster than the 

surrounding melt (open system). In closed system degassing, the presence of an excess exsolved 

gas phase causes H2O to leave the melt earlier than it would if no gas phase were present (Figure 

2.4).  

Several melt inclusion studies have tried to decipher which type of degassing is occurring, 

but this is a difficult task given the typical scatter in MI volatile data which can arise in part due 

to CO2 sequestration in MI shrinkage bubbles and diffusive H2O loss. Combining measurements 

of gas geochemistry with melt inclusion data can help. To a first order, if the volcano is emitting 

gas without erupting magma, it must be an open system. Beyond this, ratios of different gas 

species, H2O/SO2, CO2/SO2, can be diagnostic of the degassing path (Werner et al., 2020). In 

theory, different degassing paths could be incorporated into different boundary conditions, 

however in practice, we find that MI H2O-loss is relatively insensitive to open vs. closed system 

degassing (Figure 2.4). 
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Figure 2.4: Effect of open - vs. closed-system degassing (A), (B): different 

decompression degassing models for basaltic magma using SolEx (Witham et al., 2012). (C) 

H 2O-loss from melt inclusions (MI) over time for different decompression degassing paths in 

(A) and two different MI sizes: 1 mm (small circle) and 100 mm (large circle).  

 

2.3. Regime diagram ï hygrometer vs speedometer 

The extent to which melt inclusions lose their water due to diffusion through the host crystal 

during ascent is controlled by the rate of H+ diffusion out of melt inclusions, which depends on 

the parameters discussed above, versus the rate of magma decompression. Qin et al. (1992) 

presented an analytical solution to the relationship between these parameters and the extent of re-

equilibration. However, this is not possible for the case of a changing boundary condition, for 

example, the decrease in H2O in the exterior melt as a function of pressure (Chen et al., 2013; 

Barth et al., 2019). Therefore, we have developed a parameterization of results from the 1D 

numerical diffusion model presented in Barth et al. (2019) using a generalized logistic function 

(Appendix B). The percentage water loss can be related to the MI radius, a (m); distance between 
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MI and olivine rim along a, b (m); partition coefficient, Kd; diffusivity of H+ through olivine, D 

(m2/s); and decompression rate, dP/dt (MPa/s), through the curve in Figure 2.5, defined by: 

                                                  Ϸ ◌╪◄▄► ■▫▼▼ 
Ȣ ▄Ȣ ●Ȣ       Equation 2.1 

Where  

● ■▫▌╪
╫ ▀╟▀◄
╪ ╚▀ ╓

     Equation 2.2 

We note that open vs closed system degassing makes very little difference to the curve (Figure 

S2.4). 

 

Figure 2.5: Water loss regime diagram (a) % Water loss against x (Equation 2.1, 2.2) for 

boundary condition of open system degassing modell ed using SolEx for initial volatile 

concentrations of 4000 ppm CO 2, 4.75 wt% H2O. Initial pressure is 400 MPa. Upper left 

portion indicates ~ complete water loss (MIs are in equilibrium with groundmass). Central 

portion indicates water loss dependent on MI  size and distance to olivine rim (MIs are in 

disequilibrium) ɬ this regime is best suited for speedometry. Lower right portion indicates 

minimal water loss (MIs are still in equilibrium with initial wet magma) ɬ this regime is best 

suited for hygrometry. (b) same as (a) but with x axis as MI size and all other parameters 

fixed as indicated above. Arrows and thin curves show effect of changing these parameters. 

Inset schematic of olivine and melt inclusion illustrates parameters a and b.  
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Figure 2.5a can be thought of as a regime diagram. On the lower right branch, at large a, b, 

and dP/dt, the diffusion front through olivine crystals has not yet reached the MIs, which 

therefore remain in equilibrium with the initial wet host magma from which they were entrapped. 

In this case, we can use the H2O concentration in the MIs to infer that in the host magma at the 

last depth of equilibration (section 2.3.1). In other words, their fidelity as a hygrometer remains 

intact.  If water loss from MIs plots on the central limb, this implies that the MI-olivine system is 

in disequilibrium and we can exploit this to determine magma decompression rate (Chen et al., 

2013; Lloyd et al., 2013; Barth et al., 2019). These inclusions are most useful as speedometers. 

On the upper left branch, MIs have lost nearly all of their initial water and are in equilibrium 

with the degassed host magma. These melt inclusions have lost all information about their initial 

water and the rate of ascent.  

There are two primary ways to use the relationship in Figure 2.5 and Equation 2.1. If the 

amount of water loss is known (see later discussion for methods of estimating initial water), it is 

possible to calculate the magma decompression rate, as long as water loss is not 0 or 100% (i.e. 

MIs must lie on central limb). Alternatively, if decompression rate is known, it is possible to 

determine the likelihood of water loss, and use this to guide the selection of MI sizes, depending 

on whether the intent is hygrometry, speedometry, or both. Independent estimates of 

approximate decompression rate can be made using the relationship between mass eruption rate 

(and VEI) and decompression rate that is emerging from recent studies (Figure 2.6; Barth et al., 

2019; Moussallam et al., 2019). This trend provides an estimate of decompression rate based on 

the mass eruption rate of an eruption. For example, a VEI 4 eruption with a mass eruption rate of  
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Figure 2.6: Mass eruption rate versus decompression rate for range of eruptions. Cerro 

Negro dP/dt from MI water loss (Barth et al. 2019), all others from embayment studies 

(Ferguson et al., 2016; Humphreys et al., 2008; Newcombe et al., 2017). Note that Cerro Negro 

decompression rates are shifted a factor of 2 higher  than in Barth et al. (2019) due to an error 

in that study whereby the MI diameter was mistakenly used instead of radius ɬ this led to a 

factor of 2 underestimat ion of  decompression rate in Barth et al. (2019). Ambae 2017-2018 

from embayments (green circles, black bar) with effect of includi ng pre-existing vapour  

phase shown by blue bar to right, and from microlite number densities (grey bar to left) 

(Moussallam et al., 2019). Mt. St. Helens shown in open symbol since it is a silicic eruption 

and may be governed by different processes. Monte Carlo distributions for Cerro Negro 

indicating uncertainty overlain in red (1995) and blue (1992) shading, red and blue circles 

show median values. See original caption in Barth et al. (2019) for MER estimates.  

~106 kg/s is likely to have a decompression rate on the order of ~ 0.5 MPa/s, in which case MIs 

greater than ~10 mm should preserve their pre-eruptive water concentrations for an a/b ratio 1/10 

and temperature of 1100 oC (yielding a diffusivity of 1.7e-10 m2/s). A VEI 2 eruption on the 

other hand may involve slower magma decompression (~ 0.01 MPa/s), in which case only MIs 

greater than ~50 mm would preserve initial water, all else being equal. Note that these 

calculations assume that diffusion ceases as soon as the olivine is erupted. This is a good 

assumption for lapilli or ash, but lava flows and even volcanic bombs can stay hot and allow 
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water loss to continue far longer (Lloyd et al., 2013). Any melt inclusion H2O measurements 

from bombs or lava should be treated with concern for water loss. 

2.3.1. H2O as a hygrometer 

If there is no relationship between water loss and MI size or distance to the rim, this implies 

that the MI-ol system is in equilibrium with either the degassed, final exterior melt or the 

hydrous, initial exterior melt. Either way, such melt inclusions cannot be used to model 

decompression rate (although it may still be possible to put a bound on the timescales). If the MI 

H2O concentration is low and comparable to the groundmass, then conditions reflect the top left 

limb of the regime diagram where MIs retain no information as to their initial H2O 

concentrations. This situation might arise if olivines are brought up slowly enough that diffusion 

is able to keep pace with decompression. Alternatively, the magma may ascend quickly but then 

stay hot for long periods of time, for example in a lava flow or lava lake.  

If , on the other hand, MI H2O concentration is significantly higher than that in the 

groundmass, the olivine must have ascended sufficiently rapidly that diffusion did not progress 

far enough to affect the MI. In this case (the lower right, ñhydrometerò portion of the regime 

diagram), the H2O may record the depth of MI entrapment or magma stalling, CO2 flushing, or 

even the primary mantle-derived H2O concentration. Other volatile and trace elements can be 

used to infer which of these scenarios might have occurred, as discussed below. 

2.3.2. Interpreting MI H 2O concentration 

In this section, we reference Figure 2.7 to recognize where, when and how water loss has 

occurred in a magmaôs ascent history. Here we focus on scenarios of water loss during ascent, 

which are anticipated for water-rich arc melts, and do not consider processes which would cause 

MIs to gain H2O (H2O gain has been demonstrated for low-water oceanic magmas or ultra-
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depleted arc magmas ï  Kamenetsky et al., 1998; Portnyagin et al., 2008; Koleszar et al., 2009). 

Another caveat is that we do not consider processes of magma mixing, which could introduce 

chemical gradients and thus lead to water loss/gain from melt inclusions (e.g. Pistone et al., 

2017; Ruth et al., 2018). Finally, it is important to note that while some amount of water loss will 

occur at pressures greater than water saturation due to partitioning of H2O into a CO2-rich vapour 

phase (Holloway, 1976), most water loss occurs at pressures below water saturation (wavy line 

in Figure 2.7). Thus, MI H2O concentration can be used to infer MI entrapment depth for depths 

shallower than H2O saturation; for depths greater than this a good understanding of the CO2 

degassing path is necessary to determine depth. Below we describe the scenario for each of the 

panels (A-E) in Figure 2.7, and which diagnostic tools may be used to identify each scenario.  

A. H2O reflects primary magma  

The magma has ascended so quickly from below the depth of water saturation that there 

is not enough time for the diffusion front within the olivines to reach the melt inclusions. 

If MI H 2O concentrations or ratios of H2O to similarly incompatible elements correlate 

with those of other trace elements (Sadofsky et al., 2008; Plank et al., 2013; Walowski et 

al., 2015), and have high CO2 and S concentrations, it is possible that measured MI H2O 

concentrations reflect primary melt compositions.  

B. H2O reflects stalling depth  

The magma stalled at a depth shallower than water saturation and remained long enough 

for all MIs to reset to the lower ambient H2O concentration. This would result in the 

decoupling of H2O from other volatiles: CO2, S, and Cl cannot diffuse rapidly through 

olivines, so they may show higher concentrations and correlate with each other, while  
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Figure 2.7: Schematic showing different processes a ffecting MI H 2O concentrations. Left: 

Water solubility as a function of pressure from SolEx for Cerro Negro basaltic composition 

with 4.75 wt% initial H 2O. Depth shown for illustrative purposes, assuming density of 3.3 

g/cm3. Water saturation depth shown as wavy blue line (~200 MPa for 4.75 wt% H 2O). Note 

that for simplicity, we have used the water saturation pressure as the critical pressure below 

which water loss becomes significant but some water loss will occur deeper than this if the 

magma is saturated in a vapour  phase, particularly for CO 2-rich magmas. Below in orange: 

key diagnostics to infer different magmatic processes. Crystals above grey boxes indicate 

erupted product. MI colour  tone reflects H 2O concentrations, with lighter tints having l ower 

concentrations . 

H2O has decreased from primary values and is roughly constant. The early degassing of 

CO2 compared to other volatiles as well as its tendency to partition into MI vapour 

bubbles may lead to its decoupling from other volatiles. Observations of a correlation 

between S and Cl that is decoupled from H2O would suggest that H2O concentration 

reflects a stalling depth. 

C. All volatiles reflect shallow entrapment  

If all volatiles are low, it is likely that the MIs were trapped at a shallow depth. Most 

basaltic magmas initially contain > 1000 ppm S and > 100ôs ppm CO2 (Wallace, 2005), 

and since neither volatile diffuses rapidly through olivine, measured concentrations 
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significantly lower than the above limits would indicate shallow entrapment of MI. 

Several thermodynamic models can be used to estimate pressures of entrapment from 

equilibrium between H2O, CO2, and S (e.g. VolatileCalc, Newman and Lowenstern, 

2002; SolEx, Witham et al., 2012; MagmaSat, Ghiorso and Gualda, 2015). 

D. CO2 and H2O reflect CO2 flushing  

In addition to decompression, another way to cause magma dehydration is to introduce 

CO2 vapour to the system. The presence of a vapour phase with low activity of H2O 

causes H2O to exsolve from the magma at greater depths than it would otherwise 

(Anderson et al., 1989; Blundy et al., 2010). If the event introducing CO2 vapour (e.g. 

ascent of gases and/or magma from depth) also causes a crystallization event, MIs 

entrapped at that time would lie on a vapour isopleth, rather than a degassing path (e.g. 

Caricchi et al., 2018). However, if CO2 flushing occurred after MIs had already been 

entrapped, the only effect would be drive water loss from the melt inclusions, and would 

therefore be difficult to distinguish from a shallow stalling event. 

E. H2O reflects polybaric storage  

The scenarios above involve magma storage at a single depth. If, instead, melt inclusions 

are trapped at a range of depths shallower than water saturation, H2O should correlate 

positively with other degassing volatiles (CO2, S, Cl) and negatively with incompatible 

trace elements (e.g. Wallace and Anderson, 1998; Lloyd et al., 2013; Barth et al., 2019). 

This is because as magma ascends and degasses H2O, the liquidus is raised which induces 

crystallization, in turn causing an increase in the concentration of incompatible elements. 

If the melt inclusions were all entrapped at depth greater than that of water saturation, and 

then were stalled in a vertically extensive plumbing system shallower than that of water 
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saturation, the H2O would re-equilibrate to a range of values and so decouple from the 

other volatiles and incompatible elements. 

2.3.3. How to estimate pre-dehydration H2O contents 

As we have just seen, the ascent of magma towards the surface provides many opportunities 

for melt inclusion water loss. For studies that are focused on magma formation and the fluxes of 

water on a global, arc or volcano scale, it is necessary to see past any shallow dehydration events 

to estimate the primary magma H2O content. On the other hand, if the goal of a study is to use 

observations of MI water loss to constrain magma decompression rate, the relevant water 

concentration is that at the last depth of equilibration, and the relevant water loss is the diffusive 

loss that occurred during the final episode of ascent. 

There is a long history of developing proxies to determine pre-eruptive magmatic water 

concentrations. Because of the large effect of water on the stability of different mineral phases, 

observations of phenocryst assemblages are often used to infer magmatic water concentration. 

This has included phase equilibria experiments that have been used to develop hygrometers 

based on the appearance of plagioclase on the cotectic (Parman et al., 2011), the albite exchange 

between plagioclase-melt (Sisson and Grove, 1993b; Waters and Lange, 2015), the Mg# of 

amphibole (Krawczynski et al., 2012), and the silica activity of melts (Carmichael, 2002). 

Because of the relatively late appearance of plagioclase on the cotectic, methods relying on 

plagioclase will likely give a view biased to shallow depths and underestimate primary magmatic 

water concentration. Although amphibole crystallizes deeper in the crust, it is not a common 

phenocryst phase in primitive arc basalts. Phase equilibria experiments are a good way to 

estimate primary magmatic water but are time-intensive and not feasible to perform for every 

sample.  



63 

 

Melt inclusions are an attractive alternative, and as one of the earliest crystallizing phases, 

olivine is an ideal crystal host for targeting primary and pre-eruptive magmatic water 

concentrations, and consequently the amount of diffusive water loss. Below, we outline several 

approaches for estimating the pre-dehydration H2O contents.  

2.3.3.1. Maximum H2O in a suite of MIs 

The most straightforward approach is to assume that the highest water concentration 

within a population of melt inclusions is representative of the initial parental magma. The 

assumption of a single value for initial H2O is a good approximation if the region of magma 

storage is restricted in its depth. Along the Aleutian arc, Rasmussen et al. (2018) found good 

agreement between the maximum H2O concentration in a MI suite and geophysically-

constrained magma storage regions (from seismic or geodetic observations). However, many 

volcanic storage systems are thought to be vertically extensive and melt inclusions are likely 

entrapped at different depths, with different initial H2O concentrations (e.g. Roggensack, 2001; 

Ruth et al., 2016). The assumption of a common initial H2O concentration can be tested using the 

D/H isotopic ratios of a suite of MIs (Walowski et al., 2015). It has been demonstrated 

experimentally that diffusive water loss increases the D/H ratio of the melt inclusion (Hauri, 

2002; Gaetani et al., 2012). Therefore, a suite of MIs with a common initial H2O concentration 

and H isotopic composition but variable degrees of diffusive re-equilibration would be expected 

to show a negative correlation between H2O and D/H, as found in samples from the Cascades by 

Walowski et al. (2015). 
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2.3.3.2. Coupled systematics of incompatible elements and H2O along liquid line of 

descent 

During ascent, magma degassing raises the liquidus temperature, inducing crystallization 

(Médard and Grove, 2008; Danyushevsky and Plechov, 2011; Lloyd et al., 2013). This has the 

effect of simultaneously raising the concentration of incompatible elements and lowering H2O in 

the melt (Figure 2.8). To account for differences in initial entrapped H2O concentrations, we can 

use the coupled systematics of incompatible elements, such as K2O and H2O (Wallace and 

Anderson, 1998; Lloyd et al., 2013; Myers et al., 2019). The deepest (parental) magma 

composition ï that is the highest H2O and lowest K2O ï must be known, and then the trend of 

degassing-driven crystallization may be thermodynamically modelled using MELTS (Ghiorso 

and Gualda, 2015) or Petrolog (Danyushevsky and Plechov, 2011). The initial H2O concentration  

 

Figure 2.8: K 2O versus H 2O for 1974 eruption of Fuego volcano, Guatemala (modified 

from Lloyd et al., 2013). Degassing-induced crystallization moves melt composition upwards 

along the black arrow, modelled with Petrolog3 (Danyushevsky and Plechov, 2011) for 

starting composition of 0.5 wt% K 2O, 4.45 wt% H2O, Pi=2.5 kbar, Pf=1.1 kbar, and 

ËÌÊÖÔ×ÙÌÚÚÐÕÎɯÈÛɯƗƔɯÉÈÙÚɤɢC. Measured MI H 2O is corrected back to this black line along 

blue using measured K 2O to infer pre -entrapment H 2O content. Dashed lines show amount 

of re-ÌØÜÐÓÐÉÙÈÛÐÖÕɯȹËÐÍÍÜÚÐÝÌɯÞÈÛÌÙɯÓÖÚÚɤȹÐÕÐÛÐÈÓɯÞÈÛÌÙǸÍÐÕÈÓɯÞÈÛÌÙȺȺȭɯ,ÈÙÒÌÙɯÚÐáÌɯÚÊÈÓÌËɯÛÖɯ,(ɯ

size (see key). 
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for each melt inclusion is calculated using the measured K2O concentrations and correcting back 

to this trend (blue arrow, Figure 2.8). Both this and the last method are unable to restore water to 

higher values than the maximum observed. That is, if all melt inclusions have lost water, these 

approaches are not helpful for determining the primary or parental magma, only the pre-eruptive 

magma relevant for modelling decompression rate. 

2.3.3.3. Coupled SiO2-H2O loss from MIs 

A method that holds promise for restoring melt inclusions to primary water 

concentrations is to use the relationship between SiO2 and H2O that may develop during MI 

hydration or dehydration. Portnyagin et al. (2019) show that experimentally hydrated and 

dehydrated MIs undergo associated SiO2 gain and loss, respectively (Figure 2.9a). Geochemical 

data from natural melt inclusions at Cerro Negro (Barth et al., 2019) support this; MIs with 

greater inferred water loss are offset to lower SiO2 (Figure 2.9b). This implies that H2O is 

incorporated along with silica into olivine on the walls of melt inclusion, creating hydrated, 

metal-poor defect olivine. To calculate the amount of water loss, the initial SiO2 of the melt 

inclusion and H2O/SiO2 of the reaction must be known. Portnyagin et al. (2019) find that a 

H2O/SiO2 ratio of between ~1.5 to 2 fits their observed H2O-SiO2 trends. They use the whole 

rock composition as an estimate of initial MI SiO2 concentration and calculate ~2 wt.% and ~5 

wt% water loss in MIs from tephra and lava, respectively, at Klyuchevskoy volcano. This is a 

valuable method to estimate H2O if all melt inclusions have lost H2O. This implies that H2O is 

incorporated along with silica into olivine on the walls of melt inclusion, creating hydrated, 

metal-poor defect olivine. To calculate the amount of water loss, the initial SiO2 of the melt 

inclusion and H2O/SiO2 of the reaction must be known. Portnyagin et al. (2019) find that a 

H2O/SiO2 ratio of between ~1.5 to 2 fits their observed H2O-SiO2 trends. They use the whole  
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Figure 2.9: Coupled H 2O-SiO 2 loss from MIs (a) Experimental data from Portnyagin et 

al, 2019, figure reproduced from their figure 3. Violet bars show SiO 2 of high -Mg 

Klyuchevskoy basalts (Bulochka cone)  and H 2O of fully rehydrated MIs. SiO 2 normalized to 

100% on anhydrous basis to compare between MIs and whole rock. Extent of MI 

rehomogenization  depends on experimental matrix: melt matrix allows for full 

rehomogenization , fluid matrix gives partial rehomogen ization , experiments without matrix 

fail to rehomogeni ze and overlap dehydrated MIs. ( b) natural data on MIs from Cerro Negro 

volcano, Nicaragua (Barth et al., 2019). Broad trend of increasing K 2O with SiO 2 is driven by 

crystal fractionation. MIs for which large amounts of diffusive water loss were calculated (as 

in  Figure 2.8) are offset to lower SiO 2 than those with less calculated water loss. 

Concentrations are as measured (uncorrected for PEC, not normalized to 100% anhydrous) 

but these corrections do not affect systematics.  

rock composition as an estimate of initial MI SiO2 concentration and calculate ~2 wt.% and ~5 

wt% water loss in MIs from tephra and lava, respectively, at Klyuchevskoy volcano. This is a 

valuable method to estimate H2O if all melt inclusions have lost H2O. However, there are 

diffi culties in applying this method to natural samples since the use of whole rock composition 

as the initial MI composition requires that the magma has remained a closed system from the 

time of melt inclusion entrapment to the time of eruption (i.e. no magma mixing or addition or 

loss of crystals). Furthermore, if MIs were entrapped with a range of initial SiO2 contents, a 

fractionation model may be needed to constrain the initial liquid line of descent. Given these 
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considerations, this method may be most useful for primitive melts, since limited crystallization 

of olivine and pyroxene does not cause large variations in the SiO2 concentration of the melt. 

2.3.3.4. Comparison of water-independent and water-dependent thermometry 

A final independent method for calculating primary magmatic H2O concentration is through 

comparison of H2O-dependent and H2O-independent thermometers, as first proposed by Sobolev 

et al. (2016) and later applied by Portnyagin et al. (2019) and Tobelko et al. (2019). H2O-

dependent thermometers (e.g. Mg partitioning between olivine and melt ï Ford et al. (1983)) will 

give higher temperatures than H2O-independent thermometers (e.g. Al-in-olivine ï Wan et al. 

(2008); Sc/Y in melt and olivine ï Mallmann and OôNeill (2013)) and the magnitude of this 

temperature offset can be used to determine water concentration using a parameterization of the 

effect of H2O on liquidus depression (Médard and Grove, 2008). This method may not be the 

most precise way to estimate H2O due to thermometer calibration uncertainties, and becomes less 

precise with increasing H2O concentration due to the nonlinear effect of H2O on liquidus 

temperature depressions. However, for H2O concentrations below ~ 5 wt.% it provides a useful 

independent method and was found to show good agreement with results from the coupled SiO2-

H2O loss method (Portnyagin et al., 2019). 

2.4. H2O as a speedometer: calculating magma decompression rate 

Magma decompression rate is a key parameter governing the dynamics of eruptions 

(Gonnermann and Manga, 2013; Cassidy et al., 2018). It affects the nucleation and growth of 

bubbles and crystals, the ability of bubbles to segregate from the melt, the temperature evolution 

of the magma, and the magma rheology (which then itself affects the magma decompression 

rate). Since these processes are affected by the decompression rate, they can be exploited as tools 

to constrain the decompression rate. These tools fall broadly into two categories: those that are 
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based on the textures of bubbles and crystals in erupted clasts, and others that are based on 

diffusion of volatiles. As discussed above, if an estimate of decompression rate can be made, it is 

possible to determine the likely amount of water loss for melt inclusions of different sizes and 

distance to the crystal edge. This can help to inform melt inclusion selection so as to capture the 

speedometry and/or hygrometry regions of the regime diagram (Figure 2.5). Below, we outline a 

number of ways to determine the magma decompression rate independently of MI water loss, 

before revisiting the MI water loss method as portrayed in the regime diagram section (2.3). 

Higher rates of magma decompression lead to higher bubble and microlite number densities, 

and this effect has been parameterized in Toramaru et al. (2006, 2008). Other aspects of crystal 

textures, such as the size distribution and shapes can also be used to constrain the decompression 

rate (Szramek et al., 2006; Castro and Dingwell, 2009; Brugger and Hammer, 2010). 

Volatile diffusion has been exploited in several ways to provide decompression rate 

estimates. Diffusion profiles along melt embayments (melt inclusions that were never sealed and 

maintain communication with the magma) can be modelled to determine decompression rate 

(Anderson, 1991; Liu et al., 2007; Humphreys et al., 2008; Lloyd et al., 2014; Ferguson et al., 

2016). The advantage of this technique is that the different volatile species (e.g., H2O, CO2, S) 

have different depth-solubility relationships and different diffusivities, which means that they 

can provide a constraint on the entire decompression path, not just the average decompression 

rate above water saturation (e.g. Lloyd et al., 2014; Newcombe et al., 2020a). However, 

embayments are typically rare compared to melt inclusions and can have complex 3D shapes, 

which may affect modelled decompression rates (deGraffenried and Shea, 2019). 

An alternative is to model diffusion profiles within the olivines themselves, either from the 

rim of the crystal (Newcombe et al., 2020a) or leading away from melt inclusions (Le Voyer et 
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al., 2014). The strength of this approach lies in the abundance of olivine in most basaltic-

intermediate magmas. However, since olivine is a nominally anhydrous mineral and can only 

incorporate several tens of ppm H, these studies rely on rigorous cleaning procedures to reduce 

the background and the use of secondary ion mass spectrometry (SIMS), which is expensive and 

time-consuming. Alternatively, relatively thick wafers (>100 mm) of olivine can be measured 

using FTIR (e.g. Demouchy et al., 2006), although this approach encounters difficulties with 3D 

diffusion effects (termed the ówhole block effectô in Ferriss et al., 2015).  

On the other hand, measurements of H2O in melt inclusions are often a by-product of these 

other studies, and so have the potential to provide a large number of decompression rate 

estimates for relatively little cost/time. If the amount of water loss (estimated using one of the 

methods described above) has a relationship with MI size and distance to olivine rim as shown in 

Figure 2.5, the MIs can be modelled to determine magma decompression rate. There are two 

primary modelling approaches for determining the decompression rate. First, a single best-fit 

curve as shown in Figure 2.5 could be calculated for a single decompression rate for the entire 

suite of MIs of varying size. Alternatively, each MI or set of MIs within an olivine could be 

modelled individually to find the best-fit decompression rate, and the result would be a range of 

decompression rates (Chen et al., 2013; Barth et al., 2019). The advantage of the latter approach 

is that the distribution of decompression rates could provide insight into variability of ascent rate 

due to both lateral velocity gradients in the conduit and unsteadiness in eruption dynamics over 

time (Sable et al., 2006; Barth et al., 2019).  

2.5. Summary and recommendations 

Although melt inclusions can have complex ascent histories, they often record systematic 

variations that give confidence in their fidelity under certain scenarios, and reveal their utility as 
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speedometers in others. We have outlined relevant parameters that control water loss (e.g. 

partitioning, diffusivity), and made recommendations for which values to use (Table 2.1, Figure 

2.2, 2.3). We have developed a regime diagram (Figure 2.5) that illustrates when a MI can act as 

a hygrometer or speedometer. We have outlined several scenarios of MI ascent and how they can 

be identified using diagnostic tools (Figure 2.7). We have reviewed methods for restoring initial 

water concentrations in MIs, and for using them to obtain decompression rate. If care is taken 

throughout the stages of study, from sample collection and preparation through interpretations, 

there is enormous promise in the rich information contained within the melt inclusion water 

record.   

Despite this promise, however, the MI literature is largely full of water data that are 

difficult to interpret with the schema we have developed here. Without this assessment, many 

published water concentration data in MI are of limited use in understanding magmatic and 

volcanic processes. The unfortunate circumstance is that the vast majority of published MI 

studies do not report MI size, distance to crystal rim, crystal orientation, photographs, eruptive 

characteristics of the deposit and/or clast sizes. Without this information, it can be difficult to 

determine where a given melt inclusion lies within the water-loss regime diagram. 

In addition to best practices identified in Rose-Koga et al. (2021) for general MI studies, 

we recommend all MI studies that address water specifically are designed with the following: 

a) Adequate understanding of the volcanic deposit studied, its mass discharge rate, VEI 

and/or eruptive column height. 

b) Description of the clast size or cooling history of deposit. Ash and lapilli clast sizes (< 

2 cm) are ideal to prevent post-eruptive water loss. 
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c) Selecting MI host crystals that are euhedral and can be oriented by eye, or if not, can 

be analysed by EBSD to determine the fast H+ diffusion a direction.  

d) Measuring the distance from the MI to crystal rim along the a [100] direction. Either, 

crystals must be mounted such that the a direction is preserved within the polished plane 

or the distance between MI and olivine edge along a must be determined optically before 

final polishing. 

e) Recording MI sizes, including any assumptions about 3D geometry, and providing 

photographs of MI and their hosts. 

f) Providing an accurate estimate of magma ascent temperature, which strongly controls 

diffusivity. 

g) Evaluating diagnostic petrological tools (e.g., relationships between H2O and 

incompatible elements, liquid lines of descent, other volatile species and potential SiO2 

loss) to infer ascent history, H2O fidelity and/or speedometry. 

2.6. Future work  

This section highlights some of the key remaining questions/barriers to a better 

understanding of MI fidelity, water loss and speedometry.  

a) Rate of water loss through olivine. One of the largest uncertainties in modelling 

water loss from melt inclusions remains the diffusivity of H+ through olivine. Despite major 

advances in recent years, several questions remain. First, the exact nature of the relationship 

between diffusivity and olivine chemistry (primarily forsterite, but other trace elements may play 

a role; Tollan et al., 2018; Jollands et al., 2019) needs to be quantified. In particular, dehydration 

experiments on natural olivines with forsterite below 80 are lacking, as are measurements on the 

combined effect of varying concentrations of Fe, H and trace elements on the diffusivity.  
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Secondly, questions remain as to the extent of anisotropy in water loss through olivine. 

While experiments have consistently shown more than an order of magnitude faster diffusion 

along a than c crystallographic directions (Ferriss et al., 2018; Barth et al., 2019), this is not 

always seen in profiles from natural samples (Newcombe et al., 2020a). This raises the question 

of whether the dehydration experiments are accurately capturing the processes occurring in 

natural systems. Dehydration experiments of olivines or olivine-hosted melt inclusions are 

typically done in a 1 atm. furnace with no buffering melt, which may favour different defects and 

reactions compared to the natural dehydration of olivines ascending towards the surface in a 

degassing melt. While hydration experiments are often performed at higher pressures with a melt 

surrounding the olivines, diffusivities relating to hydration should be applied with caution to 

dehydration processes, as discussed in depth by Ferriss et al. (2018). 

Finally, while it is a good first order approximation in the modelling of water loss from 

MIs, the apparent bulk diffusivity of H+ in olivine misses a lot of richness in the mechanisms of 

the diffusion and reactions (bulk refers to the total H+ flux, summed across all defects). Jollands 

et al. (2019) showed that while bulk H+ concentration profiles in natural dehydrated olivines can 

be described by simple diffusion, when H+ is resolved into separate FTIR peak-specific defects, 

the profiles show complex shapes that are not consistent with a simple diffusion-out mechanism. 

Instead, they can be modelled by a combination of reaction between defect sites and fast proton-

polaron diffusion out of the crystal.  Ferriss et al. (2018) observed that the apparent diffusivity of 

some defects increased up to a steady state over time, while others decreased with time, which 

they attributed to changing availability of defect sites for inter-defect reactions. Therefore, the 

use of a constant diffusivity may not be valid, depending on the crystal chemistry and availability 

and distribution of defect sites. 
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 b) Incorporation mechanisms of water in olivine. Another outstanding issue relates to 

the reaction at the melt-olivine interface (both in the melt inclusion and host magma). Different 

reactions have been put forward (Danyushevsky et al., 2002; Gaetani et al., 2012; Portnyagin et 

al., 2019) and there is the possibility that different reactions dominate under different conditions 

and crystal chemistries. This has implications for estimating initial melt inclusion water 

concentrations using the SiO2-H2O method (see discussion above, Portnyagin et al., 2019), as 

well as the partition coefficient which is a key parameter in the modelling of MI water loss.  

 c) Non-Linear decompression rates. So far, most models of MI re-equilibration assume 

either a step function or constant decompression as the boundary condition. A step function is a 

good approximation under certain specific circumstances (e.g. instantaneous surface unloading 

during a landslide, a mixing event juxtaposing hydrous olivines with a dry magma) but is invalid 

for the case of decompression during magma ascent. The assumption of constant decompression 

is a good first order approximation for determining average decompression rate and making 

broad comparisons between eruptions. However, magma decompression is likely to be highly 

nonlinear with large acceleration in the final stages of ascent due to the formation and growth of 

bubbles, as well as increased frictional pressure loss at the conduit walls due to water loss and 

consequent viscosity rise (Gonnermann and Manga, 2007). Barth et al. (2019) examined the 

effect of acceleration on melt inclusion water loss and found that models which assume constant 

decompression rate significantly underestimate the total ascent time compared to those which 

consider acceleration. This is because the amount of water loss is greater at shallower depths and 

to compensate for spending a lower proportion of time at shallower depths, accelerating magma 

must have a longer total ascent time. Future models that consider non-linear decompression, and 
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perhaps couple the diffusion model with a physical conduit model, would improve our ability to 

infer information about conduit processes from natural samples.  
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3. Chapter 3: Rates of dehydration in hydrous, high-Fo olivines 

3.1. Introduction  

The diffusivity of hydrogen in olivine has implications for a broad range of processes in the 

earth sciences. Although olivine is nominally anhydrous, it can store hundreds of ppm hydrogen 

(hereafter referred to as H+) through defects in its lattice ï enough to significantly affect the 

strength of olivine and consequently the rheology of the mantle (Beran, 1969; Bai and Kohlstedt, 

1992; Bell and Rossman, 1992; Faul et al., 2016). H+ diffusivity in olivine is also related to 

olivineôs electrical conductivity, which can provide constraints on the presence of water and melt 

in the mantle (Karato, 1990; Yoshino et al., 2006; Novella et al., 2017). In this paper, we focus 

on the application of H+ diffusion in olivine as a chronometer for magma decompression rate 

during volcanic eruptions (Demouchy et al., 2006; Newcombe et al., 2020a). As magma ascends 

in the conduit it degasses its H2O into vapour bubbles, which causes the outwards diffusion of H+ 

from crystals carried within the host magma. If the diffusivity of H+ in olivine is known, the 

resulting diffusion profiles can be modelled to determine the decompression rate of the magma, a 

critical parameter that relates to volcanic explosivity (Cassidy et al., 2018; Barth et al., 2019). 

The incorporation of H+ into olivine occurs through point defects in the lattice and is 

governed by charge balance. For example, a Si4+ vacancy may be charge balanced by 4 H+. The 

O-H bonds in these different defects absorb energy in the infrared range and so can be óseenô 

using Fourier transform infrared spectroscopy (FTIR) (Beran and Putnis, 1983; Berry et al., 

2005; Berry et al., 2007). The wavelength of an absorption peak in FTIR spectra is indicative of 

the type of defect. Studies using FTIR have found that the most common defects in natural 

olivines are as follows: 2H+ charge balancing a metal2+ vacancy [Mg], H+ charge balancing an 

metal2+ vacancy and a trivalent ion (Fe3+, Al3+, Cr+) substituting on a metal site [triv], and 2H+ 
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charge balancing a Si4+ vacancy and a Ti4+ on a metal site [Ti] (Padrón-Navarta et al., 2014; 

Blanchard et al., 2017; Ferriss et al., 2018). 

Experiments on natural San Carlos olivine have revealed two primary diffusion mechanisms 

(Kohlstedt and Mackwell, 1998; Demouchy and Mackwell, 2006). The faster mechanism 

involves a flux of H+ charge-balanced by a flux of electrons from Fe2+ to Fe3+. The electron holes 

associated with Fe3+ are called polarons, and so this diffusion mechanism is often referred to as 

the proton-polaron mechanism. The second, slower mechanism involves the diffusion of metal 

vacancies along with their associated H+ and is called the proton-vacancy mechanism. Just like 

Mg-Fe diffusion, this mechanism is fastest along the c direction, [001], whereas proton-polaron 

is fastest along a, [100]. 

Since both proton-polaron and proton-vacancy mechanisms involve the exchange of two 

components (protons and polarons, protons and vacancies) there is an óexchangeô diffusivity 

which depends on the individual diffusivity of each exchanging species: 

Ὀ      Equation 3.1a 

Ὀ  ͺ

ͺ
      Equation 3.1b 

where, Ὀ  is the polaron diffusivity, Ὀ  is the proton diffusivity, and Ὀͺ  is the metal vacancy 

diffusivity. Since Ὀ ḻὈ ḻὈͺ , these expressions can be simplified to Ὀ ςὈ  

and Ὀ σὈͺ  (Kohlstedt and Mackwell, 1998). This has led to some confusion in the 

literature ï the diffusivity responsible for generating diffusion profiles is the óexchange 

diffusivityô. However, the Arrhenius figures in Kohlstedt and Mackwell (1998) (their figures 3, 

4, 6) are instead plotting the individual speciesô diffusivities (e.g. Ὀ ), which is a factor of 2 and 

3 slower than the exchange diffusivity. Some studies (e.g. Ferriss et al., 2018) compare results to 

these diffusivities for individual species (e.g. Ὀ ), when instead they should be compared to the 
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óexchange diffusivityô (Ὀ ). In this paper, all discussion of the proton-polaron or proton-

vacancy rates will be based on the exchange diffusivity (e.g. Ὀ ), since this is the raw 

diffusivity that is obtained from modelling experimentally generated diffusion profiles. 

Recent studies have shown that H+ diffusion in natural volcanic olivines is fastest along 

a, yet slower than the proton-polaron rate (Ferriss et al., 2018; Barth et al., 2019; Jollands et al., 

2019). One explanation put forward by Ferriss et al. (2018) and Jollands et al. (2019) is that the 

H+ located in defect sites must first undergo a reaction before diffusing through the crystal at the 

proton-polaron rate. This extra reaction step decreases the óapparentô diffusivity from the true 

proton-polaron diffusivity. In this paper, we use the term óapparent diffusivityô to describe the 

combined effects of diffusion and defect reactions. 

The speed of these reactions is set by the crystal defect structure, and so may vary 

between olivines of different chemistry. For example, the faster apparent H+ diffusivities in 

Fo~80 olivines from Cerro Negro volcano compared to San Carlos and Kilauea olivines (Fo~90) 

were attributed to the olivineôs higher Fe content (Barth et al., 2019). In addition to the 

concentration of Fe, the relative amount of Fe3+ and Fe2+ (which is affected by the fO2 at which 

the olivines last equilibrated) is also thought to affect H+ diffusivity in olivine. Ferris et al. 

(2018) observe faster apparent diffusivity in olivines from San Carlos than from Kilauea, which 

they suggest may be related to the oxidation fugacity at which the olivines equilibrated. The H+ 

concentration itself may also affect the rate of these reactions. Jollands et al. (2019) find 

significantly lower apparent diffusivities in olivine with higher H+ concentrations, despite the 

olivines having similar forsterite and trace element contents. They argue that a higher ratio of H+ 

to trace elements limits the availability of defects available to react with H+, thereby lowering the 
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apparent diffusivity. However, the olivines used in these experiments were metamorphic and 

contained far more H+ than observed in magmatic olivines (~150 ppm H+). 

To explore these proposed compositional effects (forsterite, H2O concentration, fO2 of 

equilibration), we carry out dehydration experiments on a natural olivine phenocryst from the 

3930 BP subplinian Etna Fall Stratified eruption (Coltelli et al., 2005; Kamenetsky et al., 2007). 

Samples from this eruption contain many clear, euhedral, and large olivines which are ideal for 

experimentation. Furthermore, olivine-hosted melt inclusions from this deposit indicate that the 

magma was water-rich (4-5 wt% H2O) and oxidized (NNO + 1.2) at depth (Kamenetsky et al., 

2007; Gennaro et al., 2020), while having similarly high Fo as the Kilauea and San Carlos 

olivines studied in Ferriss et al. (2018). These characteristics make the Etna Fall Stratified 

olivine a good candidate for comparing the relative effects of forsterite, fO2, and H2O 

concentration on H+ diffusivity in olivine. The H+ diffusivities determined here also provide the 

basis for an accurate speedometer with which to quantify decompression rates for the explosive 

Fall Stratified eruption (Chapter 4 of this thesis). 

3.2. Methods 

3.2.1. Sample preparation 

A single Etna Fall Stratified olivine from sample IGSN: IEACB000Y was cut in two and 

both halves polished into cuboids (ETFS-block1 and ETFS-block2 ï see Figure 3.1). Sample 

thicknesses in all three crystallographic directions were measured with a digital micrometer 

accurate to within 5 mm, and are 953 x 670 x 1246 and 953 x 725 x 1246 mm for blocks 1 and 2, 

respectively. Crystallographic directions were determined from crystal morphology and 

confirmed with EBSD. Several hundred microns were polished off the rims, with the goal of 

removing low water rims: the resulting initial H+ profiles are broadly homogenous along a  
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Figure 3.1: Photo of Etna FS block 2 showing configuration of FTIR profiles. Red lines 

indicate electric polar ization  direction, E. Any blemishes in the photo are due to crystal bond 

(which the crystal is mounted in) and laser tracks ɬ neither olivine b locks have inclusions or 

internal fractures.  

(within 6% for block1, 8.1% for block2), apart from the [Mg] peak which shows 16% variation 

along a for block2. Profiles along b and c for block1 show more variability ï up to 30% for the 

[Mg] peak (Figure S3.6Figure S3.7). 

3.2.2. Laser ICP-MS 

LA-ICP-MS traverses were conducted to measure 26Mg, 29Si, 31P, 43Ca, 45Sc, 47Ti, 52Cr, 55Mn, 

57Fe, 59Co, 60Ni, and 66Zn using a Thermo/VG PQ ExCell and ESI 193 nm excimer laser at the 

Lamont-Doherty Earth Observatory (LDEO) after all experiments were complete. The crystals 

were rastered from rim to rim at 3 um/s using a 25-um spot size, 15 Hz, and 2.4 GW/cm2 

following a pre-ablation step to clean the sample surface. Background was collected for 1 min 

with the laser firing. The average background was subtracted from the signal, which was then 

averaged in blocks of 20 points. Initial counts were calibrated using the BIR-1g glass (values in 

Kelley et al., 2003), and some elements were corrected to the certified values for San Carlos 
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olivine (Jarosewich et al., 1980). Measured profiles show limited zonation (< 10 %) and can be 

found in the supplementary data table. 

3.2.3. Dehydration experiments 

Both blocks were heated at 1 atm in increments using a vertical furnace (described in Ferriss 

et al., 2015), with oxygen fugacity held at NNO+1. (Gennaro et al., 2020) by mixing CO-CO2 

gas. ETFS-block1 was heated at 810°C and an oxygen fugacity of 10-12.5 bars for 0.5, 2, 5, 8, 12, 

26 and 40 cumulative hours. ETFS-block2 was heated at 1000°C and an oxygen fugacity of 10-

9.15 bars for 0.5, 1, 2, and 4 cumulative hours. 

3.2.4. FTIR  

Olivine water concentrations were measured through the whole blocks (Ferriss et al., 2015) 

using Fourier transform infrared spectroscopy (FTIR). Spectra were collected using the Thermo 

Nicolet Nexus 670 infrared spectrometer and Thermo Nicolet Continuum 15x infrared 

microscope at AMNH with a spot size of 100x100 mm, resolution of 4 cm -1, and averaged over 

200 scans. We fit a quadratic baseline through the spectra between wavenumbers 3100 and 3650 

cm-1. After subtracting this baseline, we fit gaussian peaks with fixed positions and widths (Table 

3.1) to the spectra to determine defect-specific H+ concentration profiles based on peak areas. We 

calculate absolute water concentrations with the calibrations of both Bell et al. (2003) and 

Withers et al. (2012), although the results of diffusion modelling are only sensitive to relative 

differences in water concentrations and so the choice of calibration has no bearing on our 

diffusivities.  

Between each heating step, H+ profiles were measured with a ZnSe polarizer parallel to 

crystallographic axes. For each crystallographic direction, a profile was measured with the 

electric vector, E, polarized along a and c (Figure 3.1). Each analysis represents an average water 
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concentration along the path of the infrared beam, and an orthogonal series of such 

measurements can be used to determine the diffusivities along each crystallographic direction, as 

described in Ferriss et al. (2015). 

Table 3.1: Position s and widths of modelled peaks . Peak positions are similar to those 

reported in Berry et al., 2005; Berry et al., 2007; Padrón-Navarta et al., 2014. 

Peak wavenumber 

cm-1 

Peak width 

cm-1 

Interpreted 

defect 

3232 78 [Mg]  

3329 29 [triv]  

3359 20 [triv]  

3524 32 [Ti]  

3546 12 [Si] 

3559 11 [Si] 

3573 14 [Ti]  

3600 24 [Si] 

 

3.2.5. Modelling diffusion profiles 

Because of the path-integrated 3D nature of the FTIR profiles, there are various trade-offs 

between the diffusivity along a, b, and c, as well as the H+ concentration at the crystal edge 

(which typically appears to be above zero ï see discussion below). For each diffusion profile, we 

find the best fit values for these parameters that minimizes the misfit between the data and the 

model using the python package scipy.optimize.minimize. Misfit is calculated as the square of 

the difference between the H+ concentration predicted by the whole-block forward diffusion 

model from (Ferriss et al., 2018) and that measured by FTIR, summed for all data points along 

all profiles (a, b, c). Uncertainties in these best fit values are calculated by exploring a grid of 

parameter space (along Da, Db, Dc and edge concentration) and calculating misfit for each grid 

point (see section 3.3.2 below). We scale the misfit such that the reduced …  is 1 at the 

minimum, and calculate ρ„ in each parameter from the bounds on the region in which … ς. 
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3.3. Results 

3.3.1. Defect structure of starting material 

The spectra show absorption peaks related to Mg2+ vacancies (lower wavenumbers, between 

3100 and 3400) and Si4+ vacancies (high wavenumbers, between 3400 and 3700). As found in 

other studies, the peaks are largest with E || a and E || c and so we focus our attention on these 

(Figure 3.2). The peak at 3232 cm-1 is thought to be 2 H+ charge-balanced by a Mg2+ vacancy 

[Mg]  (Lemaire et al., 2004); the peaks at 3329, 3359 cm-1 are a doublet associated with a Mg2+ 

vacancy charge-balanced by H+ and trivalent ion (Fe3+, Cr3+, Al3+) substituting on a metal site 

[triv] (Berry et al., 2007); the peaks at 3524 and 3573 cm-1 are a doublet created by 2 H+ coupled 

with Si4+ vacancy and Ti4+ on a metal site [Ti]  (Figure 3.3, Berry et al., 2005). The [Ti] peaks  

 

Figure 3.2: Spectra taken in the centre of each face before dehydration. For each point, 

spectra are taken with the polarizer in both orthogonal crystallographic directions within the 

measurement plane (e.g. faceA_polB and faceA_pol C are taken on face a (100), with E || b 

[010] and E || c [001]. Total peak area is calculated as the sum of areas with each polarization 

direction, and then converted to H 2O using the Bell et al., 2003 and Withers et al., 2012 

calibrations. For each polar ization direction, there are two possible faces to measure, so we 

calculate total water using both sets of faces (left vs. right plot) and find good agreement. 

Bars to right of each graph show proportion of total peak area contributed from each 

polarizatio n direction.  
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Figure 3.3: Example spectra with the electric polar ization  parallel to a and c. The [Triv] 

peak is the only one to be seen clearly with both polar ization  directions.  

overlap with several smaller peaks which are likely associated with Si4+ vacancies [Si] (Lemaire 

et al., 2004; Berry et al., 2005). The [triv] peaks are seen with E || a and E || c and make up 45 % 

of the total peak area (summing over spectra with E || a and E || c). The [Mg] peak makes up 30 

% of the area, followed by the [Ti] peaks which make up 20%, and the [Si] peaks which make up 

5% (Figure 3.3). 

An initial, exploratory experiment of 30 minutes of heating at 810 oC yielded very little water 

loss, but did smooth out some variation in the initial profiles. Since a diffusion profile did not 

clearly develop, the profiles generated at 30 minutes could not be modelled for diffusivity. 

Instead, these profiles were used as the initial profiles for subsequent dehydration. A comparison 

of the initial and 30-minute peak-specific profiles can be found in the supplement (Figure S3.8). 
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Figure 3.4: Series of dehydration profiles along a, b and c during dehydration at 1000 
oC after 0.5,1, 2, and 4 hours. Curves are generated using best-fit parameters shown in figure 

4. Profiles shown for all modelled defects (figure 2). Note the good agreement of [Triv] with 

E || a and E || c. Diffusivities and e dge concentrations used to model profiles shown in 

figure 6.  

3.3.2. Dehydration 

We observe water loss in experiments at both 810 oC and 1000 oC, which is clearly 

dominated by diffusion along a (Figure 3.4). At both temperatures, diffusivity along a begins at 

~1 log unit below the proton-polaron rate, and appears to decrease by ~ 0.5 log units over the 

course of the experiments (Figure 3.5, Figure 3.6). This is seen for all defects, which have the 
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same diffusivity within uncertainty. An exception is the [triv] defect which begins slower than 

the other defects at 810 oC (5 hours, Figure 3.6), although by 8 hours it has the same diffusivity 

as the other defects. 

On the other hand, at 1000oC, diffusivity along c appears to increase with time, although it 

never exceeds 0.8 log units slower than along a (Figure 3.5). While the best fit diffusivity along c 

increases, the data do not require it within uncertainty ï that is, a good fit to the data can be 

achieved with a constant diffusivity along c (Figure 3.5, Figure S3.1). At 810oC, minima in the  

 

Figure 3.5: Misfit plots for each parameter varied (Da, Db, Dc, edge concentration) for 

experiments at 1000 oC. Mo delled  profiles are for bulk water (sum of all defects) with E|| a.  

Best fit values shown by circles, + - 1 sigma indicated where chi -squared= 2. For Db, a value of 

10-12.75 was imposed since there is no clearly defined minimum (due to the flatness of the 

profiles along b). Arrows above plots show change in parameters over time ɬ decrease in Da 

and edge, increase in Dc. Note that Dc can be fit by a constant diffusivity within error of + - 1 

sigma (shaded triangle).  
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Figure 3.6: Left: Best fit diffusivity along a over time for experim ents at 1000 oC 

(dashed) and 810 oC (solid). Right: Best fit edge concentration as fraction of initial over time. 

The two lines for [Triv] correspond to measurements taken with E || a and E || c. Black lines 

with error bars show bulk diffusivity along a for measurements with E|| a. Errors are +- 1 

sigma from misfit plots in figure 4.  

misfit curves for Dc are less clearly defined or absent and there is no indication that diffusivity 

speeds up (Figure S3.5). When solving for best fit edge and Da at 810oC, we fix Dc to 10-13.5 

m2/s, which fits all profiles well, and prevents the problem of the minimization finding small 

local minima for unrealistic values of Dc. 

The concentration profile along b remains flat throughout the experiments at both 

temperatures and so we can only provide an upper bound on diffusivity along b (Figure 3.4, 

Figure 3.5). The asymmetric nature of the misfit curve for Db means that the best-fit values for 

Db are not particularly reliable or meaningful ï we fix Db at 10-12.75 m2/s at 1000 oC and 10-14.2 

m2/s at 810 oC, which are the highest values that give a good fit for all experimental times. There 

is a negative trade-off between Db and Da, which arises because the profile along a is measured 

with the raypath along b. However, for fitting profiles at 1000 oC if Db is decreased to 10-15 m2/s, 

Da is changed by less than 1%.  
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There is also a positive trade-off between the edge concentration and Da. This is important 

because it means that studies which fix the edge concentration at zero (e.g. Ferriss et al., 2018) 

will underestimate the diffusivity responsible for generating the profile. 

We estimate two bulk H+ Arrhenius relationships for Da, one for the start and one for the end 

of the experiments (Figure 3.7). Since the diffusivity is the same for all defects, this bulk 

diffusivity is equivalent to the peak-specific diffusivities. The values of Q and Do area given in 

figure 7. The rates that we observe along a are approximately one order of magnitude slower 

than the proton-polaron rate but several orders of magnitude faster than the proton-vacancy rate, 

and in good agreement with the results of a recent study of other Fo~90 olivines from San Carlos 

and Kilauea Iki (Ferriss et al., 2018). The Arrhenius law along b is based on the upper bounds of 

diffusivity described above since the profiles are flat along b. Although Dc increases over time at 

1000 oC, the experiments at 800 oC do not show a trend with time, so we calculate a single 

Arrhenius law using a value of 10-12.05 at 1000o which fits profiles at all times (Figure 3.5). As 

with Da, Dc is also 1ï1.5 log units slower than the proton-polaron mechanism along c, although it 

also aligns with the proton-vacancy mechanism (Figure 3.7). 

3.4. Discussion 

3.4.1. Common peak-specific diffusivity 

We find that all defect peaks show diffusion profiles which can be fit with the same 

diffusivity (to within 0.25 log units, Figure 3.6). In contrast, Padrón-Navarta et al. (2014) found 

for pure forsterite that different defects have distinct diffusivities with differences over three 

orders of magnitude, far exceeding any reasonable uncertainty. Moreover, the peak-specific 

diffusivities measured by Padrón-Navarta et al. (2014) are significantly slower than all of the  
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Figure 3.7: Arrhenius diagram for H diffusion in olivine. Blue and green shaded 

region shows 95% confidence envelopes for previous measurements of proton -polaron rate 

(redox ɬ Kohlstedt & Mackwell 1998) and proton -vacancy rate (PV ɬ Demouchy & Mackwell 

2003) during hydration of San Carlos olivine. Note that envelopes and solid blue lines are for 

D exchange, dashed blue lin es below are for D H (see introduction text for more details). Black 

dotted lines show peak -specific measurements from dehydration of synthetic forsterite 

(Padrón-Navarta et al. (2014). Blue line shows measurements on natural Kilauea Iki olivines 

(Ferriss et al., 2018). Purple arrow at 800 oC shows range of measurements on San Carlos 

olivine, which slowed down over time (Ferriss et al., 2018). Arrhenius laws for Etna Fall 

Stratified (this study) shown in red. Red arrows show Da slowing down and Dc (at 1000 oC) 

speeding up over the course of experiments. Estimates for bulk H diffusivity in unoriented 

MI -bearing olivines shown by grey ellipse (Portnyagin et al., 2008; Mironov et al., 2015; Chen 

et al., 2011; Gaetani et al., 2012). The activation energies (Ea) and pre -exponential factors (D0) 

for our Arrhenius laws are provided in the inset table.  

diffusivities we report here. This highlights the importance of Fe for H+ diffusion in olivine ï in 

pure forsterite, there can be no proton-polaron diffusion and so the diffusivities that Padrón-

Navarta et al. (2014) measure are closer to the true diffusivity of each defect. In Fe-bearing 
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olivines, the proton-polaron diffusion mechanism can occur, and since it is orders of magnitude 

faster than the inherent defect-specific diffusivities, it dominates the water loss. H+ must react 

out of its defect site in order to diffuse via the proton-polaron mechanism, so the apparent 

diffusivities that are expressed in our diffusion profiles are not true diffusivities, but a 

combination of diffusion and reaction (Ferriss et al., 2018; Jollands et al., 2019). Furthermore, 

the similarity in peak-specific diffusivities that we observe suggests that the reaction constants 

are similar for all defects, that is, H+ is equally able to react out of any defect site. 

We propose that these reactions require Fe2+ occupying a metal site near a H+ defect ([triv], 

[Ti], [Si], [Mg]). For all defects, the H+ reacts with this Fe2+ to form Fe3+: 

[Si]: 

τὌϽ  ὠ  ὊὩ ὬϽ  σὌϽ  ὠ  ὊὩϽ  ὌϽ  Equation 3.2a 

[Mg]:  

 ςὌϽ  ὠ  ὊὩ ὬϽ  ὌϽ  ὠ  ὊὩϽ ὌϽ  Equation 3.2b 

[triv]:  

ὌϽ  ὠ  ὊὩϽ  ὊὩ ὬϽ  ὠ  ςὊὩϽ  ὌϽ  Equation 3.2c 

[Ti]:  

ςὌϽ  ὠ  ὝὭϽϽ  ὊὩ ὬϽ  ὌϽ  ὠ  ὝὭϽϽ ὊὩϽ ὌϽ Equation 3.2d 

 

These reactions are written in Kröger-Vink notation (Kröger and Vink, 1956), in which 

curly brackets {} denote charge neutral defect associations, subscript indicates the site location 

(m = octahedrally coordinated metal site or Si = tetrahedral silicon site), and superscript indicates 

the charge. For example, ὝὭϽϽ references a Ti4+ located on a metal vacancy with an overall charge 

of +2. ὠ  is a Si vacancy with a charge of -4. Note that the product of the reaction for [Mg] is 
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the [triv] defect ï the [triv] defect could be seen as an intermediate step in the full dehydration of 

the [Mg] defect. A polaron (electron hole) is denoted by ὬϽ, which can be thought of as the 

excess charge on a Fe3+. After reacting out of its defect site, the H+ is then activated to diffuse 

rapidly via the proton-polaron mechanism, charge-balanced by a counter flow of polarons: 

ὌϽ  ὬϽ    Equation 3.3a 

Or, since the polarons are thought to be associated with the excess charge of Fe3+, this can be 

written as: 

ὌϽ Ὡ  ὊὩ   ὊὩ ὊὩϽ  Equation 3.3b 

3.4.2. Temporal changes in apparent diffusivity 

We observe that the apparent diffusivity along a slows down by ~ 0.5 log units over the 

course of the experiments (4 hours at 1000 oC, 40 hours at 810 oC). Since the true proton-polaron 

diffusivity should be time-invariant, it follows that this apparent decrease must be related to the 

reaction step. In all of the reactions written above, the key reactant allowing the reaction to 

proceed is Fe2+. As dehydration progresses, Fe2+ is oxidized to Fe3+ and Ferriss et al. (2018) 

proposed that this (very slight) build-up of Fe3+ could slow down the reactions. Jollands et al. 

(2019) argued that there was essentially an infinite source of Fe2+ relative to H+. However, for an 

olivine with Fo ~ 90, only 1/10 metal sites will be occupied by Fe, which is less than one Fe per 

unit cell (the unit cell contains four formula units ï 8 metal sites). Consider the reactions above: 

only the [triv] defect fully dehydrates after one reaction with Fe2+. The other defects, which 

contain multiple H+ ions, require more than one reaction to lose all of their H+. When the first 

dehydration reaction step occurs and the nearby Fe2+ is oxidized to Fe3+, the remaining H+ in that 

defect will be trapped until another Fe2+ (which is likely more than a unit cell away) diffuses to 

the defect. The diffusivity of Fe-Mg exchange in olivine at 1000 oC is ~ 10-17 m2/s (Dohmen and 
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Chakraborty, 2007), many orders of magnitude lower than H+ diffusion. However, for length 

scales on the order of the unit cell (5-10 ὃ), the time scales implied by these diffusivities is less 

than a second, so short distances of Fe diffusion during the experiments should be possible.  

It appears that at 1000 oC the diffusivity along c increases, although it is possible to fit the 

profiles reasonably well with a constant D (Figure 3.5, Figure S3.1). This increase along c has 

not been found in previous studies (although the profiles in Ferriss et al. (2019) do not rule it 

out), and we do not have a good explanation for it, or why it is absent at 800 oC. Focusing first 

on an explanation for the increase along c, it is possible that the relatively oxidizing conditions of 

the furnace set by gas mixing (NNO+1.2) promotes the formation of vacancies and Fe3+ at the 

olivine-gas interface, as described in Equation 3 of Nakamura and Schmalzried (1983): 

φὊὩ ὛὭὕ ὕ  ςὠ τὊὩϽ ὊὩὛὭὕ         Equation 3.4a 

In a 1 atm. gas mixing furnace, it is unclear where the ὛὭὕ could come from, but the reaction 

could instead be written as: 

φὊὩ ὕ  ςὠ τὊὩϽ ςὊὩὕ  Equation 3.4b 

which would create wüstite (FeO) at the crystal-gas interface. 

The proton-vacancy diffusivity should be independent of the vacancy concentration. 

However, the diffusivity of Fe-Mg exchange is enhanced by increasing vacancy concentrations, 

so it is possible that H+ defects have a faster supply of Fe2+ along c, which allows for faster 

reactions. The absence of an increase in Dc over time at 800 oC could be due to the higher 

activation energy of the proton vacancy compared to the proton polaron mechanism (258 kJ 

versus 130 kJ ï Mackwell and Kohlstedt, 1990; Demouchy and Mackwell, 2006). At 800 oC, the 

proton vacancy mechanism || c is 3.4 log units slower than proton polaron || a, while at 1000 oC it 

is only 2.4 log units slower. 
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One of the exciting applications of H+ diffusion in olivine is as a chronometer of magma 

decompression (e.g., Newcombe et al., 2020; Barth and Plank, 2021). For such an application, 

what are the implications of an apparent diffusivity that changes over time? Is the diffusivity at 

the start or end of the experiments most relevant for modelling diffusion during magma ascent? 

If our view that the decrease is due to a build-up of Fe3+ is correct, we would expect that the 

apparent diffusivity has been slowing down monotonically since dehydration first began during 

magma ascent in the conduit for this natural crystal. In this case, the diffusivity at the start of 

decompression in the conduit may actually have been faster than we observe at the start of our 

experiments. After a period of dehydration during ascent in the conduit, water loss will become 

rate-limited by the reactions, and the apparent diffusivity will slow down from the proton-

polaron rate.  

If our interpretation that water loss and a build-up of Fe3+ cause the decrease in apparent 

diffusivity, we would expect that olivines that have undergone hydration immediately prior to 

dehydration would show faster apparent diffusion. That is, the build-up of Fe3+ during 

dehydration should be reversible during hydration. Natural olivines from Kilauea (Ferriss et al., 

2018) and Etna (this study) both begin dehydration at apparent diffusivities of ~ 1 log unit lower 

than proton polaron. By contrast, Ferriss et al. (2018) found that the apparent bulk diffusivity for 

the San Carlos olivine began much faster, at near proton-polaron rates, slowing down by ~ 0.7 

log units by the end of their experiments (Figure 3.7, Figure 3.8). The San Carlos olivines were 

experimentally hydrated before dehydration, which would have likely resulted in a close 

association of H+ defects and Fe2+ at the start of dehydration, allowing fast reactions. Under these 

conditions, the reactions were not rate limiting at the start of the experiments and so the apparent 

diffusivity is closer to the true proton-polaron diffusivity. 
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Figure 3.8: Schematic of H + diffusivity along a as a function of time. Purely schematic 

with no scale because of the different temperatures of experiments and magma ascent, 

leading to different timescales and diffusivities. The Arrhen ius law that we measure at the 

start of our experiments may correspond to the final diffusivity active during magma ascent. 

For modelling magmatic processes, the proton polaron rate (dashed line) or the diffusivity 

measured at the start of our experiments are more relevant than the diffusivity observed at 

the end of the experiment. San Carlos olivines were experimentally hydrated before they 

were dehydrated, which may explain why the initial diffusivities during dehydration are 

higher than ours. Lines are d ashed beyond experimental hydration because we do not know 

how slow diffusivity became during dehydration in the volcanic conduit and lava flow (since 

this was erased by subsequent hydration).  

Therefore, the relevant diffusivity for modelling H+ in olivine diffusion profiles generated 

during degassing on magma ascent probably evolves from the proton-polaron rate to a slower 

rate that depends on the forsterite of the olivine (see section 3.4.4). Given uncertainties, it seems 

reasonable to use a constant diffusivity ï either the proton-polaron rate as an upper bound, or a 

reaction-limited rate dependent on forsterite (section 3.4.4) as a lower bound.  

3.4.3. Edge concentration 

One surprising feature of the diffusion profiles is the need for a finite boundary condition, 

that is, the H+ concentration does not reach zero at the crystal edge, nor can it be reasonably 

extrapolated to zero. In our fitting procedure we treat the edge concentration as a free parameter 

and find the best-fit value at each time which minimizes the misfit. Over the course of the 
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experiments, the best-fit edge concentration decreases from 50% to 12% at 1000 oC and from 

68% to 27% at 810 oC. If the edge concentration is fixed at zero, the fits are significantly worse 

and the best-fit diffusivity along a decreases markedly ï for profiles after 8 hours at 810 oC, the 

diffusivity along a changes from 10-11.72 m2/s if the edge concentration is a free parameter to 10-

12.58 m2/s if the edge is pinned to zero (Figure S3.2).  

Similarly, for modelling H+ profiles in natural olivines to determine magma ascent 

timescales, if the profiles trend to finite values at the edge but are modelled with an edge 

concentration of zero, this would bias the timescales to shorter ascent times. Newcombe et al. 

(2020) found finite edge concentrations in H+ profiles for natural olivines from Seguam, Kilauea, 

and Cerro Negro. They incorporate this finite edge concentration into their modelling by varying 

the partition coefficient, kd ï a higher kd means that more H+ is incorporated into the olivine for a 

given pressure and melt H2O concentration. 

Non-zero edge concentrations in lunar glass beads have been modelled by a combination of 

diffusion and evaporation from the bead surface (Fogel and Rutherford, 1995; Saal et al., 2008). 

However, the timescales investigated for the lunar beads were far shorter (~300 s) than those of 

these experiments, and it seems unlikely that H+ evaporation is rate-limiting on timescales of 

hours in a furnace at 810 or 1000 oC and 1 atm.  

Another possibility is that the oxidation reaction (Equation 3.4b) creates FeO and Fe3+ at the 

olivine-gas interface, changing the local kinetics such that H+ loss at the interface is hindered, 

and thereby pinning the H+ edge concentration to values above zero.  

Alternatively, the finite edge concentration could be understood within the coupled reaction-

diffusion scheme described above. If the local arrangement of defects becomes less favourable 

for reactions as dehydration progresses, the reactions will be slowest at the crystal edge where 
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water loss is highest. With a spatially varying reaction rate (highest in the centre, lowest at the 

edges), this could cause an apparent build-up of H+ at the crystal edge. Thus, the same 

underlying phenomena creating the decrease in apparent diffusivity may be responsible for finite 

concentrations of H+ at the crystal edge. 

There are some similarities between the profiles we observe and those modelled by Thoraval 

and Demouchy (2014). They model the combined effect of simultaneous proton-polaron and 

proton vacancy mechanisms, assuming that the two processes do not interact, and that there are 

finite óreservoirsô of H+ that can diffuse via each mechanism. Initially, a proton-polaron diffusion 

profile develops along a with edge concentrations equal to the amount of H+ stored in the proton-

vacancy reservoir (which can never be accessed by the proton-polaron mechanism). Once the 

proton-polaron reservoir is used up, the proton-vacancy takes over and the anisotropy becomes 

fast along c (see their figure 6). The modelling approach in Thoraval and Demouchy (2014) is 

largely informed by hydration experiments, in which a clear transition occurs between an initial 

fast proton-polaron mechanism, followed by the proton-vacancy mechanism. This transition 

makes sense for hydration experiments since the proton-polaron mechanism for hydration 

requires Fe3+, which exists in such small quantities in olivine that it can be used up. Once the 

proton-polaron mechanism exhausts the available Fe3+, it can no longer occur, and so diffusion 

proceeds at the proton-vacancy rate. However, this is not the case during dehydration, since Fe2+ 

exists in high enough quantities that it is always available to facilitate the proton-polaron 

mechanism. Instead of the abrupt transition modelled in Thoraval and Demouchy (2014) with 

entirely separate reservoirs for proton-polaron and proton-vacancy mechanisms, we favour a 

more gradual transition for dehydration. At each time step, the edge concentration may represent 

a reservoir of H+ that is temporarily unable to diffuse via the proton-polaron mechanism, i.e. 
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defects that are less favourably located with respect to Fe2+. Over time this reservoir shrinks (and 

the edge concentration drops) as Fe2+ diffuses to the ólockedô H+ and reacts with it, enabling the 

H+ to diffuse via proton-polaron.  

3.4.4. Effect of forsterite, H2O, and fO2 

We now return to the question laid out in the introduction: how does the olivine forsterite 

content, H+ concentration, and the fO2 at which it last equilibrated affect the H+ diffusivity? The 

olivines in this study from the Fall Stratified eruption of Etna are the most hydrous magmatic 

olivines for which H+ diffusivity data exist, with 42 or 66 ppm H2O (depending on calibration ï 

see Figure 3.2). The close agreement between our results and those for Kilauea Iki olivines 

(Ferriss et al., 2018), which had considerably lower H+ concentrations and fO2 (Table 3.2), 

suggests that at least within the ranges explored so far, the effect of H+ and fO2 on H+ diffusivity 

is negligible. While San Carlos olivine ended the experiments with an apparent diffusivity 

similar to the Etna FS olivines, they began much faster, which may be a result of the 

experimental hydration immediately prior to dehydration. 

Of the experimentally dehydrated magmatic olivines, the highest diffusivity is exhibited by 

those from Cerro Negro (Barth et al., 2019). These olivines do not have remarkable fO2 and H+ 

compared to the range, but have significantly lower forsterite, suggesting that the forsterite  

Table 3.2: H2O, fO 2 and forsterite of experimentally dehydrated magmatic olivines. (1) 

Ferriss et al. (2018); (2) Barth et al. (2019); (3) This study. 

Sample H2O concentration (ppm) 

(calibration of Bell et al., 2003) 
fO2   ЎNNO Fo % 

San Carlos1 4.5 ppm (14 ppm after 

annealing) 
NNO (during annealing) 88 

Kilauea Iki 1 19 ppm NNO ï 0.45 86 

Cerro Negro2 9 ppm NNO + 0.25 79 

Etna Fall-Stratified 3 66 ppm NNO + 1.2 90 
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content is the dominant control on the diffusivity during dehydration of natural olivine. The 

Cerro Negro olivines also did not show a decrease in apparent bulk H+ diffusivity over time, 

supporting the hypothesis that the availability of Fe2+ plays a key role in the temporal evolution 

of apparent diffusivity. 

3.5. Conclusions 

Our results indicate that the forsterite content has the largest effect on apparent diffusivity of 

H+ in olivine. Within the range studied, we find no clear effect of H2O concentration or the fO2 at 

which the olivines last equilibrated. Despite some complexities, the apparent diffusivities that we 

measure for bulk H+ diffusion are broadly similar to those determined by Ferriss et al. (2018). 

The six order of magnitude variation in diffusivity reported in previous experimental works is 

thus beginning to collapse and converge to a common Arrhenius relationship for natural, Fe-

bearing olivines.  

The presence of Fe appears to affect diffusion from all modelled defects and allows them to 

all lose water at the same rate. Thus, the differences in peak-specific diffusivities found by 

studies on Fe-free olivines are unlikely to be relevant in nature. This is an important finding as it 

validates the use of methods that can only measure bulk water, such as SIMS. Many olivines in 

natural samples are too small and do not have enough H+ to show well-resolved FTIR peaks 

when doubly polished, so SIMS may be the only method able to measure H+ diffusion profiles.  

In agreement with results from Ferriss et al. (2018), we find that the apparent diffusivity 

along a decreases over time by ~ 0.5 log units. This may be the result of a localized build-up of 

Fe3+ around partially dehydrated defects, which effectively traps the remaining H+ until it comes 

into contact with an Fe2+ that it can react with. Extrapolating backwards in time from our 

experiments to magma ascent in a volcanic conduit, the apparent diffusivity in Fe-bearing 
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olivines may begin at or near the proton-polaron rate and slow down monotonically. Therefore, 

the relevant diffusivity for modelling volcanic processes may lie between the proton-polaron rate 

(at the initial depth in the conduit) and the initial apparent diffusivity that we measured in the 

laboratory (on the erupted crystal that experienced the full ascent history). This range in 

diffusivity propagates to a large uncertainty in modelled decompression rates (~ 0.75 log units in 

chapter 4). Further work to understand the temporal evolution of diffusivity would be highly 

valuable. 

The use of an óapparent diffusivityô to incorporate the combined effects of diffusion plus 

reaction may be sufficient for first order modelling of H+ diffusion profiles, however, there is 

clearly much richness in the data that this approach misses. The data presented in this paper 

could be used to develop a coupled reaction-diffusion model, which may shed light on both the 

finite edge concentration and the temporal variations in apparent diffusivity. 
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4. Chapter 4: Rapid ascent from near Moho depths during the Etna 

Fall Stratified eruption  

4.1. Introduction  

Basaltic volcanism occurs over a vast range of scales and styles, from effusive lava flows, to 

Strombolian, Hawaiian, and up to Plinian eruptions (Houghton and Gonnermann, 2008). Etna is 

a prime example of a volcano which hosts all of these different eruption styles (Coltelli et al., 

1998; Del Carlo and Pompilio, 2004; Branca and Del Carlo, 2005; Andronico et al., 2009; 

Moretti et al., 2018). The transition between lava flows, Strombolian, and Hawaiian eruption 

intensity has typically been attributed to varying degrees of coupling between the magma and 

exsolved vapour bubbles ï more explosive behaviour occurs when bubbles are trapped within a 

rapidly ascending magma (Parfitt and Wilson, 1994; Houghton and Gonnermann, 2008; Namiki 

and Manga, 2008). On the other hand, the mechanisms that drive basaltic magma to form 

explosive subplinian and Plinian eruptions are less well understood. These high intensity 

eruptions are thought to require brittle fragmentation, which is difficult for basaltic magma to 

undergo on account of its low viscosity (Giordano and Dingwell, 2003; Houghton and 

Gonnermann, 2008; Goepfert and Gardner, 2010b; Moitra et al., 2018; Bamber et al., 2020).  

In this context, the 3930 BP subplinian Fall Stratified eruption of picritic magma at Etna 

represents an extreme example of this mystery. The magmaôs high temperatures and H2O 

concentration, and low SiO2 concentrations and crystallinity, all act to lower viscosity (Coltelli et 

al., 2005; Kamenetsky et al., 2007), and yet this eruption was one of Etnaôs most explosive. The 

challenge of explosively erupting a low viscosity picritic magma is highlighted by their rarity; 

Coltelli et al. (2005) point out that the Fall Stratified eruption is the only known subplinian 

eruption of a picritic magma. 
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The primitive and uniform olivine population of the FS magma (Fo 90ï91) points to 

relatively fast magma ascent from great depths, at or near the Moho (e.g. Ruprecht and Plank, 

2013). The high density of picritic basalt presents a challenge for its ascent through the entire 

span of the crust (Anderson, 1995). Corsaro and Pompilio (2004) show that the FS magma 

needed to maintain its vapour phase or it would stall in the mid crust. 

It has been proposed, on the basis of experiments, modelling, and field observations of 

geysers, that the plume height (and explosivity) of an eruption is positively correlated with the 

depth from which the eruption was sourced (Namiki and Manga, 2005; Namiki and Manga, 

2006; Reed et al., 2021). Shock tube experiments on bubble-bearing viscoelastic fluids show that 

more violent fragmentation occurs for larger pressure drops and initial bubble volume fractions 

(Namiki and Manga 2005, 2006). Greater source depths and higher vesicularity mean more 

potential energy to be converted into kinetic energy and consequently faster expansion velocities. 

Therefore, fast decompression of a volatile-rich magma from near Moho depths may have been 

responsible for the subplinian explosivity of the Fall Stratified eruption. 

 Coltelli et al. (2005) propose that the Fall Stratified eruption was propelled by high 

volatile concentrations (in particular CO2) causing early exsolution deep in the crust and 

consequently high rates of magma decompression. We aim to test this hypothesis by determining 

the primary volatile concentrations and decompression rates of the magma. Ultimately, we want 

to understand how a picritic magma is able to ascend through the entire crust without stalling, 

mixing with other magmas, or crucially, losing its vapour, in order to erupt with the most 

explosive intensity ever documented for a picritic magma.  
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4.1.1. Background 

The Fall Stratified eruption of Etna (3930 BP) produced voluminous pyroclastic flow 

deposits (0.055 km3 dense rock equivalent ï Coltelli et al., 2005), which attained thicknesses of 

110 cm at distances of 7 km from the vent. The plume height has been estimated as 18ï20 km 

from isopleth mapping, which Coltelli et al. (2005)  modelled using the expression in Wilson and 

Walker (1987) to infer mass eruption rates of σȢτ ɀ υȢς ρπ kg/s and a high explosive energy 

(VEI 4, subplinian). As suggested by its name, the Fall Stratified eruption deposit consists of fine 

scale layering between finer and coarser lapilli. Coltelli et al. (2005) argue that the deposit 

reflects ñthe formation of a sustained eruptive columnò and interpret the layering as reflecting 

oscillations in plume height. Furthermore, the lack of lithics and fine particles supports a 

magmatic rather than phreatic origin of the eruption. The Fall Stratified eruption marks an 

important event in Etnaôs history ï the frequency of explosive eruptions doubled after the FS 

eruption (Coltelli et al., 2000), suggesting that it may have fundamentally altered the magmatic 

plumbing system beneath Etna and/or signals a change in the mantle melting process. 

Previous work has established the key compositional features of the FS magma (Kamenetsky 

et al., 2007; Correale et al., 2014; Corsaro and Métrich, 2016; Gennaro et al., 2019; Gennaro et 

al., 2020). The erupted magma is notable for its picritic composition ï unusual for Mt. Etna and 

not erupted since the FS eruption. Whole rocks have 12ï17 wt% MgO, melt inclusions (MIs) 

have 9ï10 wt.% MgO, and most olivines are Fo 89ï91 (although Coltelli et al. (2005) find Fo as 

low as 83, most of their olivines were 89ï91 and other studies ï Kamenetsky et al., 2007; 

Gennaro et al., 2019 ï and this study find exclusively Fo 89ï91 olivines). Most olivines are 

unzoned (Coltelli et al., 2005). Another unusual aspect of the FS whole rocks and melt inclusions 

is the high CaO/Al2O3 ratios (1.1ï1.5; Kamenetsky et al., 2007). No other eruptions from Mt. 
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Etna have such elevated CaO/Al2O3, and no other subduction-related magma in the world has 

such high CaO/Al2O3 (Turner and Langmuir, 2015). The tephra contains high Mg olivines, 

clinopyroxenes (Mg# 90ï91), and Cr spinel. Inclusions of high Mg # clinopyroxenes within 

olivines indicate early crystallization ï a sign of high pressures of crystallization (Kamenetsky et 

al., 2007) and also consistent with the high CaO/Al2O3. Furthermore, high concentrations of 

volatiles (~ 4 wt% H2O, 3500 ppm CO2) have been measured in melt inclusions, giving 

equilibrium pressures of ~ 500 MPa (Kamenetsky et al., 2007; Gennaro et al., 2019).  

A major issue with the FS samples is that melt inclusions contain a vapour bubble that is 

typically coated in Ca-Mg carbonates (Kamenetsky et al., 2007). Therefore, despite the already 

high measured CO2 concentrations, the true CO2 concentrations at the time of MI entrapment, 

and inferred equilibrium pressures, are likely to be even higher. Previous work over the past 

years has demonstrated that the CO2 concentrations in melt inclusion bubbles may contain > 80% 

of the bulk melt CO2 (e.g. Moore et al., 2015), and so it is of paramount important to reconstitute 

the CO2 in melt inclusions before being able to estimate either a) the depth of melt inclusion 

entrapment or b) the primary volatile contents of the magma.   

In this paper, we have two main goals. The first is to estimate the total concentration of CO2 

in the MIs, which may provide insight into the unusual conditions responsible for the high 

explosive energy of this eruption, as well as the pressures at which the Fall Stratified magma was 

derived. To this end, we perform rehomogenization experiments to resorb the MI vapour bubble 

and estimate total CO2 concentration. Secondly, this eruption has one of the highest estimated 

mass eruption rates (MER) of any mafic eruption that has been studied for decompression rate, 

and the highest MER for any eruption of a picritic magma ï we want to test whether this high 

MER is mirrored in decompression rate. We apply our understanding from chapter 3 of H+ 
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diffusion in olivine from this same eruption to model diffusion profiles measured in 18 olivine 

phenocrysts. These olivines are well suited to this line of inquiry since they are large, crack-free, 

euhedral, and many are free of melt and crystal inclusions. 

4.2. Sample description 

Tephra from the Etna Fall Stratified eruption contains large (up to 5 mm) and euhedral 

olivine and clinopyroxene crystals, along with microcrystals of Cr-spinel (Coltelli et al., 2005; 

Kamenetsky et al., 2007; Gennaro et al., 2019). Melt inclusions within olivines have a range of 

shapes from órugby ballô to ópancakeô and all show clear faceting with scalloped edges (Figure 

4.1). When viewed down the b axis MIs are typically oval to spherical, while along a or c they 

show more of a hexagonal shape. The ótipsô of the hexagons correspond to a plane (010) with a 

halo of micro fluid inclusions (Figure 4.1b). This texture has been described elsewhere and may 

indicate partial decrepitation (Anderson JR, 1974; Portnyagin et al., 2005). Cr-spinels are 

common inclusions in olivine, and more than 70% of the studied MIs contain a tiny Cr-spinel 

(Figure 4.1, Supplementary data table). Clinopyroxene can also be seen as inclusions within 

olivine (Figure 4.1c) and were measured to have high Mg # (~90) by Kamenetsky et al. (2007). 

All melt inclusions contain a vapour bubble accounting for 4ï10 vol% of the melt inclusion 

volume (Supplementary data table). The bubbles are typically coated in Ca-Mg-bearing 

carbonates (Figure 4.1b and Kamenetsky et al., 2007). Many olivines contain clearly decrepitated 

MIs, characterized by an abnormally large vapour bubble and patterns of fluid inclusions 

radiating away from the MI along a planar crack (Figure 4.1a). For our MI study, we selected 

euhedral olivines in which the crystallographic directions can be determined and that contain 

MIs which  
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Figure 4.1: Photographs of ETFS MI textures (a) Decrepitated MI containing a Cr -

spinel with fluid inclusions radiating away from the MI along  a planar crack. Note the large 

bubble size, which is a feature of these decrepitated MIs. (b) Typical Etna FS MI containing 

tiny Cr -spinel and vapour  bubble lined with Ca -Mg carbonates. Photo is looking down b. 

The halo of tiny fluid inclusions around the MI is ubiquitous in this sample. (c) Inclusion of 

melt and clinopyroxene within olivine. (d) capsule for IHPV experiments. Individual 

olivines are separated by gently crimping around them in order to compare before and after 

photos. 

do not include any large crystal phases (apart from the tiny Cr-spinel which are present in most 

MIs ï Figure 4.1) and do not show signs of decrepitation (aside from the óhaloesô, which are 

present around all MIs ï Figure 4.1). For modelling H+ diffusion profiles within the olivine, we 

selected euhedral, oriented olivines which are inclusion-free. Crystal orientation was determined 

from morphology (in this sample, the long axis is along c) and confirmed for 28 crystals with 

EBSD. 
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4.3. Methods 

4.3.1. Piston cylinder rehomogenization experiments 

We performed piston-cylinder experiments at Lamont Doherty Earth Observatory with the 

help of Dave Walker (and following procedures generally outlined in Rasmussen, et al., 2020), in 

order to dissolve CO2 from the vapour bubble back into the glass of the melt inclusions. These 

experiments were ultimately unsuccessful as the melt inclusions grew many tiny crystals and 

bubbles during the experiments, becoming opaque and therefore impossible to analyse by 

techniques that require well-polished glass (SIMS) or a clear optical path (FTIR). We briefly 

outline these experiments here as a reference for others attempting similar experiments.  

Several (4ï6) olivines were placed in a Pt capsule along with brucite and KBr. The brucite 

serves to release water into the capsule once a critical temperature is exceeded. The KBr, which 

is a molten brine during the experiment, provides a soft pressurizing medium to transfer 

directional stress into homogeneous pressure on the olivines, and can be dissolved after the 

experiments with water. The Pt capsule was placed within a ceramic jacket (Al2O3) with MgO on 

either side. This unit was placed inside a graphite heater within a pressure medium of BaCO3 

(different materials for pressure media were tried ï see Table S4.1 and following discussion). 

Experiments were run at a variety of temperatures (1200ï1400 oC) and 7 kbar for 1ï2 hours. 

After all experiments, melt inclusions appeared opaque, and polishing into them revealed tiny 

‘m-scale bubbles and crystals (Figure S4.1). One possibility is that the quench rate of the piston 

cylinder is not fast enough to quench these mafic, hydrous, and CO2-rich melt inclusions. The 

quench rate is primarily limited by heat dispersion through the pressure medium so we changed 

the pressure medium to materials with higher thermal conductivity than BaCO3, for example, 

MgO, CaF2, and hBN. The problem that we encountered with these more conductive materials 
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was that they drew too much power and often could not achieve the experimental temperature 

(Table S4.1). In one instance, the Pb foil surrounding the pressure medium (as a lubricant) 

melted and percolated through the MgO sleeve, shorting the thermocouple. Subsequent 

experiments used a stainless-steel foil instead of Pb. Quench rates were measured for a pressure 

medium of MgO using a data logger and found to be ~ 110 oC/s (comparable to published rates 

from Gavrilenko et al., 2019). Regardless of the pressure medium tried, the quench rate was 

never fast enough, and so we turned to the internally-heated pressure vessel (IHPV), which is 

thought to have a much faster quench rate (Holloway et al., 1992). Although difficult to measure, 

conductive cooling models predict several hundred degrees of cooling per second.  Moreover, 

recent work by Mironov et al. (2015) demonstrated the successful homogenization of primitive 

melts from Kamchatka using an IHPV technique. 

4.3.2. IHPV rehomogenization experiments 

Experiments were conducted by Barth and Mironov using a vertically-oriented internally-

heated pressure vessel (IHPV) at the Institute of Mineralogy, Leibniz University in Hannover. 

The capsules were made from Pt tubing with an internal diameter of 3 mm, wall thickness of 0.2 

mm and length of 25 mm (Figure 4.1d). These were annealed for 20 minutes at 950 oC, quenched 

in water and then cleaned in acetone in an ultrasonicator. One end was welded shut and 

individual crystals were then loaded into the capsule, crimping the capsule around each crystal to 

keep them separated from each other (Figure 4.1d). This was done in part to prevent the crystals 

from breaking or fusing together and also allowed for easier identification of each crystal 

afterwards so that before and after photographs could be compared.  

For wet experiments, de-ionized water was pipetted into the base of the capsule. Welding the 

top of the capsule led to some volatilization and escape of the water but weighing the capsule 
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proved that most of the water remained. For the first dry experiment, the capsule was welded 

shut, however, after this experiment the sides of the capsule were stuck together and difficult to 

open, and the olivines were all crushed. For the second dry experiment, the ends of the capsule 

were crimped shut, not welded, and this yielded better results. 

After loading, the capsules were weighed, heated at 110 oC for two hours or more and then 

weighed again to check for leakages. For each experiment, two capsules were placed next to 

each other in the sample holder. Experiments were carried out at ~ 4 kbar and temperatures of 

1250, 1280, and 1330 oC (table 1). After ten minutes at experimental temperature, a high voltage 

was supplied to the wire on which the samples hung, dropping the samples to the base of the 

assembly where they quenched at > 300 oC/s.  An oxygen fugacity of QFM + 1 was imposed by 

introducing a given amount H+ into the assembly, but we suspect the experiments were too short 

for this to equilibrate inside the capsule. 

4.3.3. SIMS 

Volatile abundances in rehomogenized melt inclusions were measured using the 1280HR at 

CRPG in Nancy, France. Analyses were carried out by Yves Moussallam and Estelle Rosa-Koga 

in July 2020. An indium mount was prepared with singly-polished rehomogenized FS olivine-

hosted melt inclusions. The mount was gold-coated and left to outgas in the sample chamber 

until the vacuum reached 1.2 x10-9 Torr. 

A primary beam of Cs+ was tuned to obtain a current of 0.45 nA and an accelerating voltage 

of 10 kV, and the following ions were measured from the secondary beam: 12C-, 17O-, 16O1H-, 19F-

, 27Al -, 30Si-, 32S- and 35Cl-. The raster size was 10 ‘m during the presputter (240 s) and decreased 

to 3 ‘m during the analyses (470 s).  
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The calibration for C was noisy and deviates significantly from typical calibration curves for 

the same instrument (Supplementary data table). To check the calibration, one rehomogenized 

MI and two check standard glasses were removed from the indium mount, doubly polished, and 

measured by FTIR. These values were then used as the calibration line (Supplementary data 

table). We hope to remeasure several rehomogenized MIs by SIMS in the coming year.  

While the main purpose of checking the SIMS results with subsequent FTIR was to 

determine a C calibration, the H2O concentration of the rehomogenized MI was 17% lower by 

FTIR than by SIMS (3.47 vs 4.16 wt%). We have no reason to suspect that the SIMS H2O 

calibration was inferior, and so we do not have an explanation for this offset. 

4.3.4. FTIR ï glasses 

H2O and CO2 concentrations in olivine-hosted melt inclusions were measured on the Thermo 

Nicolet iN10 at Lamont-Doherty Earth Observatory. The machine was purged with dry, CO2-

scrubbed air, and measurements were made on the MCT-A detector, cooled with liquid nitrogen.   

  Olivine-hosted melt inclusions were doubly polished and intersected to obtain wafers 

with thicknesses of 20ï70 ‘m. Wafers were submerged in acetone and rinsed with isopropanol to 

remove crystal bond before being placed on a CaFl plate for measurement. Thickness was 

measured using a digital micrometer accurate to within 2 ‘m for all but a few wafers, which 

were too small. Thickness was also measured using the reflectance method (Nichols and 

Wysoczanski, 2007; Nishikida et al., 2018) and good agreement was found between the two 

methods for a refractive index of 1.7 (Figure S4.2). 

At least two measurements were made within each melt inclusion. The aperture was set 

to the maximum size that would not clip the olivine host and varies from 64 to 375 ‘m2. Some of 

the smaller MIs show large variation in H2O and CO2 for different measurements, which likely 
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indicates that some points were contaminated with signal from the olivine host, despite effort to 

avoid this. To minimize the effect of possible contamination, the measurement which yielded the 

maximum value of H2O for each MI was used. 

Absorption spectra were acquired in the range 400ï8000 cm-1 with 256 scans and a 

resolution of 4 cm-1. Baselines were fit to the spectra using principal component analysis on 

~100 natural glasses from the Aleutians that lacked CO2 peaks in their spectra (a new approach 

developed by Henry Towbin and Sarah Shi, and using data in Rasmussen et al., 2018). A Markov 

chain Monte Carlo approach is used to simultaneously solve for the best-fit baseline and peak 

shapes (position, height, width) for the 1630, 1515, and 1430 cm-1 peaks (Figure 4.2).  

 

Figure 4.2: FTIR spectra showing absorption peaks at 3550 cm-1 (H 2O total), 1630 cm-1 

(H 2O molecular), and doublet at 1515 and 1430 cm-1 (CO3). Baseline underneath carbonate 

doublet and molecular H 2O peaks (black) is generated by principal component analysis on 

natural decarbonated basaltic glasses (see text for further de tails). Range of baselines tried in 

the Markov chain Monte Carlo fitting procedure shown in grey. Fitting process solves for 

peak shape (height, width, and position) simultaneously with baseline until the modelled  

spectrum (purple MC3 Fit) matches the obse rved (blue FTIR spectrum).  
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The concentration of H2O and CO2 was calculated from the absorbance of the peaks at 

3550 cm-1 (OH- stretching vibration), 1630 cm-1 (H2O bending), and doublet at 1515 and 1430 

cm-1 (CO3
2- stretching), using the modified Beer-Lambert law (Stolper, 1982):  

ὅ  
ὓὃ

”ὸ‐
 

in which ὓ is the molecular weight (g/mol) of each volatile species, ὃ is the absorbance (i.e. the 

height of the considered peak, cm-1), ” is the melt density (g/l), ‐ is the molar absorption 

coefficient (l/cm*mol), ὸ is the optic path (i.e. the thickness of the sample, in cm) and ὅ is the 

concentration of volatile species (wt.%). Glass densities were calculated from each MI 

composition following (Ochs and Lange, 1999), using iterative H2O beginning with 0 wt.%. An 

example spectrum is shown in Figure 4.2. 

Total water is calculated from the broad, asymmetric peak at 3550 cm-1 using a molar 

absorption coefficient of 63 l/mol/cm (Dixon et al., 1995). An absorption coefficient for the CO3
 

doublet is calculated for each melt inclusion from its Na/(Na+Ca) molar ratio using the 

expression: ʀ  τυρȢς στρȢψz ὔὥ ὔὥ ὅὥϳ  (Dixon and Pan, 1995). For the 1630 cm-1 

molecular H2O peak, the absorption coefficient depends on the tetrahedral cation fraction (Si4+ + 

Al3+) and is calculated for each melt inclusion as ʀ  υχȢψρσρσρȢωτz 3É !Ì  

(Mandeville et al., 2002). 

A few MIs show clear signs that the 3550 cm-1 peak is saturated (Figure 4.3). For these MIs, 

the total water is calculated using the relationship between the 1630 cm-1 molecular H2O peak 

and the 3550 cm-1 peak (Figure 4.3). This assumption is valid as long as the MIs experienced a 

similar cooling rate, which can affect the OH vs H2O species preserved in the measured glasses 

(McIntosh et al., 2017). The fact that most of the melt inclusions with Abs < 1.8 cm-1 show a 

linear trend supports this interpretation, although the H2O concentrations for the corrected MIs  
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Figure 4.3: Molecula r water calculated from 1630 cm -1 peak versus total water 

calculated from 3550 cm-1 peak. Marker size corresponds to absolute absorbance at the 3550 

cm-1 peak. Some MIs lie to the left of the trend and have high absorbances at 3550 cm -1 (red 

markers). These have saturated and are corrected back to the trend using their 1630 cm -1 

concentration (shown by blue arrow). Blue line shows best fit for non -saturated MIs (black 

markers), equation for line shown on plot. Inset shows the saturated spectrum for one MI.  

should be treated with caution. None of the corrected inclusions lead to higher total H2O 

concentrations than uncorrected inclusions (maximum of 4.7 wt% H2O), and so saturation did 

not significantly bias the population. 

4.3.5. FTIR ï olivine 

H2O concentration profiles were measured in doubly polished olivine wafers on the Thermo 

Nicolet iN10 at Lamont-Doherty Earth Observatory (Figure 4.4). Wafer thicknesses were 

measured with a digital micrometer and range from 170 to 290 ‘m. Aperture size was set to 

30x80 ‘m (thin in the direction of the profile) with step size between measurements of 30 ‘m. 
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Figure 4.4: H 2O concentration profile in olivine along the crystallographic a direction 

measured with FTIR. (a) Photograph of olivine wafer taken down b showing cantilever 

mounting method on a glass slide with double -sided tape. (b) FTIR spectra with baseline 

subtracted taken in the centre (dark blue) and edge (light blue) of the olivine. Absorption 

peaks represent OH - bonds associated with different point defects. Bulk H + concentration 

estimated by summing area under spectra from 3600 ɬ 3100 cm-1. (c) Defect-specific profiles 

along crystallographic a direction. Area is converted to H 2O concentration using the Withers 

et al. (2012) calibration and multiplying by a correctio n factor to account for the light which 

would be absorbed in the direction of the raypath. (d) Normal ized defect-specific profiles.  

The stage was focused on the midpoint between the top and bottom of the wafer (found as the 

average height between focusing on the top and bottom surfaces).  

Absorption spectra were acquired in the range 400-8000 cm-1 with 128 scans and a resolution 

of 1 cm-1. A baseline was determined by applying an asymmetric least squares smoothing 

function (Eilers and Boelens, 2005) and this was subtracted from the spectra to determine 

absorbance peak areas (Figure 4.4). Since we found no peak-specific diffusivities (Chapter 3), 

the total area under the baseline-subtracted spectra was summed to determine bulk H2O. This 
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area was multiplied by an absorption coefficient of 0.119 from Withers et al. (2012), which is 

preferred over the calibration of Bell et al. (2003) because of the presence of micro-inclusions 

within the several olivines used in the Bell et al. (2003) study. 

Measurements were unpolarized and therefore represent an average of the two 

crystallographic directions within the wafer plane. Most wafers were polished along b (with a 

and c within the wafer plane), while a few were polished down c. The latter show lower 

absorbances in accordance with observations that light polarized along b is absorbed the least by 

OH- bonds in olivine (Chapter 3). To account for absorption in the direction normal to the wafer 

plane (which is not detected with FTIR), peak areas were divided by a correction factor 

depending on the raypath (0.4355 and 0.2659 for wafers with planes of b (010) and c (001) 

respectively). 

4.3.6. Electron microprobe 

Major elements for melt inclusions and their host olivines were collected by electron 

microprobe analysis (EMPA) at the Smithsonian Institution using a JEOL JXA-8530F 

Hyperprobe by Daniel Rasmussen. KŬ peaks for SiO2, TiO2, Al2O3, FeO, MnO, MgO, CaO, 

Na2O, K2O and P2O were analysed in melt inclusions using an accelerating voltage of 10kV, 

beam current of 7nA, and a defocused beam 10ɛm in diameter. Na2O and K2O were analysed 

first to avoid the migration of Na and K away from the analysed spot. We note that agreement in 

measured Na2O and K2O between our study and Gennaro et al. (2019) suggests minimal alkali 

migration occurred. Two or three analytical points were collected on each melt inclusion and 

care was taken so no points overlapped. Sulfur and chlorine in melt inclusions were analysed in a 

separate session from major elements and were analysed using an accelerating voltage of 10kV, 

80nA and a defocused beam 10ɛm in diameter. Due to the multi-valent nature of sulfur in the 
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basaltic glass, a S KŬ wavescan was performed on two unheated MIs and two rehomogenized 

MIs and the peak position was found to be constant so this was used for all other MIs. Two 

points were taken on each melt inclusion, taking care to avoid previously analysed spots from 

major element analysis when possible. KŬ peaks for SiO2, NiO, FeO, MnO, CaO, and MgO were 

analysed in olivines using an accelerating voltage of 15kV, beam current of 40nA, and a focused 

beam (<1ɛm diameter). 

4.3.7. Calculating MI size 

Melt inclusion size is an important parameter to constrain for any study on melt inclusion 

volatiles since it has a bearing on diffusive water loss as well as calculating the volume fraction 

of the vapour bubble. As discussed in chapter 2, the size is typically estimated from a (2D) photo 

and an assumption about the 3rd dimension is made. Either the 3rd dimension is assumed to be the 

shortest or the average of the two axes within the plane of the photograph. 3D tomography 

methods are more accurate but are not feasible for most studies. The Etna FS melt inclusions 

exhibit very clear faceting (negative crystal shape), and also a large range in aspect ratio.  

Viewing the faceting from a photograph can provide clues about the depth dimension. This is 

illustrated in Figure 4.5 ï when viewed down the c [001] axis, the length of the top surface of the 

MIs (red lines in Figure 4.5) negatively correlates with the depth of the MI along the b direction 

(green lines in Figure 4.5). Since the length of this top surface can also be determined in 

photographs down the b [010] axis, this provides a means of estimating the ódepthô of the MI 

from a photograph as long as it is taken down b. The relationship provided in Figure 4.5 was thus 

used to estimate MI depth for all MIs that were photographed down b. There is generally good 

agreement between the different methods of size, with a root mean squared error of 16%. The 

largest differences are for ópancakeô shaped MIs, since their dimension along b is much shorter  
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Figure 4.5: Method for calculating MI depth based on faceting geometry. Seven MIs 

were polished and photographed down both b and c. There is a negative correlation between 

MI dimension along b (green) and short, top surface (red). MI sketches to left of photos show 

the top (red) and mid (blue) dimensions can be seen in photographs taken down b (above) 

and c (below). This relationship allows MI dimension along b to be estimated from a 

photograph taken down b (and onl y showing MI dimensions along a and c.) 
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than along a or c (Figure 4.5). Note that this method only works if the melt inclusion shows clear 

faceting, which is not the case for many samples. An evolution from irregular to well-faceted 

shapes during maturation has been documented for fluid inclusions (Bodnar, 2003) and melt 

inclusions (Pamukcu et al., 2015). The strong degree of faceting of the FS melt inclusions 

therefore indicates that enough time passed between MI entrapment and quench for full textural 

maturation. The exact timescales that this implies are unknown since this effect has not yet been 

calibrated for olivine and depends strongly on diffusivity (and hence temperature). 

4.3.8. Diffusion modelling 

In order to determine magma decompression rate from H2O concentration profiles in olivine, 

we have adapted the model presented in Newcombe et al., 2020. We use a 1D diffusion model 

along the crystallographic a direction with a boundary condition set by the degassing magma. 

The degassing boundary condition is modelled using MagmaSat (Ghiorso and Gualda, 2015), 

which is best suited to the Etna FS magma with respect to composition and pressure (Figure 

S4.3). 

Since the profiles project to a range of concentrations at the crystal edge, we solve for the 

best-fit final pressure, Pf, as well as decompression rate. Non-zero edge concentrations were 

observed in the laboratory experiments at 1 atm. in a dry furnace (chapter 3) and were attributed 

to reaction-limited diffusion with the rate of reactions affected by local defect arrangement. In 

profiles generated during magma ascent, it is unclear whether the non-zero edge concentration is 

due to a high final pressure (that is, pressure at the time of cooling through the H2O closure 

temperature), or reaction-limited diffusion, or a combination. Since a full coupled reaction-

diffusion model is beyond the scope of this work, we attribute all of the H2O concentration at the 
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crystal edge to Pf, but it should be noted that the best-fit final pressures may be too high if the 

edge concentration is controlled by reactions.  

Several simplifying assumptions are made. Firstly, decompression rate is assumed to be 

constant, even though in reality magma will accelerate towards the surface (see two-stage 

decompression rate in Lloyd et al., 2014). This biases the modelled timescales to shorter 

durations (Su and Huber, 2017; Barth et al., 2019). We also assume isothermal ascent, which has 

been found for several explosive, mafic eruptions (Newcombe et al., 2020b). Compared to the 

uncertainty in the diffusion Arrhenius law (see following discussion), the effect of changing 

temperature is minimal. Finally, we assume that the crystals were fully formed before major 

degassing of H2O began, i.e., the radius of the olivine is fixed throughout the model. This 

assumption is supported by the lack of significant zonation in the olivines (data supplement for 

chapter 3; Coltelli et al., 2005) and restricted range in forsterite (89-91 ï Kamenetsky et al., 

2007; Gennaro et al., 2019; this study). If there was olivine growth during dehydration of the 

host magma, this would make the timescales that we infer upper bounds. 

The best-fit decompression rates are affected by several sources of uncertainty, primarily the 

H+ diffusivity, the initial H2O concentration in the olivine, the partition coefficient for H2O 

between melt and olivine, and analytical error. To evaluate how these different sources of error 

combine to affect the modelled decompression rate, we use a Monte Carlo approach, randomly 

drawing input parameters from defined distributions. Since none of the profiles show a plateau in 

H2O concentration along a, they have lost their record of the initial H2O concentration. We base 

the initial concentration on the olivine used in the dehydration experiments (chapter 3) from this 

same sample. This phenocryst was so large that water loss did not progress to its core and it 

preserved a H2O concentration plateau along a. Careful polarized measurements along each 
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crystallographic direction yielded a concentration of 42 ppm using the calibration of Withers et 

al., 2012 (Chapter 3). We draw the initial concentration of H2O in the olivine from a gaussian 

distribution with a mean of 42 ppm and standard deviation of 3 ppm.  

For the initial concentration of H2O in the magma, we calculate equilibrium H2O 

concentration at the range of MI saturation pressures calculated from the homogenized MIs, 

using MagmaSat (Ghiorso and Gualda, 2015). The partition coefficient, kD, is then calculated as 

the fraction of initial H2O concentration in the olivine compared to the magma. As discussed in 

chapter 3, the H+ diffusivity during magma ascent may decrease over time from near proton-

polaron rates (measured at the start of experiments by Ferriss et al., 2018) to the rate measured at 

the start of the dehydration experiments on Etna FS olivine. Therefore, we sample a log uniform 

distribution of diffusivities between these two rates. 

4.4. Results 

4.4.1. IHPV rehomogenization experiments 

After ten minutes of heating at 1250, 1280, and 1330 oC in the IHPV, the melt inclusions 

exhibit a range of textures. All of the melt inclusions become darker-coloured after heating 

(Figure 4.6), which may be due to melting of the olivine host, raising the Fe2+/Fe3+ of the melt 

inclusions. Some are glassy and still contain a single vapour bubble, although comparing photos 

taken before and after the experiment shows that the bubbles have shrunk and moved compared 

to before the experiment (Figure 4.6a, b). Some MIs become very dark and speckled (with ‘m-

scale bubbles or crystals) throughout (Figure 4.6i, j), while others are glassy inside but have 

speckled surfaces (Figure 4.6c-h). Some of this variability in texture depends on experimental 

temperature ï after heating at 1250 oC all of the melt inclusions are glassy and retain a vapour 

bubble, while at 1330 oC all of the melt inclusions contain ‘m-scale inclusions and most have  
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Figure 4.6: Before and after photographs of MIs at different experimental 

temperatures and conditions. There was no ȿÉÌÍÖÙÌɀɯ×ÏÖÛÖɯÍÖÙɯÛÏÌɯ,(ɯÏÌÈÛÌËɯÐÕɯËÙàɯÊÈ×ÚÜÓÌɯÈÛɯ

1330 oC. (a) and (b) show before and after photos of MIs heated at 1250 oC under wet 

conditions. Note the MI colour  becomes darker, the faceting less distinct, the carbonate 

linin g the bubble dissolves, and the bubble shrinks and moves. (c) and (d) show before and 

after photos for MI heated at 1280 oC under wet conditions. Bubble is fully dissolved and MI 

interior is glassy. (e) Photograph focused on bottom surface of MI and zoomed  in to show 

tiny bubbles and/or crystals lining MI wall. (f -h) are same as (c-e) but for 1330 oC. (i) and (j) 

show transmitted and reflected photographs of MI heated at 1330 oC under dry conditions. 

MI becomes dark and speckles can be seen in reflected lig ht throughout interior of MI.  

lost their vapour bubble. However, not all of the variability is explained by temperature ï glassy 

MIs with vapour bubbles remaining and MIs with speckled edges are both present after the 

experiment at 1280 oC. After 1330 oC, the dark, speckled textures are more common in the dry 

experiments compared to the wet ones (Table 4.1). 

For further analysis, melt inclusions which had resorbed their bubble were prioritized ï no 

MIs at 1250 oC, and only two MIs at 1280 oC (Ol8, Ol29) were chosen ï the rest were from  
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Table 4.1: IHPV experimental conditions and outcomes. Wet capsules contained de -

ion ized H 2O, dry capsules just contained loose olivines. Note that for experiment #4, grains 

were not separated from each other in the capsule, and the total number of grains loaded and 

recovered are unknown.  

Exp. # Temp 

(oC) 

Capsule Wet or 

dry? 

Grains 

recovered 

Grains 

analysed 

Characteristics 

1 

 

1250 1 wet 5/5 0 Glassy, pale brown, vapour bubble 

persists (but shrunken and 

carbonates dissolved) 

2 dry 5/5 0 ñ ñ 

2 1280 3 wet 6/6 2 Some as in Exp1. Others have tiny 

bubbles/Xtals lining edge. Some 

have fully resorbed vapour bubble 

3 1330 4 wet 9/10 3 All have speckles lining edge, most 

have resorbed bubble 

4 1330 5 wet unsure 13 Most MIs have speckles lining MI 

edges. Most have resorbed bubble 

6 dry unsure 6 Most MIs very dark with speckles 

distributed through MI interior. 

Most have resorbed bubble 

 

experiments at 1330 oC. Some 1330 oC MIs which were analysed contain one or more small 

vapour bubbles and some were dark, as noted in the supplementary data table. 

4.4.2. Major and minor elements 

The chemical compositions of Etna FS MIs and their host olivines are reported in the 

supplementary data table. These results agree well with those of Kamenetsky et al. (2007), 

Corsaro and Métrich (2016), and Gennaro et al. (2019) (Figure 4.7). One exception is that 

Kamenetsky et al., 2007 report significantly higher MgO concentrations, which is likely an 

artefact of their post-entrapment crystallization (PEC) correction (Danyushevsky et al., 2000; 

note they do not report their uncorrected, raw microprobe data, and they do not include details on 

the PEC parameters). Corsaro and Métrich (2016) do not report PEC-corrected compositions so 

their MgO concentrations are too low. We correct for PEC using the MIMiC code presented in 

Rasmussen et al. (2020) assuming a partition coefficient, kD, calculated as ~ 0.31 from Toplis, 
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2005. The ratio of Fe3+/FeT has a bearing on this calculation, and we use a value of 0.32 from the 

microXANES measurements in Gennaro et al. (2020).  

 

Figure 4.7: PEC-corrected major element composition of unheated MIs from this study 

(blue circles). Data from literature for Etna FS shown for comparison (Gennaro et al., 2019, 

orange crosses; Kamenetsky et al., 2007, green plus). Whole rock (WR) from Kamenetsky et 

al., 2007 (purple diamond) and Correale et al., 2014 (red square) and shows variable degrees 

of crystal accumulation. Note that MIs from Kamenetsky et al. 2 007 data were likely ove r-

corrected for PEC. 



123 

 

These calculations suggest minor PEC ï up to 8%, with an average of 2% and several which 

appear to have excess olivine ï a possible sign of reheating. There is an extremely limited range 

of host olivine forsterite contents (90.3 ï 91.2 %), which agrees with the findings of Kamenetsky 

et al. (2007) and Gennaro et al. (2019). Figure 4.7 shows that there is a limited range in all major 

and minor elements ï there is no evidence for significant fractionation. These primitive melt 

inclusions have entrapment temperatures of 1191 10 oC, calculated from MIMiC using 

equation 4 of Putirka et al., 2007. 

One remarkable characteristic of the Etna FS MIs is their extremely low Al2O3 

concentrations (9.9 ï 11.5 wt%). Because of the pressure-dependence of Al2O3 concentrations 

during mantle melting (Walter, 1998), this suggests that the FS magma formed at great depths. 

However, such low Al2O3 concentrations would imply very deep peridotite melting pressures of 

~ 4 GPa. The addition of CO2 to peridotite has a number of effects, one being to lower the Al2O3 

concentration in the melt at a given pressure (Dasgupta et al., 2007). A high CO2 concentration 

in the source is also supported by the high CaO concentrations of the MIs (12.6 ï 15.1 wt%) and 

the whole rocks (Kamenetsky et al., 2007). The implications of high CaO/Al2O3 ratios is 

discussed further in section 4.5.2.  

The homogenized melt inclusions show evidence for significant melting of the olivine host, 

as well as Fe-Mg exchange (MgO concentrations up to 18.5 wt%). When they are corrected for 

these processes using MIMiC (Rasmussen et al., 2020) they overlap with the compositions of the 

unhomogenized MIs (Figure 4.8). 

4.4.3. Volatiles 

Unhomogenized MIs were measured by FTIR and show a scattered positive correlation 

between H2O and CO2 with ranges of 2.4 ï 4.7 wt% and 1810 -2930 ppm, respectively (Figure 
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4.9a). After the PEC correction, these values are lowered slightly by the effect of dilution to 2.3ï

4.7 wt% and 1780ï2840 ppm. 

Gennaro et al. (2019) find higher H2O and CO2 than Kamenetsky et al. (2007) or this 

study. Most of their measurements are by SIMS but a few were from FTIR measurements. Three 

melt inclusions were measured with both techniques and give lower values for FTIR than SIMS. 

One explanation for the offset in H2O is that their SIMS H2O calibration is curved, which tends 

to increase the measured H2O concentrations for H2O concentrations above ~ 3 wt%. As 

discussed in appendix 5 of Gennaro (2017), the CO2 from their SIMS session may reflect 

contamination due to imperfect removal of a carbon coat after a microprobe session. Comparing 

just the FTIR results of Gennaro et al. (2019) shows good agreement with H2O and CO2 data 

from Kamenetsky et al. (2007) and this study (Figure 4.9a). 

 

Figure 4.8: Total FeO versus MgO for homogenized and unheated samples. 

Uncorrected homogenized compositions lie to high MgO as a result of melting olivine host 

during experiments. PEC correction leaves FeOT too high as a result of dif fusive Fe gain 

during the experiments. When this is corrected for, the compositions are comparable to the 

unheated MIs.  
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Comparing H2O concentrations with MI size calculated from the MI faceting geometry 

(Section 4.3.7, Figure 4.5) reveals no correlation (Figure 4.9b). This method for calculating MI 

size is not available for all MIs (if they were not photographed down the b axis). If MI size is 

calculated by assuming that depth is equal to the minimum of the width and length there is a 

weak positive correlation between MI size and H2O, which could be indicating diffusive water 

loss (Figure 4.9b). However, the correlation is weak (r2 = 0.16) and Gennaro et al., 2019 did not 

find any correlation. Therefore, while it is possible that these MIs underwent diffusive water 

loss, the systematics between MI size and H2O concentration suggest that water loss was 

minimal (Qin et al., 1992; Chen et al., 2013). 

Homogenized MIs show a range of CO2 concentrations from 4800 to 9500 ppm ï a clear 

increase from the unhomogenized MIs (Figure 4.9c) that is on average two-fold. Four of the 

measured MIs have a single remaining vapour bubble and these MIs fall to the low end of the 

range of carbon concentrations (open black circles, Figure 4.9c). Nine homogenized MIs contain 

multiple small bubbles at their edges, however, this does not appear to affect their CO2 

concentrations (purple vs. red circles, Figure 4.9c). All of the homogenized MIs have ‘m-scale 

phases (crystals and or bubbles), primarily lining the MI wall, but in some cases distributed in 

the interior of the MI. At present, we do not know what these phases are, and it is possible that 

they contain some CO2, which would make our measurements lower bounds on the total amount 

of CO2 in the MIs. Furthermore, the óhaloesô of secondary fluid inclusions around the MIs 

(Figure 4.1) may indicate partial decrepitation, in which case the amount of CO2 in the MIs at the 

time of entrapment may have been higher still. 

An unexpected result of the homogenization experiments is that the H2O of the 

homogenized MIs is remarkably constant (4.2 wt.% with a standard deviation of 0.25 wt.% for 
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Figure 4.9: MI H 2O ɬ CO2 ɬ size systematics (a) H2O versus CO2 measured by FTIR in 

unheated M Is showing scattered positive trend. (b) H 2O versus MI diameter measured from 

photographs in two ways. The first method is detailed in the text and uses MI faceting to 

predict MI depth from photographs taken down the b axis (blue circles). This method is o nly 

possible for MIs which were photographed down the b axis. The second method assumes 

that MI depth is equal to the shortest MI dimension measured in the photograph (orange 

squares). (c) H2O versus CO2 for homogenized and unheated MIs. Dry experiments sh own 

with orange diamonds. Experiments at 1280 oC shown with green squares (all others are at 

1330 oC). MIs with a single vapour  bubble (open circles) plot to lower CO 2 concentrations. 

However, MIs with multiple tiny bubbles (purple circles) do not have less CO 2 than those 

without (red circles). Examples of MIs with a single vapour  bubble and multiple tiny 

bubbles can be seen in (d) and (e). MIMiC modelling of unheated M Is (crosses) predicts 

similar range of CO 2 to measurements of homogenized MIs. MagmaSat closed system 

degassing trend used in diffusion modelling of H + in olivine profiles is overlain.  

PEC-corrected compositions). The lowest H2O concentration is for a MI from a ódryô experiment 

(orange diamonds, Figure 4.9c). However, the three other MIs from ódryô experiments are 

indistinguishable from the ówetô experiment MIs. This is surprising, since the ódryô versus ówetô 

experimental conditions did seem to affect the MI textures, with the ódryô MIs becoming darker 

and speckled while the ówetô MIs are glassy inside. We do not have a good explanation for this. 
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SIMS measurements show higher S concentrations than EMPA (10ï40 %; Figure S4.4). 

It is known that the Ska peak position for measuring S on the EMPA can change position with 

oxidation state (S6+ and S2- have different peak positions; Wallace and Carmichael, 1994), and it 

is possible that the peak was not correctly centred during our EMPA measurements. However, 

since wavescans on both homogenized and unheated MIs were made and showed constant peak 

position (section 4.3.6, Figure S4.5), this seems unlikely.  

In agreement with the results of Gennaro et al. (2019) and Corsaro and Métrich, (2016), we 

find that S does not correlate with CO2 or H2O, although it strongly correlates with Cl for both 

the homogenized and unhomogenized MIs (Figure 4.10). This is surprising, since Cl and S might 

not be expected to degas at such high pressures (> 500 MPa) (Spilliaert et al., 2006; Métrich and 

Wallace, 2008; Lesne et al., 2011). Neither correlate with Ni or Fo of the host olivine, or any 

indices of fractionation (e.g. K2O). We are awaiting laser-ICP-MS data to see if S or Cl correlate 

with trace elements. 

4.4.4. Diffusion modelling 

All olivines appear zoned in H2O concentration along a with no central plateaus, indicating 

that diffusion has reached the centre of each olivine. Central H2O concentration ranges from 14 

to 33 ppm (using the calibration from Withers et al., 2012). Edge concentrations range from 6 to 

25 ppm. There is no correlation between central H2O concentration and olivine size, so the 

variation in central concentration must be reflecting different initial H2O concentrations and/or 

different decompression rates. 

An example Monte Carlo model run can be seen in Figure 4.11. There is a positive 

correlation between the diffusivity and decompression rate while other parameters exhibit weak 

or no correlation with decompression rate. Therefore, within the parameter ranges studied here, 



128 

 

the uncertainty in diffusivity accounts for the largest source of uncertainty in best-fit 

decompression rate. 

 

Figure 4.10: H 2O, CO2, and Cl versus S. S and Cl measured by EMPA , H2O and CO 2 

measured by FTIR for unheated MIs and SIMS for homogenized MIs. Note the strong 

correlation between S and Cl in all three studies (Gennaro et al., 2019; Corsaro and Metrich, 

2016; this study), and for both unheated and homogenized  MIs.  
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Figure 4.11: Example M onte Carlo run to constrain decompression rate and final 

pressure by modelling 1D H + diffusion along crystallographic a direction. (a) Synthetic FTIR 

profile (with noise added) in black circles, model fits (red lines). Initial H 2O concentration 

chosen from normal distribution with mean of 42 ppm and standard deviation of 3 ppm (see 

text for details). (b) misfit versus deco mpression rate (no trend is observed). (c) Partition 

coefficient, Kd, versus decompression rate. Kd is calculated as the ratio of initial H 2O 

concentration in olivine (shown in (a)) relative to magma, which is set by MagmaSat 

solubility model and initial p ressure, Pi. (d) Diffusivity versus decompression rate shows a 

clear positive correlation ɬ most of the uncertainty in decompression rate comes from 

uncertainty in diffusivity. Upper bound of diffusivity is set by fastest dehydrating rate 

measured (Ferriss et al., 2018), Lower bound is set by initial dehydration rate measured in 

Chapter 3 (see text for further details). Final (e) and initial (f) pressure versus decomp ression 

rate show no relationship. Range of initial pressure set by range of pressures given by 

MagmaSat for homogenized melt inclusion compositions.  

The best-fit decompression rate for all 18 olivines is remarkably uniform (Figure 4.12). A 

histogram of all best-fit decompression rates shows a lognormal distribution centred at10-0.39 

MPa/s with 95 % confidence bounds of 10-0.85 and 100.07 MPa/s. The average time of ascent is 30 

minutes (calculated as the average initial pressure divided by the average decompression rate), 

with 95 % confidence intervals of 10 to 87 minutes. Based on the different lithologies with depth  
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Figure 4.12: (a) Histogram of best -fit decompression rates for all Monte Carlo runs. 

Vertical lines show mean and 95 % confidence intervals. (b) Positive correlation between 

diffusivity and best -fit decompression rate. Each o livine is shown in different colour  and 

black lines are linear regression through each olivine. Within uncertainty all olivines have 

same best-fit decompression rate.  

beneath Etna (Corsaro and Pompilio, 2004), we iteratively solve for the initial magma depth and 

average density of the overburden. This gives an average overburden density of 2714 kg/m3 and 

depth of 29.6 km for the highest initial pressure of 804 MPa, and average density and depth of 

2640 kg/m3 and 24 km for the shallowest initial pressure of 634 MPa.  

4.5. Discussion 

4.5.1. Reconstructed CO2 concentrations 

4.5.1.1. Comparison of MIMiC and homogenization experiments 

Since the discovery of the importance of MI vapour bubbles, several methods have been 

developed to account for the CO2 stored within MI vapour bubbles. These techniques fall 
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broadly into three categories: (1) dissolving the vapour bubble back into the MI with 

rehomogenization experiments before measurement, (2) using an equation of state and measuring 

or modelling the size of the bubble, and (3) measuring the CO2 in the vapour bubble with Raman 

spectroscopy. These methods are described and compared more fully elsewhere (Moore et al., 

2015; Moore et al., 2018; Rasmussen et al., 2020; Wallace et al., 2021). We compare the results 

of our rehomogenization experiments with the modelling approach of Rasmussen et al. (2020) 

using the publically-available MIMiC code. MIMiC does not assume that the observed vapour 

bubble is in equilibrium with the melt inclusion, since some amount of bubble expansion may 

occur without CO2 diffusing into the bubble. Instead, the model calculates bubble volume at the 

point at which the closure temperature for CO2 is crossed, using an equation of state approach, 

and taking into account the deformation of the host olivine. This model takes as input the 

measured chemistry of the melt inclusions, as well as the melt inclusion and olivine sizes and an 

estimate of cooling rate (we assume a cooling rate of 10 oC/s, which is the recommended value 

for lapilli-sized clasts ï Rasmussen et al., 2020).  

There is close agreement between the range of CO2 concentrations predicted by the model for 

the unheated MIs and measured by SIMS for the homogenized MIs, giving a spread of 4290ï

8400 and 5490ï9470 ppm, respectively (Figure 4.9c). This suggests that minimal CO2 is stored 

in the tiny phases lining the MI walls (Figure 4.6), which is being tested with Raman 

measurements by collaborators. The H2O concentrations measured in the homogenized MIs are 

not in agreement with those predicted by MIMiC ï the model does not currently account for any 

H2O in the vapour bubble. As mentioned in section 4.4.3, the homogenization experiments 

appear to have set the H2O to a consistent value of ~ 4.2 wt%. Clearly there is some process 
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occurring during the 10-minute homogenization experiments which alters the H2O concentration, 

and this is discussed further in section 4.5.4.1. 

4.5.1.2. Pressure of magma storage 

One of the most common ways to estimate magma storage depth is by calculating saturation 

pressures based on the H2O and CO2 concentrations within melt inclusions. Therefore, restoring 

the CO2 concentrations in the vapour bubbles has implications for the depths of magma storage. 

There are a range of solubility models, which have been calibrated over different pressure, 

temperature, and solubility space. MagmaSat (Ghiorso and Gualda, 2015) appears to have the 

best coverage near the Etna FS composition and temperatures (Figure S4.3). The models from 

Iacono-Marziano et al., 2012 and Allison et al., 2019 are calibrated on Etna magma but because 

the FS magma is so unusual for Etna it lies outside their compositional range. The model in 

(Dixon, 1997) has a good compositional coverage but does not extend to pressures higher than 

500 MPa and Iacono-Marziano et al., 2012 suggested the Dixon (1997) calibration range was 

only reliable up to 100 MPa. 

MagmaSat gives the highest saturation pressures (634 ï 804 MPa, corresponding to the 

range in CO2 concentrations in homogenized MIs without remaining single vapour bubbles), 

Iacono-Marziano et al. (2012) and Allison et al. (2019) give lower pressures (421ï549 and 465ï

697 MPa, respectively). As discussed at the end of section 4.4.4, the MagmaSat pressures 

correspond to depths of 24 ï 30 km. These depths closely align with entrapment depths 

determined from olivine-hosted CO2-rich fluid inclusions of 21ï24 km of samples from Aci 

Castello and Mt. Maletto (Clocchiatti et al., 1992; Kamenetsky and Clocchiatti, 1996). 

The Moho beneath Sicily has steep topography, varying from ~ 40 km in the south to less 

than 25 km depth towards the north (Nicolich et al., 2000; Ibáñez et al., 2016). There is some 
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uncertainty in the Moho depth beneath Mt. Etna, with some studies placing it as shallow as 18 

km (Nicolich et al., 2000; Giustiniani et al., 2018) and others arguing for a deeper Moho around 

30 ï 35 km (Accaino et al., 2011; Valenti et al., 2015). It is unclear, then, whether the melt 

inclusions are reflecting entrapment depths in the lower crust or at the Moho, but regardless, they 

must have been entrapped within the lithological layer of ómafic granulitesô which is thought to 

occupy the lower crust or within mantle peridotite (Figure 4.13, Corsaro and Pompilio, 2004). 

This is notable because it means that the high CO2 concentrations cannot have been the result of 

assimilation of the carbonate crust, which is thought to extend to depths of ~ 10 km (Figure 

4.13). The rehomogenized CO2 concentrations (5500ï9500 ppm) are well above the solubility of 

CO2 at the pressures at which the crustal carbonate is thought to exist (100ï300 MPa ï Figure 

4.13). If the magma did assimilate this carbonate, it would become saturated in CO2 and exsolve 

this excess CO2 into bubbles. Any MIs that were subsequently entrapped should reflect the lower 

equilibrium CO2 concentrations. If the MIs were entrapped within the upper crustal limestone 

unit, the rehomogenization experiments would not be able to increase the CO2 concentration of 

the melt beyond equilibrium concentration at 100ï300 MPa (~ 1400 ppm ï MagmaSat closed 

system degassing); they cannot dissolve CO2 from any co-entrapped CO2-rich vapour bubbles. 

Therefore, the high CO2 concentrations in the rehomogenized MIs must reflect high entrapment 

pressures at near Moho depths. 

4.5.1.3. Gas composition 

Modelling the degassing process with MagmaSat allows us to predict the H2O and CO2 

fractions in the vapour phase from pressures of magma storage (~800 MPa) to the surface. Due 

to the lower solubility of CO2 compared to H2O during magma ascent, CO2 is exsolved first. This 

causes the ratio of H2O/CO2 in the gas to rise during ascent. Figure 4.13 shows the modelled  
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Figure 4.13: Crustal section beneath Etna. Black lines show densities for different 

lithologies (described on right) from Corsaro and Pompilio 2004. Histogram shows depth 

distribution of EQs fr om 1st Jan 2020 ɬ 6th Feb 2021 from Gruppo Analisi Dati Sismici, 2021. 

Catalogo dei terremoti della Sicilia Orientale - Calabria Meridionale (1999 -2021). INGV, 

Catania (http://sis moweb.ct.ingv.it/maps/eq_maps/sicily/catalogue.php ). Tomographic 

studies have consistently revealed a high velocity body (Vp>6.5 km/s) ~2 -8 km b.s.l. which is 

interpreted as a cumulate body (dashed outline  ɬ Chiarabba et al., 2000; Aloisi et al., 2002; 

Patane et al., 2006). Geodetic data has been used to estimate inflation (red dots) and deflation 

(blue dots), which lie very close to the high velocity body (Aloisi et al., 2018). Most studies 

place M oho between 30-35 km depth, although some, e.g. Nicolich et al., 2000 and 

Giustiniani et al., 2018 place it much shallower at ~20 km (this range is shown by the dashed 

arrow). Degassing paths to left modelled with MagmaSat for FS magma (black) and 2001 

magma (blue). 2001 magma composition taken as average of MIs from Metrich et al. (2004), 

with maximum H 2O (3.6 wt%) and CO2 (2600 ppm). Since CO2 concentrations were not 

corrected for vapour  bubble, dashed blue line shows degassing path if initial CO 2 is scaled 

by difference between homogenized and unhomogenized FS MIs (factor of 2.77, initial CO 2 

of 7200 ppm). These degassing paths cross observed gas composition from Aiuppa et al., 2008 

at ~120ɬ180 MPa (red shaded region), which aligns closely with geodetic sour ces and high Vp 

body.  

 

http://sismoweb.ct.ingv.it/maps/eq_maps/sicily/catalogue.php
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molar H2O/CO2 ratio versus pressure compared to the molar ratio of gases measured at the 

Central Craters during a period of passive degassing in 2007 (Aiuppa et al., 2008). The modelled 

gas composition is equal to the measured composition at depths of ~ 4ï7 km b.s.l. One 

interpretation of this depth is that it represents the depth of last equilibration between gas and 

magma ï at this depth, the magma stalled as an intrusion while the gases separated and rose to 

the surface. This equilibration depth does not appear to be particularly sensitive to magma 

composition ï degassing paths for magma from the 2001 flank eruption cross the measured 

H2O/CO2 ratio at similar depths as the FS magma. It is interesting to note that this depth 

corresponds to a consistently imaged high velocity body, interpreted as cumulate piles, as well as 

geodetic point sources for inflation and deflation (Figure 4.13). 

4.5.2. Evidence for carbonate in Etnaôs mantle source 

There are several unusual features of the chemistry of the Etna FS magma. Firstly, the melt 

inclusions have extremely high CaO concentrations (12.6ï15.6 wt%) and low Al2O3 

concentrations (9.1ï11.5 wt%). This gives rise to unusually high CaO/Al2O3 ratios (1.1ï1.5), 

which is a feature of both MIs and whole rocks (Figure 4.14; Kamenetsky et al., 2007; Corsaro 

and Métrich, 2016). Secondly, there is a good correlation between S and Cl in homogenized and 

unhomogenized MIs, despite neither element correlating with any other volatile elements. 

Finally, Kamenetsky et al. (2007) found extreme variability in the trace elements (e.g. a factor of 

3 variation in La and U).  

High CaO melt inclusions, while rare in the magmatic record, are relatively common in high 

forsterite olivines. This observation led Schiano et al. (2000) to propose that the high CaO 

concentrations are produced by melting of pyroxenites in the lower crust or upper mantle. 

Danyushevsky et al. (2004) argued that since a wide diversity of melt compositions are sampled  
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Figure 4.14: Evidence for carbonate in FS magma source from major elements (a), 

olivine compositions (b), and gas emissions (c). (a) shows whole rock and melt inclusions 

(this study) of the FS magma is outside of the global arc array (from samples with Mg# > 60, 

Turner and Langmuir, 2015) at low Na 2O and high CaO/Al 2O3. (b) olivine compositio ns from 

FS have low Ni, prohibiting a large role for pyroxenite in its source. Compositions for other 

Italian magmas (green) from Zamboni et al., 2017. Also shown are the compositions for 

peridotite and pyroxenite, as well as the expected trend for silicat e and carbonate mantle 

metasomatism from Ammannati et al., 2016. (c) CO 2/ST and isotopic composition of gases at 

different arc volcanoes from Aiuppa et al., 2017. Aolian arc volcanoes are global end -

members, having both high CO 2/ST and isotopically heavy C , indicating their derivation from 

carbonate. Range of isotopic measurements for Etna from groundwater, fumaroles, and 

volcanic plumes from 1970s to 2009 (Chiodini et al., 2010, and references therein).  
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by inclusions within a single crystal, a more localized process was responsible for the high CaO 

concentrations. They proposed that the high CaO concentrations were not characteristic of the 

primitive magma, but a feature of localized dissolution of clinopyroxene within mush piles in the 

lower crust. 

The involvement of mantle clinopyroxenes in the melting process responsible for generating 

the Etna FS magma has been proposed previously on the basis of trace elements. Corsaro and 

Métrich (2016) argue that the high Zr/Nb and low Ce/Y requires the melting of a clinopyroxene-

bearing lithology. They model the melting of a mixture of 90% Hyblean peridotite mantle with 

10% pyroxenite and show that this can account for some of the trace element signatures of the 

Etna FS magma. However, Zr/Nb and Ce/Y are typically inversely correlated in arcs (Turner and 

Langmuir, 2015), reflecting relative LREE enrichment and depletion, and do not generally 

require a pyroxenitic source. In fact, the measured ratios in FS whole rocks overlap with 

measured ratios for Hyblean peridotite xenolith (Correale et al., 2012; Correale et al., 2014). 

Melting of a two component mantle (peridotite and pyroxenite) was also proposed by Correale et 

al. (2014) on the basis of the coupling of noble gases and trace element ratios. However, their 

approach relied on assumptions about melting and crystallization based on major element 

modelling which was not able to fit the FS compositions (see their Fig. 10).  

On the other hand, experiments have shown that addition of CO2 to the mantle source can 

generate high CaO/Al2O3 ratios in the magma (up to 2.7), both by lowering Al2O3 and raising 

CaO in the melt (e.g. Green et al., 2004; Dasgupta et al., 2007). This level of CaO-enrichment 

and Al2O3 depletion can only be generated in volatile-free peridotite melting at pressures in 

excess of 4ï5 GPa (Walter, 1998), which is greater than typical arc melting pressures. The 

comparison between melting experiments on CO2-bearing peridotites and the Etna FS 
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compositions is not perfect ï the FS magma has a higher SiO2 concentration, and lower MgO 

and Na2O. However, Dasgupta et al. (2007) point out that the effect of H2O on these melting 

systematics is opposite to CO2, and so a source rich in both CO2 and H2O may have less extreme 

SiO2 and MgO. Furthermore, Mallik and Dasgupta (2013) have shown that the reaction of a 

carbonated-eclogite melt with peridotite can significantly alter the melt composition, including 

raising its SiO2 and lowering its MgO. Thus, a CO2-bearing peridotite source for the Fall 

Stratified may be able to explain the major element observations of the FS magma. 

Further evidence for the involvement of a CO2-rich fluid/melt in the source comes from the 

olivine compositions. Ammannati et al. (2016) argue that low-Ni, high-Mn, high-Ca olivines 

from Central Italy reflect metasomatism in the mantle wedge by a carbonate-rich melt. Low-Ni 

mantle melts that can crystallize low-Ni olivines require a high partition coefficient for Ni during 

mantle melting, which suggests a high fraction of olivine in the source. A CO2-rich 

metasomatizing fluid in the mantle should consume orthopyroxene and crystallize olivine, 

thereby raising the kd for Ni. Following these same arguments, melting of pyroxenitic material 

should produce high-Ni melts that crystallize high-Ni olivines, unlike those observed in the FS 

samples. Thus, the involvement of pyroxenite in the mantle source is not supported by the Etna 

FS olivines, which instead lie within the compositional space proposed for products of CO2-rich 

metasomatism of peridotite, with low Ni and relatively high Ca (Figure 4.14b, supplementary 

data table).  

Finally, the gases emitted from Etna have a high CO2/ST ratio and isotopically heavy C. 

Depleted mantle has ‏ C of -6ă to -7ă, carbonate has ‏ C of 0ă, and Etna lies between the 

two at -4ă to 0ă (Figure 4.14c, Allard et al., 1997; Martelli et al., 2008; Chiodini et al., 2011). 

Given the abundance of limestone in the Hyblean sequence beneath Etna (Figure 4.13, Grasso, 
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2001), it has been argued that Etnaôs high CO2 gas fluxes may be due to carbonate assimilation 

or decomposition by ascending magmas (e.g. Marziano et al., 2008; Carter and Dasgupta, 2018). 

While crustal assimilation is possible, even likely, it does not explain the elevated CO2 

concentrations and CaO/Al2O3 in the FS melt inclusions, since they must have been entrapped at 

near Moho depths, far beneath the limestone sequence. Therefore, the heavy C isotopes indicate 

the presence of carbonate in the mantle source region of the Etna FS magmas. Regional support 

for this view comes from isotopically heavy (-2.7ă to -1.0ă) C isotopes measured in bulk 

separates of high forsterite olivines from xenoliths of ultramafic cumulates at Stromboli volcano 

(Gennaro et al., 2017). These xenoliths are thought to have crystallized at depths below the 

Moho and so the isotopically heavy carbon must derive from the mantle. The authors propose 

that the melt inclusions reflect contamination of the mantle by C-rich sediments from the 

subducting slab. 

In summary, the high ‏ C of Etnaôs gas emissions points to decarbonation or melting of 

carbonate beneath Etna. The fact that these heavy C isotopes have been found in mantle-derived 

olivine-hosted melt inclusions beneath Stromboli, and that the primitive FS olivines have low Ni 

concentrations and contain MIs with extremely high CaO/Al2O3 suggests that this carbonate is 

located at near-Moho depths. 

4.5.3. Subduction signal in volatiles 

Etna is situated away from the main Aeolian arc, and its location may be related to a tear in 

the subducting slab (Gvirtzman and Nur, 1999). This tear is thought to have been formed due to 

slab rollback and a southeastern migration of the arc over time (Chiarabba and Palano, 2017). 

The southeastern and downwards movement of the slab creates a low-pressure zone in the mantle 

wedge, into which sub-slab African mantle can rise, through the slab tear window directly 
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beneath Etna (Schellart, 2010; Faccenna et al., 2011; Barreca et al., 2020). These conditions 

likely explain the subduction signature (enrichment in large-ion lithophile (LILE), depletion in 

high field strength elements (HFSE)) that has been documented for Etna magmas since ~100 ka 

(Schiano et al., 2001; Tonarini et al., 2001; Corsaro and Métrich, 2016). Kamenetsky et al. 

(2007) clearly documented such a slab signature (elevated LILE, Pb, and depleted HFSE) for the 

Fall Stratified eruption, and with our new volatile data, we are in a position to assess the 

relationship between the high volatile concentrations in the FS melt inclusions and fluid/melt 

from the subducting slab. 

Using the maximum H2O value from our MIs (~ 4.7 wt%) and the Ce concentration in the 

whole rock from Correale et al. (2014) gives a H2O/Ce ratio of 750 ï clearly above typical 

MORB values (100ï300; Dixon et al., 2002), suggesting that a significant portion of the H2O in 

this eruption was derived from the subducting slab. This is at the low end of the arc range, which 

is typical of hot subduction zones ï the H2O/Ce thermometer from Plank et al. (2009) give slab 

temperatures of ~ 950 oC. According to thermal models (Syracuse et al., 2010), the Ionian slab 

should be one of the coldest in the world. However, as noted in Zamboni et al., 2016, these 

models are 2D and do not consider flow around slab edges/tears. Mantle flow through the slab 

tear beneath Etna would bring hot asthenosphere upwards, leading to locally high slab 

temperatures.  

Using the highest CO2 measurement from the homogenized MIs, and whole-rock Nb from 

Correale et al. (2014) gives a CO2/Nb ratio of 540. While this value is not above MORB values 

(230ï557), there are two obvious explanations for this. Firstly, high temperatures can mobilize 

Nb from the subducting slab, which lowers the CO2/Nb ratio. Secondly, CO2 may have begun 

degassing before melt inclusion entrapment, in which case our CO2 measurements provide a 
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lower bound on the CO2 concentration in the primary magma. Deep degassing of CO2 is 

supported by the presence of CO2-rich fluid inclusions in high forsterite olivine from Mt. Maletto 

and Aci Castello (Clocchiatti et al., 1992; Kamenetsky and Clocchiatti, 1996). Furthermore, 

there appears to be spatial variability in the CO2/Nb ratio, which may reflect mantle 

heterogeneity ï Hauri et al. (2017) demonstrate that samples from the Atlantic have 70% higher 

CO2/Nb (414) than samples from the Pacific (213). 

The wide variability of S and Cl and strong correlation between them (Figure 4.10) is 

surprising as neither volatile is expected to begin degassing at the pressures of MI entrapment 

(Spilliaert et al., 2006; Métrich and Wallace, 2008; Lesne et al., 2011). At the oxidizing 

conditions of the FS magma (~NNO + 1; Gennaro et al., 2020) the concentration of S is not high 

enough to saturate the magma in sulfide (Jugo, 2009), nor is the concentration of P2O5 high 

enough for the magma to saturate in apatite at 1190 °C (Piccoli and Candela, 2002). The trace 

elements reported by Kamenetsky et al. (2007) also show strong variability, which was attributed 

to varying degrees of input from a slab derived fluid. Kamenetsky and Clocchiatti (1996) found 

that the trace element enrichment in primitive Etna MIs occurred in concert with major element 

depletion. For example, an increase in the Cr # of spinels from ~30 to ~80 (reflecting a more 

depleted source) was correlated with an increase in La/Yb from ~5 to ~25 (reflecting LREE 

enrichment). This led them to argue for progressive metasomatism of the mantle from slab 

fluids/melts causing greater degrees of mantle melting. We now examine the possibility that S 

and Cl could also reflect varying amounts of a S- and Cl-rich slab fluid.  

 Corsaro and Métrich (2016) point out that the Cl/K2O ratio of FS melt inclusions is well 

above typical mantle values (Figure 4.15) which suggests that most of the Cl is derived from the  
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Figure 4.15: Subduction signal in FS magma  (a) Cl versus S of MIs from Etna FS (this  

study), Mt . Spagnolo and recent eruptions (Gennaro et al., 2019). Only Mt. Spagnolo and FS 

show positive correlation between S and Cl (b) Cl versus K 2O of MIs from Etna FS (this 

study) and Mt Spagnolo (Gennaro et al., 2019). Both samples have Cl/K 2O well above mantle 

values shown in grey (from MORB and OIB ɬ Lassiter et al., 2002). (c) Comparison of modern 

eruptions with three primitive eruptions at Etna (Mt . Spagnolo ɬ Gennaro et al., 2019, Mt 

Maletto ɬ Schiano et al., 2001, and Fall Stratified ɬ this stu dy).  Modern eruptions have only 

moderately higher Cl/K 2O ratios compared with MORB, and individual eruptions do not 

show a correlation between CaO/Al 2O3 versus Cl/K 2O. In contrast, all three primitive 

eruptions have high Cl/K 2O and CaO/Al 2O3, and Mt . Spagnolo and FS show positive 

correlation between these ratios.  

slab. These Cl/K2O ratios are higher than for present day Etna magmas, but similarly high values 

have been found for other historical primitive eruptions at Etna: Mt. Spagnolo (15ï4 ka) and Mt. 

Maletto (7 ka) (Figure 4.15). These primitive eruptions also share a high CaO/Al2O3 ratio, which 

is significantly above that of present-day Etna magmas (Figure 4.15). Furthermore, Mt. Spagnolo 
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and FS are the only two eruptions to show a correlation between the CaO/Al2O3 ratio and degree 

of Cl enrichment (Mt. Maletto only has one data point so we cannot assess it). They are also the 

only two eruptions to show a positive correlation in S and Cl. Therefore, we propose that the 

high CaO/Al2O3 ratios and enrichment in Cl and S are reflecting a common process, likely a 

variable input of a fluid or melt from the subducting slab that is rich in Cl, S, and CO2. 

Unfortunately, no studies have measured both S, Cl, and trace elements on the same Fall 

Stratified MIs, and so this remains to be tested and is a goal of future work, when melt inclusions 

in this study will be analysed (and destroyed) by laser ablation ICPMS. 

 Kamenetsky and Clocchiatti (1996) found that the variability of trace elements in Mt. 

Maletto MIs decreased for lower forsterite olivines, and interpreted this as progressive magma 

mixing during fractionation. A similar case has been made for melt inclusions from Iceland 

(Maclennan et al., 2003). It is worth pointing out however, that the distinction between the recent 

Etna magmas (which have lower forsterite olivines than FS, Maletto and Spagnolo) cannot solely 

be the consequence of mixing, since the average of the FS melt inclusions is still significantly 

enriched in trace elements, Cl, S and CaO/Al2O3, compared to the recent eruptions. Furthermore, 

trace elements do not permit recent Etna magmas to derive from fractionation of these primitive 

magmas (Corsaro and Métrich, 2016). These primitive eruptions must have been fed by distinct 

magmas. 

To summarize, there is strong evidence from MI major elements, olivine compositions, and 

gas emissions that the FS magma derive from melting of a carbonate-rich source. Trace 

elements, as well as S and Cl, show extreme variability and may be reflecting different amounts 

of fluid from the subducting slab, leading to heterogeneous mantle melts. 
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4.5.4. Magma decompression rate 

4.5.4.1. Implications of decompression rate for MI H2O concentrations 

We apply our model from Chapter 2 to estimate the likely amount of water loss of these 

samples, using the decompression rate results from the olivine H2O profiles. For melt inclusion 

diameter and distance to the crystal rim, we calculate the mean and standard deviation of our 

samples (69 14 and 373 122 ‘m, respectively). For diffusivity we draw from the same 

distribution as for the H2O profile modelling. The distribution for kD is calculated from the 

results of the H2O profile modelling (9.1e-3 9e-4). The results shown in Figure 4.16 reveal that 

minimal water loss is expected for these samples ï the mean value of water loss is 2%. This 

result, combined with a lack of strong correlation between MI size and H2O concentration, 

suggests that these samples have not experienced significant water loss. 

If the MIs have not lost significant amounts of H2O, another process must be responsible for 

the variation in H2O concentrations in the unheated MIs. There are two possibilities. The first, 

most obvious interpretation, is that the variation is caused by degassing during magma ascent. 

This hypothesis is supported by the correlation between H2O and CO2. However, as pointed out 

by Gennaro et al. (2019), this requires extensive degassing accompanied by minimal 

crystallization since the host olivines have an extremely limited range of forsterite contents. 

Furthermore, significant degassing of H2O would not be expected at the pressures of MI 

entrapment (>600 MPa). 

The H2O concentrations of the homogenized MIs provide a clue for an alternative 

interpretation. With only 10 minutes of heating, it is unlikely that the melt inclusions diffusively 

lost or gained significant amounts of H2O during the experiments. This is supported by the lack 

of clear offset in MI H2O concentrations between the dry and wet experiments. Yet, the  
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Figure 4.16: Monte Carlo simulations using parameterized model for MI water loss 

presented in Chapter 2. Samples are chosen at random from prior distributions for partition 

coefficient (K D), H diffusivity along a (D), MI radius, distance between MI and olivine edge 

along a, and decompression rate (dP/dt). Distribution for decompression rate set by results of 

H + profile modelling. MI and olivine geometry distribution are calculated from mean and 

standard deviation of MIs in this study. Results show that minimal water loss is expected for 

these MIs. 

variability in H2O concentrations in the unheated MIs completely collapses in the homogenized 

MIs (4.2  .25 wt%). This strongly suggests that the variability in the unheated MI H2O 

concentrations may be related to the formation of the vapour bubble ï perhaps H2O is diffusing 

into the vapour bubble along with CO2. If this were the case, it is surprising that the H2O 

concentrations in the homogenized MIs are not higher than in the unheated MIs, and this could 
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suggest an issue with the SIMS/FTIR calibrations. However, the consistency of the H2O 

concentrations in the homogenized MIs is a robust observation that would not be expected to 

change with a different calibration. 

4.5.4.2. Comparing decompression rate with other eruptions 

As discussed in the introduction, the Fall Stratified eruption is amongst the largest (in terms 

of plume height and mass eruption rate) of any picritic eruption, or even any basaltic-

intermediate eruption for which decompression rate has been estimated (Cassidy et al., 2018). 

The decompression rates that we find for Etna FS are the same as those estimated for the 1974 

VEI 4 eruption of Fuego, 2017-2018 Plinian eruption of Ambae, and 1500 CE VEI 4 of 

KeanakǕkoôi, despite its higher mass eruption rate (Figure 4.17, Lloyd et al., 2014; Ferguson et 

al., 2016; Moussallam et al., 2019). These decompression rates may therefore represent an óupper 

boundô on decompression rate, with faster rates limited by feedbacks during ascent in the 

conduit. It is worth noting that the uncertainty in diffusivity does allow for the Etna FS 

decompression rate to be faster than Fuego, Ambae, and KeanakǕkoôI (i.e. the distribution of best 

fit decompression rates shown in Figure 4.17 does extend to faster rates). Until we better 

understand the decrease in apparent diffusivity seen in dehydration experiments (Chapter 3), 

there will remain a large uncertainty due to diffusivity. 

The uniformity of decompression rates for different olivines (Figure 4.12) supports the 

observation by Newcombe et al. (2020a) that more explosive eruptions may have less variable 

decompression rates than lower energy eruptions, for which unsteadiness in flow rate may be 

more pronounced. Most decompression rate studies do not measure enough samples to determine 

a range of decompression rates, but those that do (for example, Cerro Negro ï Barth et al. 

(2019), Seguam ï Newcombe et al. (2020a)) show a wider range of decompression rates for  
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Figure 4.17: Mass eruption rate versus decompression rate for range of eruptions. Etna 

Fall Stratified (orange) is histogram of best -fit decompression rates for all olivines within 

95% confidence interval (from Figure 4.12). Bar above histogram shows range of 

decompression rates at a given diffusivity (horizontal span of lines in Figure 4.12b). dP/dt 

from range of methods: Cerro Negro dP/dt from  modelling MI water loss (Barth et al., 2019); 

Seguam 1977, Kilauea Iki, Fuego 1974, and Kilauea Keanokakoi from H+ diffusion profiles in 

olivine and embayments (Newcombe et al., 2020; Ferguson et al., 2016); Mt. St. Helens from 

embayments (Humphreys et al ., 2008); Ambae 2017-2018 from embayments (green circles, 

black bar) with effect of including pre -existing vapour  phase shown by blue bar to right, and 

from microlite number densities (grey bar to left) (Moussallam et al., 2019) . Mt. St. Helens 

shown in op en symbol since it is a silicic eruption and may be governed by different 

processes.  Monte Carlo distributions shown for Cerro Negro, circles show median values. 

Seguam and Fuego show individual best -fit decompression rates for each studied olivine 

from N ewcombe et al., 2020 with error bars corresponding to + - 1 standard deviation of 

M onte Carlo simulations. Kilauea Iki is based on one olivine and M onte Carlo standard 

deviation is smaller than symbol size, value agrees with embayment modelling by Ferguson 

et al., 2016 within error. Kilauea Keanokakoi is based on one embayment and error is smaller 

than symbol size. MER estimates from total volume and eruption time or plume height via 

direct observation or dispersal mapping (Seguam - volume mapping ɬ Terry Pl ank, pers. 

comm.; Mt. St. Helens ɭ plume height ɭ Humphreys et al. (2008); Fuego ɭ volume mapping 

ɭ Rose et al. (2008); Kilauea Iki ɭ plume height ɭ Richter et al. (1970); Kilauea Keanakakoi 

ɭ volume mapping; Cerro Negro ɭ volume mapping ɭ Hill et al. (199 8), Pioli et al. (2009); 

Ambae ɬ plume height ɬ global volcanism bulletin reports maximum 12 km high plume). 

Lines are solutions to simple conduit flow model with constant conduit radius.  
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lower intensity eruptions. In the case of Cerro Negro, the wide spread in decompression rates 

could be due to the method since there are more variables in the melt inclusion method than for 

directly modelling H2O diffusion profiles (e.g. MI size) and these add uncertainty. However, the 

decompression rates for Seguam and Etna are both from H2O profiles in olivine. 

It is important to note that while the decompression rates that we estimate for the Fall 

Stratified eruption are similar to those for the other VEI 4 eruptions (Fuego, Ambae, 

KeanakǕkoôi) the FS magma began its eruptive ascent at much greater depths. For example, most 

of the crystals from the 2017ï2018 eruption of Ambae record initial pressures of 20ï100 MPa, 

equivalent to 0.5ï3 km depth (Moussallam et al., 2019). On the other hand, the Etna FS magma 

must have ascended from the deep lower crust/mantle in a straight shot ï if it had stalled, the 

magma would show signs of mixing with more fractionated magma in Etnaôs extensive 

plumbing system. Ascending continuously from Moho depths allowed the FS magma to retain its 

CO2-rich vapour phase, without which it would likely have been too dense to continue ascending 

on account of the high density of picritic magma (Anderson, 1995).   

As discussed in the introduction, the total pressure-drop and vesicularity during ascent is 

thought to affect the expansion velocity of the magma, and consequently the eruptive vigour (e.g. 

Namiki and Manga, 2006). Therefore, the deep storage pressures for the Fall Stratified magma 

and high volatile concentrations (particularly CO2) may have been responsible for its relatively 

high explosive energy compared with other eruptions of similar decompression rates. 

4.6. Conclusions 

The subplinian Fall Stratified eruption of Etna was remarkable in terms of its primitive 

composition and high volatile concentrations. Previous studies underestimated the magmaôs CO2 

concentration by neglecting the melt inclusionsô vapour bubbles. In this study, we 
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rehomogenized olivine-hosted MIs to resorb their vapour bubbles and carbonate back into the 

melt inclusions. SIMS and FTIR measurements show that these rehomogenized MIs contain 

between 5500 and 9500 ppm CO2, corresponding to magma storage pressures of 634ï804 MPa. 

These pressures overlap with seismologically estimated Moho depths (20ï35 km) suggesting that 

MIs were entrapped in the deep lower crust or at the Moho, and cannot have gained their CO2 

contents by dissolving the carbonate crust, which only extends to ~ 10 km depth.  

There is, however, strong evidence from major elements, olivine compositions, and isotopic 

measurements of C in gas emissions for the involvement of carbonate in the mantle source of 

Etna. Further trace element data is needed to fully elucidate the relationship between this CO2-

rich source, the enrichment in other volatiles (S, Cl, H2O), and a subducting slab fluid/melt 

which is responsible for a vast range in trace element compositions. However, present evidence 

suggests that these sources are linked, implying that volatile and trace element enrichment is 

caused by input of a slab fluid/melt into the overlying mantle, thereby generating large melt 

fractions (low Na2O) with unusual major element compositions (high CaO/Al2O3).  

Other primitive Etna magmas (Mt. Spagnolo and Mt. Maletto) show similar geochemical 

characteristics, implying that these magmas may not be rare at Moho depths beneath Etna but 

that their signature gets destroyed with mixing and fractionation in the plumbing system. 

However, unlike the FS magma, Mt. Spagnolo and Mt. Maletto magmas both show a significant 

range in geochemical indicators of fractionation (e.g. K2O, MgO), indicating that they either 

mixed with more fractionated magma during ascent, or crystallized extensively themselves. 

Either scenario implies slower ascent for these two magmas compared to the FS magma, which 

may have allowed the escape of their volatile phases and hence less explosive eruptions.  
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Diffusion modelling of H2O profiles reveals fast and relatively uniform decompression rates 

of  ρπȢ Ȣ  MPa/s which is at the upper end of other estimates for explosive basaltic-

intermediate eruptions. The consistency of decompression rates for different olivines supports 

the hypothesis by Newcombe et al. (2020a) that more explosive eruptions have less variable 

decompression rate than lower energy eruptions, for which unsteadiness in flow rate may be 

more pronounced. Uncertainty in decompression rate is dominated by uncertainty in H+ 

diffusivity and a better understanding of the temporal evolution of diffusivity during dehydration 

will vastly improve our constraints on magma decompression rate. 
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1. Appendix A: Chapter 1 supplementary material 

Supplementary material for Chapter 1 were published along with the paper in:  

Barth, A., Newcombe, M., Plank, T., Gonnermann, H., Hajimirza, S., Soto, G.J., Saballos, A. and 

Hauri, E., 2019. Magma decompression rate correlates with explosivity at basaltic volcanoesð

Constraints from water diffusion in olivine. Journal of Volcanology and Geothermal Research, 

387, p.106664. 

 

The supplementary material can also be accessed as electronic supplementary material associated 

with this thesis: Ch1_supplementary_material.  
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2. Appendix B: Chapter 2 supplementary material 

Parameterization of 1D diffusion model results 

We use a generalized logistic function to fit model results from the 1D diffusion model presented 

in (Barth et al., 2019):  

◐  
═▄║●╒

    Equation S2.1 

 

Where !ȟ"ȟ# are free parameters and ὼ is given by: 

● ■▫▌╪
╫ ▀╟Ⱦ▀◄

╪ ╚▀ ╓
           Equation S2.2 

We find the best-fit values for !ȟ"ȟ# using Matlabôs fminsearch or pythonôs 

scipy.optimize.fmin. See equivalent matlab and python scripts below: 

Python script 

1.  import  numpy as np   
2.  from  scipy.optimize  import  fmin    
3.  import  matplotlib.pyplot  as plt    
4.     
5.  ##p5 = results  from  1D diffusion  model in  Barth  et  al.,  2019.  Percent  reequilibration  f

or  dP/dt  0.5  MPa/s,  a/b  = 1,  Kd = 0.001,  Dol  = 1.7e -
10 m2/s,  a (size)  ranging  from  1 Ƶ 100 um in  logspace.    

6.     
7.  p5 = np.array([96.1763,  90.4939,  80.2819,  62.2821,  37.328 5,  17.2592,   6.8656,   2.5530,  

 0.9184,   0.3199]);    
8.     
9.  ##p05 = same as above but  for  dP/dt  = 0.05  MPa/s   
10.     
11.  p05 = np.array([99.9889,  99.5530,  97.0826,  92.2372,  83.4167,  67.6800,  43.6250,  21.3260,

  8.7188,   3.2817]);     
12.      
13.  size  = np.logspace( - 6, - 4,10);  #MI size  in  m   
14.     
15.  Dol  = 9.6e - 6*np.exp( -

125000/(8.314*(1100+273.15)));  #diffusivity  of  H in  Olivine  (m2/s)  from  Barth  et  al.,  2
019   

16.      
17.     
18.  xdata  = np.concatenate((np.log10(size*np.sqrt(0.5/0.001/Dol)),np.log10(size*np.sqrt(0.0

5/0.001/Dol))));    
19.  ydata  = np.concatenate((p5,p05));    
20.     
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21.  x0 = np.random.rand(3)    
22.     
23.  def  fun(x):    
24.      A = x[0];    
25.      B = x[1];    
26.      C = x[2];    
27.     
28.      min_ydata  = 100./((1+A*np.exp(B*(xdata)))**C);    
29.     
30.      sse = np.sum((ydata  -  min_ydata)**2);    
31.         
32.      return  sse   
33.     
34.  bestx  = fmin(fun,  x0)    
35.     
36.  x = np.linspace( - .5,2.5,50);    
37.  y = 100./((1+bestx[0]*np.exp(bestx[1]*(x)))**bestx[2]);    
38.      
39.  plt.plot(xdata,ydata, 'rx' ,  label  = 'data' );   #Plotting  model results  ƽƥÄÁÔÁƦƾ   
40.  plt.plot(x,y, 'b -

' ,  label  = 'best  fit  logistic  function' )  #Plotting  best  fit  logistic  function    
41.     
42.  plt.legend()    
43.  plt.xlabel( '$log_{10}(a  \ sqrt{ \ dfrac{b  \ cdot  dP/dt}{a  \ cdot  K_d \ cdot  D}})$' )    
44.  plt.ylabel( '% Reequilibration' )    

Matlab script  

%p5 = results from 1D diffusion model in Barth et al., 2019. Percent 

reequilibration for dP/dt 0.5 MPa/s, a/b = 1, Kd = 0.001, Dol = 1.7e - 10 m2/s, 

a (size) ranging from 1 ï 100 um in logspace.  

 

p5 = [ 96.1763   90.4939   80.2819   62.2821   37.3285   17.2592    6.8656    

2.5530    0.9184    0.3199 ];  

 

%p05 = same as above but for dP/dt = 0.05 MPa/s  

 

p05 = [99.9889    99.5530   97.0826   92.2372   83.4167   67.6800   43.6250   

21.3260    8.7188    3.2817 ];  

  

size = logspace( - 6, - 4,10); %MI size in m  
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Dol = 9.6*10^ - 6*exp( - 125000/(8.314*(1100+273.15))); %diffusivity of H in 

Olivine (m2/s) from Barth et al., 2019  

 

xdata = [log10(si ze*sqrt(0.5/0.001/Dol)),log10(size*sqrt(0.05/0.001/Dol))];  

ydata = [p5,p05];  

  

fun = @(x)sseval(x,xdata,ydata);  

x0 = rand(3,1);  

options = optimset( 'MaxFunEvals' ,1e5, 'MaxIter' ,1e5, 'TolFun' ,1e - 10);  

bestx = fminsearch(fun,x0,options)  

 

x = linspace( - .5,2.5,50 );  

y = 100./((1+bestx(1)*exp(bestx(2)*(x))).^bestx(3));  

 

figure, plot(xdata,ydata, 'rx' ); hold on; %Plotting model results (ódataô) 

plot(x,y, 'b - ' ) %Plotting best fit logistic function  

legend( 'data' , 'best fit logistic function' )  

xlabel( '$log_{10}(a \ sqrt{ \ frac{b \ cdot dP/dt}{a \ cdot K_d \ cdot 

D}})$' , 'Interpreter' , 'latex' , 'FontSize' ,20)  

ylabel( '% Reequilibration' )  

%---------------------------------------------------------  

function  sse = sseval(x,xdata,ydata)  

A = x(1);  

B = x(2);  

C = x(3);  

  

min_ydata = 100./((1+A*exp(B*(xdata))).^C);  

sse = sum((ydata -  min_ydata).^2);  
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Figure S2.1: % Re-equilibration (water loss) versus x (defined above) for best fit 

logistic function and data (from 1D diffusion model results)  
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Python script for Monte Carlo simulations of melt inclusion water loss 

Using the parameterization in equations S2.1 and S2.2, we can use Monte Carlo simulations to 

explore propagation of uncertainties from different parameters to output of water loss or 

decompression rate. 

1.  import  numpy as np   
2.  import  matplotlib.pyplot  as plt    
3.  from  decimal  import  Decimal    
4.  from  scipy.optimize  import  fsolve    
5.  #### Define  mean and standard  deviation  of  different  parameters  here    
6.  # Leave either  dPdt_mean_sig  OR WL_mean_sig empty,  depending  on which  one you are  solvi

ng for.    
7.     
8.  kd_mean_sig  = [0.001,  0.0002]      #ol - melt  H partition  coefficient    
9.  D0_mean_sig = [9.6e - 6,  5e-

7]       #preexponential  in  arrhenius  relationship  for  diffusi vity  of  H in  ol  (m2/s)    
10.  Q_mean_sig = [125000,  1500]        #activation  energy  for  diffusivity  of  H in  ol  (J/mol)

   
11.  T_mean_sig = [1100,  20]            #temperature  (oC)    
12.  a_mean_sig = [20e - 6,  2e- 6]         #MI radius  (m)    
13.  b_mean_sig = [40e - 6,  2e- 6]         #distance  between MI and olivine  edge along  a (m)    
14.     
15.  ##Choose one of  these  to  solve  for  (leave  empty):    
16.  dPdt_mean_sig  = [ - 1.4,0.1] #[]#     #magma decompression  rate  (MPa/s)    
17.  WL_mean_sig = [] #[40,10]#          #water  loss  %    
18.  params = np.array([])    
19.     
20.  for  i  in  range(10000):    
21.         
22.      kd = np.random.normal(kd_mean_sig[0],kd_mean_sig[1])        
23.      D0 = np.random.normal(D0_mean_sig[0],D0_mean_sig[1])    
24.      Q = np.random.normal(Q_mean_sig[0],Q_mean_sig[1])     
25.      T = np.random.normal(T_mean_sig[0],T_mean_sig[1])    
26.      D = D0*np.exp( - Q/(8.314*(T+273.15)))    
27.      a = np.random.normal(a_mean_sig[0],a_mean_sig[1])    
28.      b = np.random.normal(b_mean_sig[0],b_mea n_sig[1])    
29.         
30.         
31.      if  not  WL_mean_sig:   
32.          dPdt  = 10**np.log(np.random.lognormal(dPdt_mean_sig[0],dPdt_mean_sig[1]))    
33.         
34.          x = np.log10(a*np.sqrt(b*dPdt/(a*kd*D)))    
35.             
36.          WL = 100/((1+.011*np.exp(4.05*x))**1.36)    
37.             
38.      elif  not  dPdt_mean_sig:    
39.          WL = np.random.normal(WL_mean_sig[0],WL_mean_sig[1])    
40.             
41.          x = np.log(((100/WL)**(1/1.36) - 1)/0.011)/4.05    
42.             
43.          dPdt  = (10**x/a)**2*a/b*kd*D    
44.                 
45.         
46.      param = [kd,D,a,b,dPdt,WL]    
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47.         
48.      if  np.size(params)  < 1:    
49.          params=np.copy(param)    
50.      else :    
51.          params = np.vstack((params,  param))    
52.            
53.  fig,  axs = plt.subplots(3,2)    
54.  h0 = axs[0,0].hist(params[:,0],bins=50)    
55.  axs[0,0].vlines([np.mean(params[:,0]),np.percentile(params[:,0],2.5),np.percentile(para

ms[:,0],97.5)],0,axs[0,0].get_ylim()[1])    
56.  axs[0,0].set_xlabel( 'Kd' )    
57.  axs[0,0].set_title( 'Kd  = ' +str(np.mean(params[:,0]))+ '+' +str(np.mean(params[:,0]) -

np.percentile(pa rams[:,0],2.5))+ ' - ' +str(np.percentile(params[:,0],97.5) -
np.mean(params[:,0])))    

58.     
59.  h1 = axs[1,0].hist(np.log10(params[:,1]),bins=50)    
60.  axs[1,0].vlines([np.log10(np.mean(params[:,1])),np.log10(np.percentile(params[:,1],2.5)

),np.log10(np.percentile(params[: ,1],97.5))],0,axs[1,0].get_ylim()[1])    
61.  axs[1,0].set_xlabel( 'log10(D)  (m2/s)' )    
62.     
63.  h2 = axs[2,0].hist(1e6*params[:,2],bins=50)    
64.  axs[2,0].vlines([1e6*np.mean(params[:,2]),1e6*np.percentile(params[:,2],2.5),1e6*np.per

centile(params[:,2],97.5)],0,axs[2,0].g et_ylim()[1])    
65.  axs[2,0].set_xlabel( 'MI  size  (um)' )    
66.     
67.  h3 = axs[0,1].hist(1e6*params[:,3],bins=50)    
68.  axs[0,1].vlines([1e6*np.mean(params[:, 3]),1e6*np.percentile(params[:,3],2.5),1e6*np.per

centile(params[:,3],97.5)],0,axs[0,1].get_ylim()[1])    
69.  axs[0,1].set_xlabel( 'MI - olivine  edge dist  along  a (um)' )    
70.     
71.  h4 = axs[1,1].hist(np.log10(params[:,4]),bins=50)    
72.  axs[1,1].vlines([np.log10(np.mean(para ms[:,4])),np.log10(np.percentile(params[:,4],2.5)

),np.log10(np.percentile(params[:,4],97.5))],0,axs[1,1].get_ylim()[1])    
73.  axs[1,1].set_xlabel( 'log10(dP/dt)(MPa/s)' )    
74.     
75.  h5 = axs[2,1].hist(params[:,5],bins=50)    
76.  axs[2,1].vlines([np.mean(params[:,5]),np.per centile(params[:,5],2.5),np.percentile(para

ms[:,5],97.5)],0,axs[2,1].get_ylim()[1])    
77.  axs[2,1].set_xlabel( 'Water  loss  %')    
78.     
79.     
80.  fig.set_figheight(15)    
81.  fig.set_figwidth(15)    
82.            
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Insensitivity of water loss to initial pressure deeper than water saturation 

Melt inclusion water loss does not occur at depths greater than water saturation, and so diffusion 

modelling is insensitive to ascent beneath this depth. Consider the case when a MI ascends from 

400 MPa versus 240 MPa (Figure S2.1). Because water degassing only begins at ~240 MPa, if 

the melt is water-saturated, the two MIs will contain roughly the same water concentration. If the 

decompression rate is the same, MIs will lose the same amount of water since they spend the 

same amount of time at depths shallower than water saturation. However, the total ascent time 

will be longer for the melt inclusion that ascended from deeper.  

 

Figure S2.2: Melt inclusion H 2O concentration versus time (A) and pressure (B).  Black 

curves show model starting at 400 MPa (black star, H 2O = 4.84 wt.%), grey curves start at 240 

MPa (grey star, H 2O = 4.75 wt.%). Both models are for the same decompression rate of 0.01 

MPa/s, so the model with deeper Pi decompresses for longer duration. Final MI H 2O shown 

by large and small circle (10 um and 1 um size respectively). (C) shows H 2O solubility versus 

pressure (boundary condition) modelled  by Solex. Stars show two different initial pressures.  
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Fixed versus degassing boundary condition  

The choice of fixed versus degassing boundary condition strongly affects the relationship 

between MI water loss and MI size (Figure S2.3). If there is no relationship between MI size and 

water loss, but the MI water concentration is not equal to either the parental magma or the 

degassed groundmass, it indicates that a stalling event occurred (pale curves in Figure S2.3).  

 

Figure S2.3: Fixed versus degassing bounda ry condition. Left: melt inclusion H 2O 

concentration over time during ascent for different boundary conditions (shown by x marker 

s) and three different MI sizes. Note that the smallest MI path tracks the boundary condition 

as it remains in equilibrium with the host magma. A fixed boundary co ndition at 2 wt.% H 2O 

(grey) gives the potential for melt inclusions to all re-equilibrate to this H 2O concentration, 

regardless of their size, if stalling time is long enough. By contrast, a degassing boundary 

condition (black) will never allow melt inclu sions of different sizes to re-equilibrate to the 

same H2O concentration (other than the final, groundmass H 2O concentration). Right: MI 

H 2O concentration versus size for different decompression  rates. Note that decompression 

rate for Left corresponds to m iddle curve on right (0.05 MPa/s), with corresponding MI sizes 

shown by circles.  
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Insensitivity of model results to different degassing model boundary conditions 

In theory, observations of water loss could constrain the type of degassing in the magma (open, 

closed, excess vapour). However, in practice we find that it makes very little difference to the 

resulting curves of water loss versus MI size. 

 

Figure S2.4: % re-equilibration versus MI size for differen t degassing paths. dP/dt = 

0.5 MPa/s, a/b = 1, Kd = 0.001, D = 1.7e-10 m2/s. 
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Uncertainty in diffusivity  

Ferriss et al., 2018 does not report uncertainty in activation energy, Ὁ, or pre-exponential term, 

Ὀ. We assume the same uncertainty in Ὁ as Mackwell and Kohlstedt (1990), that is, σπ 

kJ/mol. We propagate this to an uncertainty in Ὀ by using a chi-squared regression. ρ „ in Ὀ  

is found where …  is twice that at its minimum: 

 

Figure S2.5: Method for calculating uncertainty in D 0 for diffusivity in Ferris et al. 

(2018) 

Barth et al., 2019 only have two data points to define their Arrhenius relationship and as such, it 

is not appropriate to perform a chi-squared regression to determine uncertainty. To estimate 

uncertainty in Ὁ and Ὀ we calculate two Arrhenius relations that go through the minimum and 

maximum extremes in their reported uncertainties on these two data points, as shown in their 

figure 6 (Figure 1.6). 

 

  
































