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ABSTRACT
Accretion and subduction of oceanic lithosphere: 2D and 3D seismic studies of off-axis magma
lenses at East Pacific Rise 9º37-40'N area and downgoing Juan de Fuca plate at Cascadia
Subduction Zone
Shuoshuo Han
Two thirds of the Earth’s lithosphere is covered by the ocean. The oceanic lithosphere is
formed at mid-ocean ridges, evolves and interacts with the overlying ocean for millions of years,
and is eventually consumed at subduction zones. In this thesis, I use 2D and 3D multichannel
seismic (MCS) data to investigate the accretionary and hydrothermal process on the ridge flank
of the fast-spreading East Pacific Rise (EPR) at 9˚37-40’N and the structure of the downgoing
Juan de Fuca plate at the Cascadia subduction zone offshore Oregon and Washington.
Using 3D multichannel seismic (MCS) data, I imaged a series of off-axis magma lenses
(OAML) in the middle or lower crust, 2 -10 km from the ridge axis at EPR 9˚37-40’N. The large
OAMLs are associated with Moho travel time anomalies and local volcanic edifices above them,
indicating off-axis magmatism contributes to crustal accretion though both intrusion and eruption
(Chapter 1). To assess the effect of OAMLs on the upper crustal structure, I conducted 2-D travel
time tomography on downward continued MCS data along two across-axis lines above a
prominent OAML in our study area. I found higher upper crustal velocity in a region ~ 2 km
wide above this OAML compared with the surrounding crust. I attribute these local anomalies to
enhanced precipitation of alteration minerals in the pore space of upper crust associated with
high-temperature off-axis hydrothermal circulation driven by the OAML (Chapter 2).
At Cascadia, a young and hot end-member of the global subduction system, the state of
hydration of the downgoing Juan de Fuca (JdF) plate is important to a number of subduction
processes, yet is poorly known. As local zones of higher porosity and permeability, faults

constitute primary conduits for seawater to enter the crust and potentially uppermost mantle.
From pre-stack time migrated MCS images, I observe pervasive faulting in the sediment section
up to 200 km from the deformation front. Yet faults with large throw and bright fault plane
reflections that are developed under subduction bending are confined to a region 50-60 km wide
offshore Oregon and less than ~45 km wide offshore Washington. Near the deformation front of
Oregon margin, bending-related faults cut through the crust and extend to ~6 km in the mantle,
whereas at Washington margin, faults are confined to upper and middle crust, indicating that
Oregon margin has experienced more extensive bend faulting and related alteration. These
observations argue against pervasive serpentinization in the slab mantle beneath Washington and
suggest mechanisms other than dehydration embrittlement need to be considered to explain the
intermediate depth earthquakes found along the Washington margin (Chapter 3). Using MCS
images of a ~400 km along-strike profile ~10-15 km from the deformation front, I investigate the
along-trench variation of the structure of downgoing JdF plate and its relation to the regional
segmentation of Cascadia subduction zone. I observe that the propagator wakes within the
oceanic plate are associated with anomalous basement topography and crustal reflectivity.
Further landward, segment boundaries of ETS recurrence interval and relative timing align with
the propagator traces within the subducting plate. I propose while the upper plate structure or
composition may determine the threshold of fluid pore pressure at which ETS occur, the
propagators may define barriers for ETS events that occur at the same time. I also observe a
change in crustal structure near 45.8˚N that is consistent with an increase in bend-faulting and
hydration south of 45.8˚. In addition, four previously mapped oblique strike-slip faults are
associated with changes in Moho reflection, indicating that they transect the entire crust and may
cause localized mantle hydration (Chapter 4).
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Preface
Nearly two thirds of the Earth’s lithosphere is oceanic lithosphere. The oceanic lithosphere is
formed at the spreading segments of global mid-ocean ridge system, which is 53000 km long and
constitutes the most spectacular mountain chain on the Earth. In the vast ocean basins, seawater
circulating through the upper oceanic crust removes heat from the oceanic plate and facilitates
substantial chemical exchange between the ocean and the crust (Mottl and Wheat; 1994, Jarrad,
2003). Most of the oceanic lithosphere eventually goes back to the deep mantle at subduction
zones. The subduction dip angle, thermal structure, roughness of basement, and the state of
hydration of oceanic lithosphere directly affect the seismogenesis on the plate interface (e.g.
Hyndman, 2007) and the composition and style of arc volcanoes (e.g. Carr, 1984). Therefore,
oceanic lithosphere plays a crucial role in plate tectonics, interaction between hydrosphere and
the solid Earth, and geohazards.
Our current understanding of the structure of oceanic lithosphere comes from seismic studies,
ocean drilling, mapping of tectonic windows on the seafloor and ophiolite on land (e.g. Becker et
al., 1989, Vera et al., 1990, Kelemen et al., 1995, Christeson et al., 2007). It has been observed
since the early days that oceanic crust consists of layers with different seismic velocity (Houtz,
1976, Spudich and Orcutt, 1980, Vera et al., 1990, Christeson et al., 1996): in the upper crust, an
uppermost layer of a few hundred meters thick with P-wave velocity less than 2.5 km/s (layer
2A) overlies a layer of 1.5-2 km thick with P-wave velocity 5.5-6.0 km/s (layer 2B); the
transition between them is associated with steep velocity gradient, which generates retrograde
refractions that can be detected using long streamer multi-channel seismic studies (e.g. Harding
et al., 1993, Vera and Diebold, 1994). The lower crust is characterized by relatively high P-wave
velocity (6.5-7.0 km/s) and low velocity gradient (layer 3); its velocity contrast with uppermost
ix

mantle (~7.6~8.0 km/s) results in a strong Moho reflection that marks the crust-mantle boundary.
Observations from ocean drilling and mapping at seafloor and ophiolites has correlated these
seismically defined layers with lithological units: layer 2A and 2B are attributed to extrusive lava
and sheeted dikes, while layer 3 is associated with gabbro; the dominant rock type in the mantle
is peridotite. The nature of the transition zone between layer 2A and 2B is still under debate, but
it likely marks a porosity boundary linked to lithology, alteration and fracturing (e.g. Christeson
et al., 2007, Arnulf et al., 2011).
Although the layered model described above is quite simple, the structure of oceanic
lithosphere varies spatially and through time due to the combined effects of magmatism, faulting,
and hydrothermal circulation.
At mid-ocean ridges, as two plates move apart, the underlying mantle upwells and experiences
decompressional melting. The mantle melt is focused into a narrow zone of a couple tens of
kilometers wide and produces oceanic crust by both eruption and intrusion (e.g. Dunn et al.,
2000). The spreading rate of current mid-ocean ridge varies from 8-160 mm/yr (full rate) and is a
key factor that determines the variation of the structure of oceanic lithosphere (e.g. Carbotte and
Scheirer, 2004). At fast-spreading ridges, a steady-state magma lens is present beneath most
portion of the ridge axis while magma lens is ephemeral beneath slow-spreading ridges and some
of the intermediate spreading ridges. The total thickness of oceanic crust is 6-7 km for ridges
with spreading rate above 15 mm/yr, but significantly reduced, and at places non-existent when
the spreading rate is below 15 mm/yr (e.g. Chen, 1992). For crust generated at fast-spreading
ridges, the combined thickness of extrusive lava and sheeted dikes is 1.2-1.5 km, whereas a
thicker layer of 2.3-3.5 km is formed at intermediate- to slow- spreading ridge (Carbotte and
Scheirer, 2004). In addition to on-axis magmatism, off-axis magmatism also contributes to the
x

variation of the structure of oceanic lithosphere, as manifested by the numerous seamounts that
form near the ridge axis.
Faults in the oceanic lithosphere start to develop near the axis of mid-ocean ridges as abyssal
hill normal faults, the spacing and facing direction of which depend on the spreading rate and
magma supply (Carbotte and MacDoanld, 1990). At fast- and intermediate-spreading ridges,
these faults are believed to be confined to the uppermost 2-3 km of the crust and cease growing
within a few 10s of kilometers from the ridge (e.g. Carbotte and Macdonald, 1994; Macdonald et
al., 1996; Bohnenstiehl and Carbotte, 2001). In the vast plate interior, intraplate stresses are
typically much smaller than the strength of the plate and little faulting is believed to occur
(Wiens and Stein, 1983). Near subduction zones, the oceanic plate is flexurally bent due to the
weight of the subducted slab and loading of the overriding plate (e.g. Watt, 2001), resulting in
the reactivation of pre-existing abyssal hill faults and/or the formation of new faults (e.g.
Masson, 1991; Billen et al., 2007). Evidence from seismic studies suggest that these near-trench
faults can cut through the crust and extend up to 10-20 km into the uppermost mantle, facilitating
significant deep hydration of the downgoing plate (e.g. Ranero et al., 2003, Ivandic et al., 2008,
Fujie et al., 2013). Besides these real faults, “pseudofaults” (also called “propagator wakes”) are
also present at oceanic lithosphere. These pseudofaults are identified from offset magnetic
anomalies and correspond with small offsets of the mid-ocean ridge that, unlike transform faults,
can migrate along the ridge axis perhaps to accommodate changes in plate motion (e.g. Hey
1997). Significant fracturing and rotation of crustal fabric occurs with ridge propagation
(Kleinrock and Hey, 1989; Wilson 1988) and the pseudofaults are believed to be highly fractured
areas within the oceanic plate (e.g. Nedimovic et al., 2009).
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Fluid circulation within the oceanic lithosphere starts at mid-ocean ridges, continues for
millions of years within ridge flank crust across ocean basins, and may be still active when the
plate descends at the subduction zones (e.g. Davis and Elderfield, 2004). The forms of fluid
circulation are determined by the thermal structure and porosity/permeability distribution within
the plate, which vary through the life span of the oceanic lithosphere. At ridge axis, the heat from
magma intrusion drives high-temperature (250-350˚C) flow that vents directly to the seafloor
through black smokers (German and Von Damm, 2007). At ridge flank, the fluid flow is driven
by the deep-seated heat from the cooling lithosphere. Although this flow is of low temperature
and may be confined to the highly porous and permeable extrusive layer, it alters the upper
oceanic crust by precipitating hydrous minerals and reducing microporosity, and also results in
large-scale fluxes of H2O, CO2, Cl-1, and K2O between seawater and crust (e.g. Jarrad, 2003).
Near the subduction zone, as deep-cutting faults are developed due to plate bending, the fluid
may migrate downward along these faults under the tectonic pressure gradient resulting from
deformation (Mancklow, 2008). This process is believed to serpentinize the mantle of the
downgoing plate thus significantly increases the amount of water entering the subduction zone
(e.g. Ranero et al., 2003, Ivandic et al., 2008). This deformation-induced fluid circulation and
hydration may continue after the plate subducts into the trench (Faccenda et al., 2009).
There are still many unknowns about the oceanic lithosphere, for example, how much does
off-axis magmatism contribute to crustal accretion and how it alters the crustal structure on the
ridge flanks, and how the structure and state of hydration of the downgoing plate affect the
subduction processes.
In this thesis, I try to address the above questions using two multichannel seismic (MCS)
datasets. The first dataset that Chapters 1 and 2 are based on is a 3D dataset collected at East
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Pacific Rise (EPR) 9˚N area in 2008 on board R/V Langseth. The target for this survey is to
resolve the fine-scale structure of magmatic plumbing system beneath this fast-spreading ridge
(Mutter et al., 2009). Two 3D boxes, one from 9˚42’-57’N and the other from 9˚37’-40’N are
collected and the data from the southern 3D box are used for this thesis work. This 3D box
consists of 14 primary sail lines and covers an area of 4.2km x 23 km. The second dataset that
Chapters 3 and 4 are based on was collected in 2012, also on board R/V Langseth, during the
Cascadia Ridge2Trench Experiment (Carbotte et al., 2012). The aim for this survey is to
characterize the evolution of Juan de Fuca plate from ridge to trench and its structure prior to
subduction at Cascadia subduction zone. MCS data were collected along three plate scale lines:
two cross-plate lines of 225 km and 390 km long respectively from Juan de Fuca ridge to the
deformation front offshore Oregon at 44.4˚N and Washington at 47.4˚N; and a 400 km long
along trench line extending from 44.28˚ N -125.33˚ W to 47.83 ˚N -126.43˚W, about 10-15 km
west of the deformation front.
In Chapter 1, I present 3D MCS images of a series of off-axis magma lenses (OAMLs)
beneath the ridge flank of EPR near 9˚37-40’N. From the volcanic edifices above the OAMLs
and the crustal travel time anomalies associated with the largest OAMLs, I estimate the potential
contribution of off-axis magmatism to the total volume of crust. By compiling all the OAMLs
imaged in the entire 3D survey area, I study the distribution of OAMLs in relation to the thermal
structure and lithological units of the ridge crust. In addition, the potential melt sources for the
OAMLs and the relationship between OAMLs and the formation of near-axis seamounts are also
discussed.
In Chapter 2, I use 2D travel-time tomography on downward continued MCS data to study the
upper crustal velocity structure above a prominent OAML beneath the eastern flank of EPR near
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9˚39’N. Several velocity anomalies, including locally increased P-wave velocity above the
OAML, are resolved and are correlated with geological structures. The effect of OAML to the
ridge-flank hydrothermal circulation is discussed.
In Chapter 3, I present MCS images along two cross-plate transects from Juan de Fuca Ridge
to the deformation front offshore Oregon and Washington, from which I map faults in the
sediment section and fault plane reflections in the crust and uppermost mantle. Pervasive faulting
in the sediments has been previously observed in the interior of JdF plate and has been attributed
to subduction related bending (Nedimoivc et al., 2009). Here I use information of initiation of
plate bending, fault throw variation, and crustal/mantle reflectivity to show that bending-fault
zone on JdF plate is localized near the deformation front. Different faulting pattern offshore
Oregon and Washington is documented; the causes of this difference and the implications for
plate hydration and the generation of intermediate-depth earthquakes are discussed. Finally, I
describe a group of bright ridgeward dipping lower crustal reflections that is imaged on the
same-age crust on the two transects and discuss their potential origins.
In Chapter 4, I study the along-strike variation of the structure of downgoing JdF plate prior to
subduction from the MCS images of a 400 km long trench-parallel profile offshore Oregon and
Washington. Variations in sediment thickness, basement topography, fault distribution, and
crustal and mantle reflectivity are documented. In particular, I characterize the structural
anomalies of a group of propagator wakes crossed by our line and correlate the locations of
propagator wakes in the subducted slab to the segment boundary of ETS recurrence interval and
relative timing further landward. A boundary that marks crustal structure change is identified
from our profile. Furthermore, I discuss the origin of a group of strike-slip faults crossed by our
profile and their effect in facilitating localized mantle hydration.
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Chapter 1 has been published as a journal article (Han et al., 2014); Chapters 3 and 4 are in
preparation for submission to journals.
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Abstract
Crustal accretion at fast-spreading mid-ocean ridges is believed to be concentrated in a narrow
zone up to a few kilometers wide centered beneath the ridge axis. However, there is increasing
evidence for off-axis magmatism occurring beyond this narrow zone. Here, we present 3D
multichannel seismic (MCS) images from the East Pacific Rise 9˚37-40’N extending to 11 km on
the ridge flanks. In the axial region, two offset axial magma bodies underlie a small ridge-axis
discontinuity at ~9°37’N, displaying an overlapping geometry similar to that of the seafloor
structures above. On the ridge flanks, a series of off-axis magma lenses (OAML) are imaged:
they are located 2 -10 km from the ridge axis, at 700 to 1520 ms two-way travel time below
seafloor (bsf) (~1.6 to 4.5 km bsf), with variable areas ranging from 0.5 km2 to 5.2 km2. The
largest body is centered 4 km east of the ridge axis and is composed of a large, continuous, flattopped lens and a series of small, discontinuous, westward-dipping bodies along its western
edge. The flat crest of the OAML lies at approximately the same depth beneath layer 2A as the
axial magma lens and we infer that this OAML has formed by aggregation of ascending melts
that accumulate at the base of the sheeted dike section. A cluster of reflections underlying the
OAML at 1260-1510 ms bsf are observed that may be deeper lenses feeding melts to the upper
lens. This largest OAML is associated with Moho travel time anomalies of 120-260 ms within a
1

zone that extends up to 2 km from the edge of the OAML, suggesting a lower crust that is
partially molten with lower crustal velocities reduced by 8-18% and/or thicker than normal by up
to 1 km. Local volcanic edifices are found above two of the three OAMLs imaged in our study
area and are inferred to be the eruptive products of the OAMLs. From the volume of these
edifices and the Moho travel time anomalies we estimate the potential contribution of off-axis
magmatism to the total volume of the crust to be ~0.3-3%. The OAMLs imaged in our study area
are present over roughly the same distance range as the zone of formation of near-axis
seamounts. We speculate that OAMLs and the volcanic edifices found above them are smallscale manifestations of the off-axis magmatism that gives rise to near-axis seamounts.

2

1. Introduction
Oceanic crust is formed by decompression melting of upwelling mantle beneath mid-ocean
ridges. At fast spreading ridges, although the mantle melting region beneath the ridge is several
hundred kilometers wide (Forsyth et al., 1998; Key et al., 2013), new oceanic crust is believed to
be generated in a narrow axial zone, where a mid-crustal melt lens about 1 km wide sits on top of
a 5-7 km wide partially molten zone within the lower crust (Dunn et al., 2000; Kent et al., 1993).
In places Moho can be traced to within a kilometer of the ridge axis, suggesting that the crust is
fully formed at very young age (Barth and Mutter, 1996; Kent et al., 1994; Mutter and Carton,
2013). Most volcanic eruptions emanate from a narrow region a few 100s of meters wide
characterized by a small depression known as the axial summit trough (AST) and most hightemperature hydrothermal vents are located within the AST (Fornari et al., 1998; Haymon et al.,
1991). For mantle melts originating from such a broad region to concentrate into the narrow
crustal neovolcanic zone, strong focusing of melts within the mantle must occur.
There is however growing evidence from a number of studies conducted on fast-spreading
ridges over the past two decades that mantle melts may not undergo as narrow a focusing as
previously assumed. From P-to-S converted phases detected from the Moho transition zone,
Garmany (1989) infers the presence of melt sills at the base of the crust about 22 km off-axis at
12˚N on the East Pacific Rise (EPR). Local zones of anomalously low shear-wave velocities
have been detected in seafloor compliance studies 2.5 km east of the axis at 9˚08’N and 10 km
east of axis at 9˚48’N, indicative of a near-Moho magma lens and a low velocity zone in the
lower crust, respectively (Crawford and Webb, 2002). Durant and Toomey (2009) report
evidence for P-wave diffractions, P-to-S conversions, and high seismic attenuation within a
region at ~9˚20’N on the EPR and located 20 km east of the axis. They attribute these
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observations to the presence of a melt body ~2 km below seafloor (bsf) underlain by a lowvelocity, highly attenuative crust. Lavas with anomalously young ages and diverse compositions
have been sampled on the ridge flanks as far as 30 km from the ridge axis (Goldstein et al., 1994;
Perfit et al., 1994; Sims et al., 2003; Turner et al., 2011; Zou et al., 2002). Hydrothermal mineral
deposits indicating moderate temperature venting (up to 150°C) have been discovered about 5
km from the ridge axis at 10˚20’N (Benjamin and Haymon, 2006; Haymon et al., 2005).
In the summer of 2008, the first multi-streamer 3D multichannel seismic (MSC) survey of a
mid-ocean ridge was conducted at the EPR 9˚37-57’N (Mutter et al., 2009), during which a
series of bright off-axis mid-crustal reflections were discovered on both flanks (Canales et al.,
2012). The study of a group of these reflections at 9˚52’N on the eastern flank shows that they
exhibit reversed polarity with respect to the seafloor reflection, and that seismic energy
propagating through the crust beneath these events is strongly attenuated (Canales et al., 2012).
Based on these observations, Canales et al. (2012) conclude that these reflections are the
response of off-axis magma lenses (OAML).
In this study, we analyze 3D MCS data from the southern portion of our survey extending
from 9˚37.6-40.0’N along the axis and to 11 km on the ridge flanks. The resulting 3D seismic
images reveal the detailed geometry of the axial magma body associated with a small ridge-axis
discontinuity and that of a group of OAMLs (Fig. 1). The new data show that OAMLs are
abundant in the crust and form at a range of depths and distances from the axis, providing new
constraints on controlling factors for the depths of crustal magma bodies. Some OAMLs are
associated with Moho travel time anomalies, indicating possibly thickened crust, and volcanic
cones that are likely products of eruptions from these bodies. Implications of the new
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observations for the potential contribution of OAMLs to overall crustal accretion, the distribution
of melt on the ridge flanks, and near-axis seamount formation are considered.
2. Geological Setting
The EPR 9˚-10˚N area is one of the most intensely studied portions of the global mid-ocean
ridge system. Studies conducted over the past three decades of ridge morphology and
segmentation (Macdonald et al., 1988; White et al., 2002), volcanological processes (Escartin et
al., 2007; Soule et al., 2007), seismic structure of the crust and mantle (Detrick et al., 1987; Dunn
et al., 2000; Toomey et al., 2007; Wilcock et al., 1995), lava geochemistry (Goss et al., 2010;
Langmuir et al., 1986; Perfit et al., 1994; Rubin et al., 1994) and hydrothermal circulation
(Haymon et al., 1991; Tolstoy et al., 2008) give context to our study.
The primary target of our southern survey area (Fig. 1) was a right-stepping ridge-axis
discontinuity centered at 9°37’N that separates third-order ridge segments from 9°37’ to 9°20’N
and 9°37 to 9°56’N (White et al., 2006). This third-order discontinuity is expressed as a zone of
overlapping ASTs extending from 9˚36’-38’N, with a recent history of southward propagation
(Macdonald et al., 1988). The ASTs overlap by 3 km and are offset by 450 m, but no basin is
developed in the overlap zone (Smith et al., 2001). Seafloor lava samples from this discontinuity
show more evolved and enriched lava at the western limb, which Smith et al. (2001) attribute to
waning magmatism at this retreating limb.
An early seismic study conducted in the region in 1985, during which common mid-point
(CMP), wide aperture profiles (WAP), and expanded spread profile (ESP) data were acquired,
provide the foundation for our modern understanding of the crustal magma plumbing system at
fast spreading ridges. A cross-axis CMP profile centered at ~9˚40’N imaged an ~700 m wide
5

axial magma lens (AML) (Kent et al., 1993) which, based on waveform inversion studies, is
largely molten (Collier and Singh, 1997; Hussenoeder et al., 1996). ESP data centered at
approximately 9˚35’N yield 1D velocity profiles of crust at 0, 2.1, 3.1, and 10 km from the ridge
axis (corresponding to ages of 0, 38, 55, and 180 kyr, Vera et al., 1990). A tomography study
conducted in 1988 covering a 20 x 20 km area from 9˚27-37’N detected a 5-7 km wide low
velocity zone in the mid-to-lower crust with the maximum melt fraction estimated to be ~ 40% in
the mid-crust (Dunn et al., 2000). This study also found a low velocity anomaly at sub-Moho
depth extending to 10 km from the ridge axis that is attributed to mantle melts accumulated at the
base of the crust. Regional variations in crustal thickness have been mapped from both the 1985
MCS data (Barth and Mutter, 1996) and from the later 1997 UNDERSHOOT seismic refraction
study (Canales et al., 2003). Axis centered and off-axis centered mantle upwelling and melt
accumulation in the shallow mantle is imaged in this region by Toomey et al. (2007). The 9˚3740’N area is at a transition from axis centered upwelling to the north to an off-axis centered
mantle melt zone to the south.
3. Data and Methods
3D multichannel seismic data were acquired aboard the R/V Langseth during cruise MGL0812
in the summer of 2008. Two groups of airguns, each composed of two gun strings with a total
volume of 3300 cubic inches were towed at a nominal depth of 7.5 m and fired alternately every
37.5 m. The data were recorded with four 6-km solid-state streamers towed at a nominal depth of
10 m with 150 m spacing. Each streamer comprises 468 active hydrophone groups spaced at 12.5
m. This configuration provides a nominal bin size of 6.25 m x 37.5 m. Positions of sources and
receivers were derived from shipboard and tailbuoy GPS receivers, compass-enhanced
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DigiCourse birds and an acoustic transponder array placed along the streamer. Data were
recorded in 10-s long records with a sampling rate of 2 ms.
The data of the southern survey area used in this study were acquired along 14 across-axis
primary sail lines at 300 m spacing. The resulting 3D volume (after migration) is centered at
9˚38.9’N on the axis and covers an area of 4.2 km x 22.5 km (Fig. 1). In addition, one ridgeparallel 2D line (AXIS5), located 3.7 km east of the axis, is used to constrain the north-south
extent of the OAML group imaged in this region. Characteristics of the OAMLs detected within
the northern survey area from 9˚42’N to 9˚57’N (Aghaei et al., in revision; Canales et al., 2012;
Carton et al., 2010) are also included here for comparison.
3D processing and visualization is conducted using Paradigm software Focus, GeoDepth,
and VoxelGeo. The 3D pre-stack processing sequence includes 3D geometry definition (bin size
6.25 m x 37.5 m), band pass filtering (2-5-220-250 Hz) to remove cable noise, FK filtering to
remove residual low frequency noise that is particularly prominent on some noisy channels and
part of the line when the ship was turning, trace editing, spherical divergence correction,
amplitude balancing, flexible binning, and resampling to 4 ms and 8-s trace length. Constant
velocity stacks are used to determine optimal stacking velocities; the data are then normal moveout corrected and stacked with a stretch and outer mute. The post-stack processing sequence
includes bottom mute of the primary seafloor multiple, 3D Kirchhoff migration with a composite
velocity function modified from ESP velocity solutions (Vera et al., 1990) and top mute above
seafloor. A different volume is processed to yield the optimal image for the seismic layer 2A
event. This event is stacked using source-receiver offsets from 1.3-3.7 km with velocities derived
from constant velocity stacking analysis, and migrated using a 3D Kirchhoff migration
algorithm. The two volumes are then merged to produce the final image. 2D processing of line
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AXIS5 is conducted on the data recorded by streamer 2 from both source arrays. The processing
sequence is similar to that applied to the 3D data except for 2D geometry definition and 2D poststack time migration. Seismic events identified from the composite volume (seismic layer 2A,
AML, OAML and Moho) are digitized using a manually guided picking function in VoxelGeo.
Uncertainties for the picked events arise from picking and stacking errors and are estimated at
±15 ms for the AML, OAML, and layer 2A event in the axial region, ±20 ms for off-axis layer
2A; and ±25 ms to ±50 ms depending on the character of the Moho reflection. Average layer 2A,
layer 2B, and lower crust velocities used for depth conversion are derived from ESP profiles of
Vera et al. (1990) at 9˚35’N and tomography study by Canales et al. (2012) at 9˚50’N.
Image resolution after migration is ~1/8-1/4 of dominant wavelength in vertical direction and
~1/4 -1/2 of dominant wavelength in horizontal direction (Cordsen et al., 2000). One quarter of
dominant wavelength at seafloor level is ~9-11 m (assuming a dominant frequency of 35-40 Hz),
at AML and OAML level is ~40-60 m (dominant frequency 20-30 Hz), at Moho level is ~150220 m (dominant frequency 8-12 Hz).
4. Results
4.1 AML
Our 3D volume encompasses the northern portion of the 9°37’N ridge-axis discontinuity (Fig.
1) and reveals distinct AML reflections beneath each of the overlapping ASTs of this seafloor
offset (Figs. 2 and 3a). The two AML events are separated laterally by 500 m, with the western
AML at an average two-way travel time (twtt) of 690 ms bsf, ~50 ms twtt deeper than the eastern
one (depth difference is ~140 m assuming average layer 2A and 2B velocity of 2.3 and 5.5 km/s
respectively from ESP5, Vera et al., 1990)(Figs. 2a and 3a). The western AML reflection is ~270
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m wide at the southern edge of the box and pinches out to the north at 9˚38.2’N (inline 1396)
(Fig. 2). The northern end of this AML extends 400 m beyond the northern tip of the western
AST and is centered 100 m to the west of the AST center (Fig. 1a).
The AML reflection associated with the eastern AST limb lies at an average twtt of 640 ms
bsf, with minor variations (±10 ms) along strike. This AML is ~320 m wide in the south where it
overlaps with the western AML, increasing to 450 m in the north with the widest point (590 m)
at 9˚39.3’N (inline 1446). A small ~5° counterclockwise change in the strike of the AML at
~9˚38.9’N (inline 1430) accompanies the northward widening of this lens (Fig. 2).
On both sides of the eastern AML, small reflections that dip up towards, and in places merge
with the central AML event are imaged (Figs. 2, and 3b, d). These reflections extend along strike
~250-700 m and are ~120-200 m wide. These small reflections may be separate melt bodies from
the main AML based on the presence of local constrictions in the reflection events with an
accompanying step in travel time (Figs. 2, 3b, d).
4.2 OAMLs
Away from the axial zone, the 3D seismic volume reveals bright reflections in the mid- and
lower-crust on both flanks of the ridge (Fig. 1). These reflections are similar to those imaged in
the northern survey area attributed to magma lenses in the off-axis crust (OAML, Canales et al.,
2012). The most prominent one lies under the eastern flank, centered 4 km from the ridge axis
and at 700-940 ms twtt bsf (1.6-2.4 km using off-axis layer 2A and 2B velocities of 2.3 km/s and
5.9 km/s derived from ESP1, 7, and 8 from Vera et al., 1990). This OAML reflection has a
maximum span of 4.4 km in the cross-axis direction and 2.2 km in the along-axis direction,
covering an area of about 5.2 km2 (Fig. 2). Similar to the axial magma lens, the OAML reflection
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has reversed polarity with respect to seafloor reflection (Figs. 1b, c, and 3), indicating negative
impedance contrast as expected for a partially molten body.
3D post-stack time migration reveals that the eastern OAML is not a continuous body but
rather consists of a number of different-size patches of high reflectivity separated by 100-450 m
wide gaps (Fig. 2). The OAML is most discontinuous near its western end where a number of
smaller bodies are imaged, most of which dip up to the east toward the main body. One small
patch extends toward the AML around 9˚39.0’N (inline 1429, Fig. 2, 3d), with the horizontal
separation between the two of only about 900 m. At this latitude the AML also extends farthest
toward east.
In the time migrated volume, the composite eastern OAML forms a dome-shaped body,
elongated in the east-west direction, with an approximately flat crest in its central and eastern
part (Figs. 2, 3b-d, f)). This shape is most evident after subtracting layer 2A (Fig. 2b) where the
flat-lying region is up to 250 ms shallower than the dipping bodies of the dome rim. Velocity
variations in the upper crust may contribute to these travel time variations, but are unlikely to
fully account for them. If we assume an off-axis layer 2B velocity above the flat top of 5.9 km/s,
lower velocities of 3.8 km/s above the OAML edges would be required to account for the greater
travel time. These velocities are much slower than layer 2B velocities reported for this region
from refraction studies (Christeson et al., 1996; Christeson et al., 1997; Vera et al., 1990) and at
least part of the dome shape is likely preserved in depth.
Along ridge-parallel line AXIS5, which crosses the eastern OAML 3.7 km east of the axis,
another flat-lying reflection is imaged beyond the southern limit of our 3D box (Figs. 1a, c). This
reflection is located at 1000 ms twtt bsf, and has a north-south extent of 0.7 km (Fig. 1c). This
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body is probably part of the eastern OAML network and connects to the shallower primary body
with a dipping reflection between them.
On the western flank, two smaller OAMLs are imaged (Fig. 1a, b). The southwestern one is
located 9 km west of the ridge axis at 1430 ms twtt bsf and covers an area of 1.7 km2. The
northwestern one is 10 km west of the ridge axis, 1520 ms twtt bsf and 0.5 km2 in size.
4.3 Events beneath eastern OAML
Several smaller events are imaged beneath the eastern OAML (Figs. 3a-d, f, and 4). On stack
sections (Fig. 4a), they are evident as dipping or sub-horizontal reflections, each with identifiable
diffractions. On super CMP gathers located near the center of these reflections, corresponding
events extending from near to far source-receiver offsets with high velocity moveout can be
identified (Fig. 4b). Migration velocities required to collapse diffractions from these events are
slightly higher than migration velocities for the OAML above, as expected for a reflection from a
deeper intracrustal body. After migration, multiple small reflections are imaged at different twtt
ranging from 470-740 ms below the eastern OAML, dipping up to the west (Fig. 4c). They are
imaged beneath the central and eastern part of the OAML and, near the southern end of the box,
extend beyond the eastern end of the OAML above (Fig. 1a).
As for the origin of these events, converted shear arrivals from the above OAML can be ruled
out as the observed events arrive ~300-400 ms later than predicted assuming the shear wave
velocities for the upper crust estimated in prior studies (Vs/Vp = 0.54, Vera et al., 1990). These
events are also unlikely to be simple inter-bed multiples. Although the average arrival time of the
sub events are in the range expected for inter-bed multiples generated between the OAML and
the base of layer 2A, the shape of the subevents is far more complex than that of the OAML, and
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does not follow the traveltime difference between the OAML and base of Layer 2A .
Furthermore, the subevents are evident in near-offset traces of super CMP gathers, which would
not be expected for either converted shear arrivals or inter-bed multiples generated from the base
of layer 2A (Fig. 4b). Partial offset stacks (Fig.4d-f) show that both OAML and sub-OAML
events are well imaged in the offset range of 196-1000 m, whereas the layer 2A event is imaged
in the offset range of 1.3-3.7 km. Based on the above observations, we interpret the sub-OAML
events as originating from true intracrustal horizons.
Similar events are observed at ~200-500 ms beneath the axial magma lens (Figs.1, 3). A
detailed analysis of the sub-AML events is presented in Marjanovic (2013) using data acquired
along the ridge axis. From her study, converted shear arrivals, side scatter events, and inter-bed
multiples can be ruled out as possible explanations for the sub-AML events and Marjanovic
(2013) concludes that these events arise from magma bodies beneath the AML. We suggest a
similar origin for the sub-OAML events.
4.4 Moho anomalies beneath the OAMLs
Moho reflections are generated by the impedance contrast between crustal and mantle rocks of
the Moho transition zone (MTZ). For much of our study area, Moho travel times are not
symmetric across the axis (Figs. 5 and 6), as would be expected for narrowly focused axiscentered accretion. On the western flank, the Moho is a sharp, high-amplitude arrival (Fig. 6).
Average Moho twtt beyond the axial zone on this flank is 1940±35 ms bsf (measured >4 km
from the axis), increasing to ~2050 ms close to the axis. In contrast, the Moho event on the
eastern flank is much more complex (Fig. 6). Moho arrivals are not detected directly beneath the
OAML, and remain difficult to identify out to 0.5-0.6 km from the edge of the OAML events
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(Figs. 5 and 6). Within a range of ~2 km from the imaged edge of the OAML, the Moho is
discontinuous, appearing as multiple arrivals at different levels, and increases in twtt toward the
OAML. We use Moho traveltimes on crossline 4900-5400, located 2 km from the eastern edge
of the OAML as characteristic of Moho on the eastern flank beyond the zone of influence of the
OAML (average twtt is 2000 ms bsf). Relative to this flank average, the Moho twtt anomaly at
the rim of OAML is ~120-260 ms (average 190 ms) (Figs. 5, 6a, 6b). North of the OAML, Moho
arrivals become sharper and stronger, and are more symmetric relative to the western flank (Figs.
5 and 6d).
A possible Moho reflection is imaged between the AML and the eastern OAML as a narrow,
dipping reflection (Figs. 5 and 6b). This reflection is weak and imaged only from 9˚38.4’-38.9’N
(inlines 1394 to 1426). It is about 150 ms deeper than Moho within similar age crust in the
northern portion of the box where the OAML is absent (2080 ms). Moho is not imaged directly
beneath the AML in our 3D post-stack migrated volume.
The travel time anomaly remains (although reduced in lateral extent) after removing the
thickness of layer 2A, indicating it does not arise from variations in the low velocity upper crust
(Fig. 5b). We expect that the Moho anomaly arises primarily from increased thickness and/or
reduced velocities within the lower crust that extend over a broader zone than the imaged extent
of the OAML. We calculate two end-member cases for the origin of the Moho travel time
anomaly. If the anomaly is attributed entirely to thicker lower crust, assuming a lower crust
velocity of 7.15 km/s (Vera et al., 1990), the crustal thickness anomaly is 0.4-1.0 km, 0.7 km on
average. If we attribute the full travel time anomaly to anomalous lower crustal velocities
instead, then the required lower crustal velocity is 5.9-6.6 km/s, about 8-18% lower than the
Vera et al. (1990) estimated velocities. Determining the relative contribution of these two effects
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in giving rise to the observed travel time anomaly will require new observations on crustal
velocities beneath the OAML, but we expect contributions from both lower velocities and thicker
crust. A small Moho travel time anomaly of more limited lateral extent may also be associated
with the southwestern OAML (50 ms, ~200m, Fig. 5).
5. Discussion
5.1 Where is the melt source for the OAML?
There are a number of possible source reservoirs to consider for the off-axis melts, including:
(1) the crustal-level partial melt zone that underlies the AML; (2) the broader zone of melt
accumulation at the base of the crust that feeds the ridge-axis magmatic system; and (3) local
melt anomalies in the shallow mantle.
The first possibility, that the OAMLs tap melts from beneath the AML, is insufficient to
explain our data. Immediately south of our study area (9°27’-37’N), Dunn et al. (2000) image an
axial-centered low velocity zone in the crust extending ~ 3 km from the axis that they attribute to
partial melt with the highest melt fraction inferred within the middle crust beneath the AML.
Most of the OAMLs imaged in both our southern and northern survey areas are located beyond 3
km and up to 10 km from the ridge axis (Fig. 7). Melt delivery from the axial LVZ to feed
OAML in the middle and lower crust at these distances would require extensive horizontal
transport of magma beyond this zone for which there is no evidence. The geometry of the eastern
OAML, with the underlying cluster of lower crustal events, suggests a system of vertically
aligned magma sills at multiple levels in the crust fed by a common sub-crustal source. The
plan-view shape of the OAML, with a local elongation towards the AML, does suggest possible
shallow-level connectivity between the shallowest OAML and the AML in both the southern
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(Figs. 3d and 7) and northern (Canales et al., 2012) survey areas. However, given the expected
buoyancy of melt in the crust, it is more likely that the melt in the OAML migrates uphill toward
the axial crustal reservoir than that the AML feeds melt laterally to deeper levels in the off-axis
crust.
The zone of melt accumulation at the base of the crust beneath the EPR detected in prior
seismic and compliance studies is ~10-20 km wide, with an estimated melt fraction of 3-11%,
possibly distributed in local sills within and beneath the MTZ (Crawford and Webb, 2002; Dunn
et al., 2000; Garmany, 1989; Toomey et al., 2007). The off-axis extent of this partial melt zone
is comparable to the distance over which OAMLs are observed in both our northern (Canales et
al., 2012) and southern study areas and the OAMLs may result from local tapping of this broad
sub-crustal reservoir on the ridge flanks. The development of this melt reservoir is attributed to
the presence of permeability barriers at the base of the axial lithosphere, possibly due to rapid
crystallization of plagioclase and clinopyroxene (Kelemen and Aharonov, 1998). Local
topography at the base of the lithosphere may facilitate thermal or melt erosion of this boundary;
tensile fracture caused by bending-related stress (Sohn and Sims, 2005) may also create
pathways for over-pressured sub-Moho melt to intrude into the off-axis crust and form OAMLs.
Another possibility we consider is that the OAMLs reflect the presence of small local melt
anomalies in the shallowest mantle. Long-term chemical heterogeneities in the mantle are
believed to exist at different length scales (e.g. (Fornari et al., 1988; Niu and Batiza, 1997;
Zindler and Hart, 1986). These heterogeneous blobs may begin to melt at different depths and
segregate from the main melt focusing zone, bypassing delivery to the axis. In the recent
numerical modeling study of (Katz and Weatherley, 2012), preferentially melted heterogeneities
can nucleate high porosity, high permeability channels for rapid magma ascent. Melt segregation
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from this heterogeneous mantle source may create localized zones of trapped melt at the base of
the lithospheric boundary layer, which may deliver melt via dikes or channels to the off-axis
crust. Melt from these small anomalies could contribute to the broad subcrustal low velocity
zone imaged in seismic studies. However, the chemical composition of these melts may be
distinguished from an NMORB source. Enriched MORB, indicating the presence of local mantle
heterogeneities, are sampled in the EPR 9°-10°N region, but exclusively on the ridge flanks
(>0.5 km from ridge axis, (Perfit et al., 1994; Sims et al., 2003; Smith et al., 2001; Waters et al.,
2011). While some studies favor an off-axis source for these lavas (Goldstein et al., 1994; Perfit
et al., 1994), others suggest EMORB are erupted in the axial zone and then are transported
several kilometers off-axis through lava tubes and/or via surface channels (Sims et al., 2003;
Waters et al., 2011). Our study shows that off-axis magma bodies do exist in this area that could
be the source of the EMORB sampled in this region. Future sampling studies of lavas above the
OAMLs imaged here will be needed to clarify the relationships between E-MORB and off-axis
magmatism.
5.2 What controls the depth of OAMLs?
Melt ascent in magmatic systems is driven primarily by the buoyancy of melt with respect to
the surrounding country rock. However, the mechanisms by which melts stall and form sills are
not well understood. A number of mechanisms have been proposed for sill formation including
melt ponding due to the presence of a freezing front (Phipps Morgan and Chen, 1993) or a
rheological boundary (e.g. (Parsons et al., 1992), both of which are fundamentally linked to the
regional thermal structure. Other mechanisms include the presence of a rigidity contrast between
elastic layers where sills form at an interface between weak and strong layers (e.g. (Menand,
2008), or changes in the local stress regime where the least compressive stress becomes vertical
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due to dike intrusion (Gudmundsson, 1990). At mid-ocean ridges, the regionally-averaged depth
of the AML increases with decreasing spreading rate, consistent with thermal models of crustal
accretion (Henstock et al., 1993; Phipps Morgan and Chen, 1993). It is commonly believed that
axial thermal structure plays a key role in the depth at which the AML resides in the crust. The
OAMLs mapped here and within the northern survey area (Aghaei et al., in revision) reside at a
range of depths within the crust. To assess what factors control the depths of OAMLs, we
examine their depth distribution on the ridge flanks in light of existing thermal models.
Two-way travel times to all OAMLs imaged in both the southern and northern 3D survey
areas are converted to depth below seafloor (Fig. 7a) using the cross-axis velocity profile from
Canales et al. (2012) at 9˚50’N. All OAMLs are superimposed on a composite vertical section
and compared with three different thermal models for this fast spreading ridge (Dunn et al.,
2000; Henstock et al., 1993; Sleep, 1975). The model of Sleep (1975) ignores the effects of
hydrothermal circulation and represents the hot end-member thermal model (Fig. 7b). The model
of Henstock et al. (1993), like that of Phipps Morgan and Chen (1993), includes hydrothermal
circulation modeled as enhanced conductive cooling in the upper crust (Fig. 7c). The thermal
model of Dunn et al. (2000) is derived from their P-wave velocity model for the 9°27’-37’N area
(calculated to include effects of anelasticity, Fig. 7d). Predicted temperatures in the crust beyond
~4 km from the ridge axis are colder for this model than the others, and hence the Dunn et al.
(2000) model represents the coldest ridge flank end member of the models considered.
Of all the OAMLs shown on the composite section (Fig. 7), the most prominent ones are also
the shallowest and the closest to the ridge axis. It is striking that in both northern and southern
survey areas the most prominent OAMLs are located at almost the same depth, at the same
distance from the axis, and with similar east-west extents (Fig. 7a), and lie only ~200 m bsf
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deeper than the nearby axial magma lens. Considering that the thickness of layer 2A increases by
200-300 m from the axis to off-axis region, we hypothesize that these two major OAMLs reside
at the base of the sheeted dikes. These shallowest OAMLs are located within cold crustal regions
predicted by all ridge thermal models. However, our study and that of Canales et al. (2012) show
that there is evidence for zones of higher melt fraction and/or high temperatures in the lower
crust beneath these bodies. No significant zone of low velocities/thicker crust is detected beneath
the other small OAMLs imaged by our study. In fact significant melt volumes in the lower crust
may be required to generate OAMLs that can rise to the base of sheeted dikes. We speculate that
permeability barriers at the dike/gabbro transition associated with the AML are preserved offaxis and provide barriers to melts rising in the off-axis environment. Hence, the depths of these
shallowest OAMLs could be governed primarily by this inherited lithologic contrast, rather than
by ridge flank thermal structure.
Most of the remaining OAMLs located outside of the axial LVZ lie at 3-5 km bsf, with
deeper events located further from the ridge axis. These OAMLs align roughly with the 1000°1200°C isotherms of the Sleep (1975) model (Fig. 7b), which correspond to the solidus for
basaltic melts. As with the AML, the implication is that the deeper OAMLs stop at a freezing
front where the dilatational volume change associated with magma freezing leads to viscous
stresses that favor magma ponding (Phipps Morgan and Chen, 1993). However, the Sleep (1975)
thermal model implies that, as in the axial zone, crust beneath these OAMLs should be partially
molten, which is inconsistent with existing seismic observations in the region (Vera et al., 1990;
Dunn et al., 2000). In the Henstock et al. (1993) thermal model (Fig. 7c), the deeper OAMLs
align with the 600°-800°C isotherms, which is in the range of temperatures for the brittle-ductile
transition. In this case, the rheological contrast between ductile lower crust and brittle rock above
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would provide a barrier to feeder dikes and promote sill formation (Menand, 2011; Parsons et al.,
1992). We favor the explanation that the brittle-ductile transition zone contributes to the
formation of the deeper OAMLs. This barrier may be sufficient to trap off-axis melts with small
and ephemeral sources. Perhaps only off-axis crustal melts with larger and longer-lived source
reservoirs can breach this barrier and rise to shallower levels, like the most prominent OAMLs in
both northern and southern survey areas. In the Dunn et al. (2000) thermal model (Fig. 7d), most
OAMLs lie in cold crust < 600°C where melt bodies would be predicted to rapidly freeze. From
this, we speculate that the Dunn et al. (2000) thermal model is inconsistent with the abundance of
OAML imaged in our study.
5.3 How abundant are OAMLs and how much do they contribute to crustal accretion?
Within the full extent of our 3D MCS survey, 11 OAMLs are imaged covering a total area of
23.7 km2 equivalent to about 3% of the survey area. This area is comparable to that encompassed
by the AML of 23.8 km2. The observations from our survey indicate that OAMLs are abundant
and may be common at fast spreading ridges.
Given the observed abundance of OAML, how much do they contribute to the total crustal
volume? We address this question by assessing both the potential extrusive and intrusive
contribution. Volcanic edifices are observed above the eastern and southwestern OAMLs in our
study area. Above the eastern OAML, a series of four small cones are found, oriented parallel to
the spreading direction and extending for 2.4 km (Fig. 8a-d). The westernmost cone is the
largest, ~60 m tall and 800 m in diameter. The other three cones are 30-40 m tall (Fig. 8d). The
estimated volume of this group of volcanic edifices is 1.36 x 109 m3. This estimate is a minimum
for the extrusive volume associated with this cluster of volcanic cones, given that the likely
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contribution of lavas covering adjacent seafloor and channeled within nearby grabens (Fig. 8a) is
not considered.
The elongation of this set of volcanic cones in the direction of spreading indicates either
sustained eruption from a common source at the western edge of the OAML or simultaneous
eruptions from multiple points aligned along a ridge-perpendicular trend. For the former case, at
a half spreading rate of 56 mm/yr, the length of the volcanic cone field indicates duration of
eruptive activity of 43 kyr. The largest cone is located above the patchy western edge of the
OAML (Fig. 8b). This patchy region consists of several small bodies that dip up toward the
shallow flat-topped portion of the OAML, suggestive of active magma delivery from below.
Eruptions may occur preferentially in this region of higher magma supply (Menand, 2011). We
interpret the large and more continuous sill to the east as the result of the aggregation of smaller
melt bodies that rise vertically and pool at the base of the dike section.
The southwestern OAML is located beneath an ~50 m deep and 0.6-1.3 km wide graben
(Fig. 8e-g). A small volcanic cone with a volume of 2.14 x 107 m3 fills the graben immediately
above the southwest OAML and is assumed to have erupted from this body. The total volume of
the volcanic edifices associated with both the southwestern and eastern OAML is 1.38x 109 m3,
which represents ~5.3% of the total extrusive volume and ~0.31% of the total crustal volume
within our southern 3D survey area.
The intrusive contribution of the imaged OAML to crustal accretion is estimated from the
Moho travel time anomalies associated with these features. The eastern OAML is associated with
a Moho travel time anomaly, which if attributed entirely to thickened crust, indicates an average
crustal thickness anomaly of 700 m. Assuming this anomaly for the area affected by the OAML,
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the total volume of added crust is 16.7 km3, corresponding to 2.9% of the crustal volume within
our study area. The southwestern OAML is associated with a modest travel time anomaly that is
not significantly above our picking error and Moho is not imaged beneath the northwestern
OAML (Fig. 5). Therefore the intrusive contribution of the OAMLs is calculated solely from the
eastern OAML. If the Moho anomaly associated with this feature is due not to thickened crust
but rather slower velocities, then the intrusive contribution is negligible. Combining estimates of
both the extrusive and intrusive volume associated with the OAMLs, the total contribution to
crustal accretion within our survey area is ~0.3-3%. We conclude that although OAMLs are
abundant in the young crust at this fast spreading ridge, their contribution to the volume of
oceanic crust is small.
We acknowledge that our 3D MCS image provides only a snapshot of the dynamic mid-ocean
ridge environment and many more OAMLs are likely to have existed in the past within this
region. Once cooled and solidified, these bodies would be indistinguishable from the surrounding
crust unless they are associated with significant crustal thickness anomalies. Based on crustal
thickness data from our southern (this study) and northern (Aghaei et al., in revision) survey
areas, there is evidence for small localized crustal thickness anomalies that may be attributed to
ancient OAMLs, but there are no sizable anomalies comparable to the eastern OAML in the
southern box. Our data suggest a spectrum of sizes and longevities for the OAMLs and variable
individual contributions. The main OAML in our southern survey area was detected as an
"intracrustal reflector" in MCS data acquired in 1985 (CMP line 559, Barth and Mutter, 1996)
and clearly has existed for at least 23 years. The string of volcanic constructs above and the
evidence for the thicker crust and/or lower crustal velocities below suggest that it has likely
existed much longer and is fed by a significant underlying melt source reservoir. OAMLs of this
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type may influence local crustal structure and thickness orders of magnitude more than the small
OAMLs.
5.4 How are OAMLs related to near-axis seamount formation?
Near-axis seamounts are abundant on the flanks of fast-spreading ridges (Alexander and
Macdonald, 1996; Batiza, 2001; Scheirer and Macdonald, 1995; Shen et al., 1993; White et al.,
1998). They are typically several tens to hundreds of meters tall; they often align in small chains,
and are believed to form 5-15 km from the ridge axis. Although they cover about 13-17% of the
seafloor, they are estimated to contribute only a few percent to the volume of oceanic crust
(Alexander and Macdonald, 1996; Scheirer and Macdonald, 1995; Shen et al., 1993).
Geochemical studies of lavas from these near-axis seamounts indicate they share the same
mantle source as lavas erupted at the ridge axis (Fornari et al., 1988; Zindler et al., 1984).
However, their chemical composition is much more diverse than that of axial lavas, varying from
extremely depleted tholeiites to highly enriched alkali basalts (Niu and Batiza, 1997; Niu et al.,
2002). This compositional variation is believed to reflect small-scale heterogeneity in the mantle
source (Donnelly et al., 2004; Niu et al., 2002). Near-axis seamount lavas are also typically more
primitive than axial lavas, an observation attributed to short residence times in crustal magma
chambers (Batiza et al., 1990; Fornari et al., 1988).
The OAMLs imaged in our study area are present over roughly the same distance range as the
formation zone for near-axis seamounts. Small volcanic edifices are observed above OAMLs,
indicating OAMLs can give rise to volcanic construction on the seafloor. Furthermore, the
spreading-direction parallel elongation of the series of volcanic constructs above the eastern
OAML is analogous to that of near-axis seamount chains and suggests a local zone of off-axis
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melt delivery that persists with ongoing seafloor spreading. Given these similarities, we
speculate that OAMLs are small-scale manifestations of the off-axis magmatism that gives rise
to near-axis seamounts. The lavas erupted from OAMLs may represent the youngest products of
seamount volcanism and sampling these lavas could provide information on of the subcrustal
mantle melt reservoir that leads to seamount formation.
6. Conclusions
3D MCS imaging of the EPR reveals abundant melt lenses on the flanks of this fast-spreading
ridge, present at a range of depths within the crust and of varying size. OAMLs are detected at
distances up to 10 km from the ridge axis well beyond the axial zone of presumed high melt
content, and we conclude that melt pathways to the OAMLs from the uppermost mantle melt
reservoir are separate from those feeding the AML. A cluster of reflections are imaged beneath
the most prominent OAML at 9°39’N which are likely deeper magma sills, suggesting a system
of magma sills at multiple levels fed by a common sub-crustal source. Small dipping bodies are
imaged at the edges of both the OAML and the AML. It is thus likely that these crustal melt
lenses form by aggregation of smaller melt bodies that ascend from depth and pond at shallower
permeability barriers.
The largest OAMLs found in our study area reside at depths consistent with accumulation at
the base of the sheeted dike section. We hypothesize that the gabbro-to-dike lithologic transition,
which forms in the axial zone, remains a major permeability barrier to melts rising in the off-axis
environment. These OAMLs are also associated with Moho travel time anomalies and in the
northern survey area zones of high attenuation in the lower crust, suggesting significant melt
volumes, elevated temperatures, and/or increased crustal thickness. Other smaller OAML are
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located deeper in the crust but mostly at shallower depths than the predicted freezing horizon for
gabbro derived from existing ridge thermal models. These OAMLs may form at rheological or
compositional barriers within the gabbro section. Local melt anomalies within the uppermost
mantle that can deliver significant melt volumes to the lower crust may be required to produce
OAMLs that can breach these barriers in the gabbro section, rise up and pond at the base of the
sheeted dikes.
Although the OAMLs are abundant, estimates from this study indicate they only contribute a
few percent in overall crustal volume. While some OAMLs appear to have a persistent source
that may supply melts to the crust for thousands of years, many OAMLs likely have small and
ephemeral sources that do not support prolonged intrusion. The small volume contribution of the
OAMLs leads us to conclude that in general, melt focusing in the mantle beneath fast-spreading
ridges is efficient. However, effects of off-axis magmatism on other crustal properties may be
significant: intrusion of OAMLs are expected to modify the thermal structure, mineralogy and
composition of the surrounding country rock, and may facilitate high temperature off-axis
hydrothermal circulation on the ridge flanks well away from the axial zone.
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Figure captions
Figure 1. Off-axis melt lens (OAML) locations within the southern 3D MCS volume (a) and
representative seismic reflection cross-sections (b,c). (a) Bathymetry of the study area. Black
rectangle shows area of the 3D seismic volume with crossline and inline numbers indicated.
White rectangle shows area covered in Fig. 2. Black dashed lines show the position of cut-line
for view of 3D seismic volume in (b). Black line AA’ shows the position of 2D profile AXIS5 in
(c). Gray shade shows area of AML and OAML; blue line shows outline of reflections beneath
the eastern OAML; red lines on Line AA’ show OAML location on AXIS5. Fine brown lines
show axial summit trough from Soule et al. (2007). Yellow star indicates the location of high
temperature hydrothermal vent B (Haymon et al., 1991). (b) 3D seismic image along the cut line
in (a) with seismic events annotated. (c) Reflection image along AXIS5 with events annotated.
Red dashed lines show the boundary of 3D volume.
Figure 2. Geometry of AML and OAML in map view. (a) Two-way travel time (twtt) from
seafloor to AML and eastern OAML. White lines show locations of inlines/crosslines through
3D volume shown in Fig. 3. (b) Two-way travel time from the base of layer 2A to AML and
eastern OAML. White lines as in (a).
Figure 3. Seismic images of AML and OAML in inline and crossline directions with yellow
arrows indicating the interpreted boundaries between separate bodies. (a) Inline 1385: AML is a
flat-lying central body with another magma body 140 m deeper and 200 m to the west. Although
the OAML is faint on this inline, subevents of higher amplitude are present around 5.1 s twtt. (b)
Inline 1413: AML is a flat central body with a dipping body to the west and a small magma body
to the east. The OAML is dome shaped and appears to be composed of a number of smaller
bodies. A cluster of bright subevents are imaged beneath the OAML with two major events that
dip up to the west. (c) Crossline 4288: The OAML is dome-shaped in cross-section with a flat
central part and dipping sides. Subevents form a cluster of reflectors with thickness of ~200 ms
twtt. (d) Inline 1429: AML is a flat central body with a dipping event at its eastern edge. The
OAML includes a small body that dips up towards the AML. Subevents are more discontinuous
than in (b) and span a thicker zone of ~ 400 ms. (e) Inline 1451: AML is a continuous body ~600
m wide. No OAML or subevents are imaged. (f) Crossline 4389: OAML is a flat lying event.
Subevents form a cluster of reflectors ~200 ms thick.
Figure 4. Seismic characteristics of reflections beneath east flank OAML. Stacked section (a),
super CMP gather that is FK filtered (b), and migrated section (c) from inline 1426 illustrating
sub-OAML reflections. Yellow dash line in the stack section marks location of super CMP
gather in (b). Partial offset stacks using offset range 196-1000 m and stacking velocity of 1640
m/s (d), offset range 1300-3700 m and stacking velocity of 1640 m/s (e), offset range 196-1000
m and stacking velocity of 2500 m/s (f) show that layer 2A event is not imaged at near offset, but
rather imaged at middle offset, whereas both OAML event and sub-OAML event are well
imaged at near-offset.
Figure 5 Moho travel time anomalies around OAML. (a) Moho two-way travel time below
seafloor picked from 3D volume illustrating Moho travel time anomalies near the OAML and
ridge axis. (b) Moho two-way travel time below the base of layer 2A. White lines show locations
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of inlines in Fig. 6. Gray shade shows area covered by eastern OAML, northwestern OAML and
AML. Grey outline shows the area covered by southwesern OAML. The weak possible Moho
reflection imaged between the OAML and AML along inlines 1394-1426 has the largest travel
time from seafloor. Black dashed line circles Moho travel time anomalies associated with eastern
and southwestern OAMLs.
Figure 6. Moho reflection characteristics beneath the two ridge flanks. Panels a-d show inlines
1381, 1420, 1448, 1476 respectively. Location of inlines are shown in Fig. 5. Red lines show
Moho picks shifted up by 200 ms for display purpose. Where the eastern flank OAML is bright,
Moho dips down towards the OAML and is a discontinuous event (inlines 1381, 1420). In
contrast, Moho on the western flank dips up toward the ridge axis and is brighter and more
continuous than beneath the east flank. To the north of the OAML, Moho on the eastern flank
gradually becomes more symmetric (inline 1448, 1476) with the west flank Moho.
Figure 7. AML and OAML picks from both the southern and northern 3D volumes superimposed
onto a single cross-section and converted to depth (see text). Axial and off-axis magma lens
depths are compared with predicted isotherms from three ridge axis thermal models from; (b)
Sleep (1975), (c) Henstock et al. (1993), and (d) Dunn et al. (2000). Red shade and green shade
are the AML and OAML picks from the southern 3D box analyzed in this study. Yellow shade
and pink shade are AML (Carton et al 2010) and OAML (Aghaei et al., in revision) picks from
the northern 3D volume. Blue bold line shows the average layer 2A position in this 3D box with
fine blue lines showing the range of layer 2A depth. Brown bold line shows the average Moho
position in this 3D box with fine brown lines showing the range of Moho depths (the possible
Moho reflection between AML and eastern OAML is not included in this average). The black
lines are isotherms of each thermal model.
Figure 8. Estimation of volume of volcanic structures interpreted to have erupted from OAML.
(a) Bathymetry of the eastern ridge flank (vertical exaggeration = 5) shows the volcanic cone
string above the eastern OAML. The graben to the north and south is likely filled by lava erupted
from the OAML. (b) Seafloor bathymetry in the white rectangular in panel (a); White solid line
shows the plan view extent of the underlying OAML. Volcanic edifice in area enclosed in black
dashed line is isolated for volume estimation. (c) The bathymetry within the black dashed line is
nulled; and the bathymetry outside the black dashed line is interpolated to give the background
bathymetry of this area. (d) Isolated topography for the volcanic edifices above the eastern
OAML calculated by subtracting the background bathymetry from original bathymetry. (e-g)
Same as panels b-d above for southwestern OAMLs.
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Chapter 2 Upper Crustal Structure above An Off-Axis Magma Lens at East Pacific Rise 9˚39’N

Abstract
3D multichannel seismic study at the East Pacific Rise 9˚N area reveals a series of off-axis
magma lenses (OAMLs) of different sizes residing at various depths in the crust from 2-10 km
from ridge axis. These OAMLs are shown to contribute to crustal accretion by both intrusion and
eruption. However, their effect on ridge flank hydrothermal circulation has not been investigated.
Here we present upper crustal velocity models derived from travel time tomography on
downward continued multichannel streamer data along two sail lines across and near a prominent
OAML imaged on the eastern flank around 9˚39’N. Higher velocity in seismic layer 2A (by 0.1
km/s) and 2B (by 0.2-0.4 km/s) are found in a region ~ 2 km wide above this OAML, compared
with the surrounding crust. We attribute this high velocity to the effects of alteration associated
with localized off-axis hydrothermal circulation driven by the OAML where precipitation of
secondary minerals infills pore space within the upper crust, leading to increased seismic
velocities. Our finding supports the hypothesis that OAMLs can provide heat source for off-axis
high-temperature hydrothermal circulation. Besides, our velocity model also shows low velocity
anomalies (-0.4~-0.1 km/s) that are associated with volcanic ridges and faults-bounded grabens
on the ridge flank, indicating that off-axis magmatism and faulting, besides hydrothermal
alteration, contribute to the heterogeneity of upper crustal structure on the ridge flank.
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1. Introduction
Thermally driven seawater circulation within the oceanic crust occurs at both spreading
centers (e.g. Edmond et al., 1979, Baker et al., 1998) and on the ridge flanks (e.g. Davis et al.,
1997, Fisher et al., 2003). In both environments, seawater percolates through the seafloor crust
via faults, fractures and intrinsic volcanic porosity, gets heated by surrounding rocks as it
descends, rises when it becomes hot and buoyant, and eventually leaves the crust (e.g. Tivey et
al., 1995). In this process, seawater chemically reacts with oceanic crustal rocks, resulting in
alteration of the composition of both the fluid and the rocks (Mottl and Wheat, 1994; Jarrard,
2003). Hydrothermal circulation has different forms near the ridge axis and on the ridge flank
due to differences in the underlying heat source. At ridge axis, the seawater is heated to high
temperature (250-350˚C) by axial magmatic system and vents directly to the seafloor through
black smokers (German and Von Damm, 2007; Bemis et al., 2012), whereas on the ridge flanks,
the seawater is heated to lower temperatures (less than 100˚C) by the already solidified rocks and
is discharged as diffuse flow (e.g. Alt et al., 2003). Once the crust is covered by the relatively
impermeable sediments, the fluid flow is confined to the crust and is only connected to the
overly ocean through isolated outcrops that penetrate through the sediment layer. In 2005,
Haymon et al. reported the discovery of actively venting fluids (up to 150°C) and mineral
deposits associated with an abyssal hill located ~5 km from the East Pacific Rise (EPR) axis at
10°20’N. This discovery was the first documented high temperature hydrothermal flow on the
flanks of the EPR. Haymon et al. (2005) and Benjamin and Haymon (2006) hypothesize that
discharging fluids at these sites result from fluid upflow along abyssal hill faults that dip toward
the axis at depth and mine heat from the axial melt zone. Benjamin and Haymon (2006) further
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speculate that fluids at the abyssal hill discharge site would be sourced from the same region as
the axially venting fluids.
However, recent studies at mid-ocean ridges have found increasing evidence of off-axis
magmatism, including P-to-S converted wave and local zones of anomalously low shear‐wave
velocity within and near the base of ridge-flank crust that is indicative of off-axis melt sills
(Garmany, 1989; Crawford and Webb, 2002; Durant and Toomy, 2009), and rocks with
anomalously young age and distinct isotopic signature on the flank seafloor that suggest off-axis
eruptions (e.g. Perfit et al., 1994; Goldstein et al., 1994; Sims et al., 2003; Zou et al., 2003). The
strongest evidence to date is from the 2008 3D multichannel seismic (MCS) survey at EPR 9˚N
area (e.g. Mutter et al., 2009). 3D MCS images that cover the near-ridge region from 9˚37-40’N
and 9˚42-57’N reveal a series of off-axis magma lenses (OAML) of different sizes that reside in
various depths in the crust ~2-10 km from the ridge axis (Canales et al., 2012, Aghaei et al.,
2014, Chapter 1, Han et al., 2014). From the increased crustal travel time beneath a prominent
OAML and a chain of volcanic cones above it on the eastern flank of the EPR near 9˚39’N, Han
et al. (2014, Chapter 1) infer that OAMLs contribute to crustal accretion by both intrusion and
eruption. As OAMLs are partially molten (Aghaei, 2013) and maybe are at temperatures similar
to their on-axis counterpart, we hypothesize that they can potentially provide heat to drive the
high-temperature hydrothermal circulation on the ridge flanks as observed by Haymon et al
(2005).
To test this hypothesis, we investigate the velocity structure of upper crust above the
prominent 9˚39’N OAML. Upper oceanic crust consists of two layers of distinct seismic
characteristics: a few hundred meter thick seismic layer 2A with P wave velocity of 2-3 km/s that
is often correlated with the basaltic lava layer, and a 1.5-2.0 km-thick seismic layer 2B with P
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wave velocity of 5-6 km/s that is typically attributed to the sheeted dikes (Harding et al., 1993,
Vera and Diebold, 1994, Carbotte et al., 1997, Hussenoder et al., 2002). The transition zone
between the two layers is a few hundred meters thick and has steep velocity gradient. The
geologic nature of this transition zone is still under debate but it likely marks significant porosity
changes (Carbotte and Scheirer, 2004, Christeson et al., 2007). Upper crustal studies at Juan de
Fuca plate (Nedimovic et al., 2008) and near southern EPR (Grevemeyer et al., 1997), and
compilations of seismic measurements of oceanic crust in different oceans (Grevemeyer et al.,
1996) document an increase of layer 2A velocity with age. This variation is largely attributed to
alteration by hydrothermal circulation (Grevemeyer et al., 1996, 1997; Nedimovic et al., 2008).
Here we present results from 2D travel time tomography on multichannel streamer data (e.g.
Zelt et al. 2004, Canales et al. 2008) that are downward continued to a horizon close to the
seafloor (Harding et al. 2007, Arnulf et al., 2011, 2014) along two across-axis lines: Line 1428P
that crosses a prominent OAML on the eastern flank of EPR near 9° 39’N and line 1468P that
runs ~900 m to the north of this OAML (Fig 1). We use two different sets of starting models for
inversion and interpret the velocity structure in the context of geological structures defined by
MCS images and bathymetry data. Causes of velocity anomalies in the upper crust above the
OAML are discussed; in particular, the effect of OAML-driven high temperature hydrothermal
circulation to the upper crustal structure is assessed.
2. Data and Method
2.1 Data Acquisition
The multichannel seismic data used in this study were acquired aboard the R/V Langseth
during cruise MGL0812 in the summer of 2008 (Mutter et al., 2009). Two groups of airguns,
each composed of two gun strings with a total volume of 3300 cubic inches were towed at a
nominal depth of 7.5 m and fired alternately every 37.5 m. The data were recorded with four 642

km solid-state streamers towed at a nominal depth of 10 m with 150 m spacing. Each streamer
comprises 468 active hydrophone groups spaced at 12.5 m. Positions of sources and receivers
were derived from shipboard and tailbuoy GPS receivers, compass-enhanced DigiCourse birds
and an acoustic transponder array placed along the streamer. Data were recorded in 10-s long
records with a sampling rate of 2 ms.
We choose two lines to investigate the effect of OAML on upper crustal structure: Line
1428P that cross the eastern major OAML, and Line 1468P that is to the north of this OAML,
near the edge of the 3D box. Line1428P consists of 742 shots and extends 33.8 km across axis;
Line 1468P consists of 695 shots and extends 32.1 km. As the streamers and sources are not
aligned along the same line in 3D MCS data acquisition configuration, in order to conduct 2D
downward continuation of wave field (described in Section 2.2), we only use data recorded by
Streamer 2, the streamer that is closest to the sources (the horizontal distances between the two
sources and the streamer are 37.5 m and 112.5 m respectively) and is of low recorded noise level,
to approximate 2D geometry.
2.2 Downward Continuation of Wave field
For MCS data collected in this mid-ocean ridge environment with the water depth of 2.5
to 3 km, most seismic rays turning back through the upper crust arrive later than seafloor
reflection. Upper crustal refractions only emerge as first arrivals at offset larger than 4 km on
shot gathers (Fig 2). In order to gain more information of upper crustal structures, we use the
Synthetic On Bottom Experiment (SOBE) technique (Harding et al. 2007) implemented within
SIOSEIS to downward continue the seismic wave field recorded at sea surface to a horizontal
plane at 2.5 km depth, to approximate positioning of both source and receivers close to the
seafloor. This approach has two advantages in studying the shallow crust seismic structure in
comparison with traditional OBS experiment configuration: (1) by downward continuing both
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shots and receivers to a depth close to the seafloor, upper crust refractions, which are typically
second arrivals in sea surface records, can arrive earlier than seafloor reflection and be used in
the first arrival travel time tomography (2) the close shot spacing (37.5 m) and receiver spacing
(12.5 m) of MCS experiment geometry enables higher data density and continuity than
traditional OBS refraction experiment, thus provides the opportunity for obtaining high
resolution seismic structure of the upper crust (Harding et al. 2007, Arnulf et al., 2011, 2014).
The downward continuation is conducted in FK domain with phase shift approach
(Gazdag, 1978). The receiver wave field from each shot gather is extrapolated to the horizon
near the seafloor; then the data are sorted into common receiver gathers with the shot wave field
downward continued to the same horizon (Arnulf et al., 2011, 2014). In order to avoid aliasing,
minimum phase filter of 5-30 Hz (slope 24) and 5-15 Hz (slope 48) is applied after receiver side
downward continuation and shot side downward continuation respectively.
After downward continuation, the new water depth is from 40 m on the ridge axis to 420
m on the ridge flanks. The seafloor reflection event is collapsed to the near offsets and the layer
2A and layer 2B refraction appear as first arrivals and can be picked over an offset range from
0.3-4 km (Fig 2). The downward continuation reduces the full-fold line length by an amount
equivalent to a streamer length (6 km) from each end of the original record section (Harding et
al. 2007). Hence, the final length of profile 1428P is 21.5 km, with 11 km west of the ridge axis
and 10.5 km east of the axis. 1468P is 20 km in length, with 7.4 km to the west of the ridge axis
and 12.6 km on the eastern flank.
From the downward continued data, first arrivals are picked on super shot gathers made
by stacking five neighboring shots. To assist identification of the termination of the 2A arrival at
near offsets, forward modeling was conducted to assess where the 2A arrival is expected to
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emerge from the sea floor. Every 5 super shot gathers (spacing 187.5 m) were picked and the
data were later decimated to include only traces from every third receiver. First arriving travel
times from a total of 105 super shot gathers on line 1428P and 91 super shot gathers on line
1468P are used in this study. The picking uncertainty is estimated to be 20 ms.
2.3 Streamer Travel Time Tomography
Tomographic models are obtained using the first arrival travel time tomography software
FAST (Zelt and Barton 1998). The forward problem is solved for a regular grid with 25 m node
spacing both vertically and horizontally. The ray tracing algorithm is after Vidale’s (1990)
method that calculates first-arrival travel times by solving the eikonal equation by finite
differencing and was modified by Canales et al. (2008) in order to calculate ray paths and travel
time only from subseafloor arrivals. The nonlinear inverse problem is solved using a regularized,
damped least squares solution on a regular grid with 100 m node spacing in both vertical and
horizontal directions. The objective function is

! (m) = " t T Cd#1" t + $[mT Ch#1m + sz mT Cv#1m]
T "1
where ! t Cd ! t are travel time residuals weighted by their uncertainty Cd . Ch and Cv are the

horizontal and vertical second spatial partial derivatives of model parameters m.
There are two smoothing parameters in the inversion: λ which controls the trade-off
between data fitting and smoothness; and Sz which controls the relative vertical smoothness to
horizontal smoothness. Tests were done on different combinations of smoothing parameters and
the combination of λ =20, Sz=0.075 which gives the minimum structure required by the data was
used for all the inversion trials.
Two different sets of starting models are constructed for this study. The 1D starting
model is constructed based on the a prior information from 1D JDseis travel time modeling. The
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1D model is composed of three-layers, a low velocity upper layer 2A (200 m thick in which
velocity increase from 2.2 km/s to 2.3 km/s), a high gradient lower layer 2A (150 m thick in
which velocity increases from 2.3 km/s to 4.8 km/s) and a high velocity, low gradient (1/s) layer
2B(Fig. 3). Figure 3g shows the 1D model in comparison with upper crust velocity structure
obtained from the Expanding Spread Profile study of Vera et al. (1990) and the on-bottom
seismic refraction experiment of Christeson et al. (1994), both of which were conducted nearby.
For each line, we also construct a 2D starting model that incorporates information from
2D MCS images and 1D travel time modeling to constrain the structure of layer 2A. 1D travel
time modeling was conducted on super CMP gathers using JDseis, a software that allows us to
construct velocity models that consist of constant velocity and linear velocity gradient layers by
fitting travel time arrivals of seafloor reflection, the layer 2B prograde refraction, layer 2A
retrograde refraction, and layer 2A prograde refraction (if present) (e.g. Nedimovic et al., 2008).
Analysis was done on 11 super CMP gathers that are distributed along the profile including at the
axis, above the OAML, and on the western flank of line 1428P, and 9 similarly located super
CMP gathers along line 1468P. In our 2D starting model, total layer 2A thickness is constrained
by the layer 2A thickness from the 2D MCS images. Upper layer 2A thickness was determined
by interpolating the results of 1D travel time modeling. A constant seafloor velocity of 2.1 km/s
and a constant upper layer 2A velocity gradient of 1/s were assigned along the profile. Different
models for uppermost layer 2B velocity and layer 2B velocity gradient were tested and the
combination with smallest chi-square value (uppermost 2B velocity of 4.8 km/s and layer 2B
gradient of 1.2 /s) was chosen for starting model for both Line 1428P and 1468P.
A total of 9639 model parameters are inverted from 10920 travel time picks of P wave
first arrivals for Line 1428P and 8772 model parameters are inverted from 9464 travel time picks
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for 1468P. We refer to the final models obtained from inversion with the 1D starting models as
“Set 1 models” and these with 2D starting models as “Set 2 models” and use these terms in the
text below.
For inversions using 1D starting models, within four iterations, the RMS residual
between the travel times predicted by the velocity model and the data is reduced to 10 ms and the
weighted misfit function χ 2 is < 0.25 (Fig. 4). Travel time residuals plotted for all shots as a
function of offset relative to the starting model (Fig. 4a, c) show a dominant pattern of negative
residuals in axial region and positive residuals in off-axial region. This reflects the uniform layer
2A thickness (200 m) assumed in the starting model, which is too thick for the ridge axis and too
thin for off-axis region. The travel time residuals are minimized after four iterations (Figs. 4b, d).
The residuals in the final models are largest at offset range of 500 m to 1500 m, which
correspond to the rays turning back from layer 2A (Fig. 5). For shots around the ridge, the
negative travel time residuals introduced from the starting model are not fully diminished at
offset range of 1000 m to 1500 m, and positive travel time residuals are produced at far offset to
compensate this effect.
For inversions using the 2D starting model (Fig. 6), the RMS residual between the travel
time predicted by the final model and the data for both lines are 9 ms and χ 2 < 0.23 . The travel
time residual plots (Fig. 7) show that the major remaining travel time residuals in the final
models of 1428P and 1468P are the negative residuals within offset range 500 to 1500 m which
correspond with layer 2A arrivals, suggesting that the layer 2A structure in our starting model
may be systematically slower than real geological structure.
3. Results
3.1 Seismic Velocity Structure with 1-D Starting Model
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Our tomography models obtained using the 1-D starting models reveal strong lateral
variation in P wave velocity at scales of 2 km or less within the uppermost 0.8–1 km of crust
along Lines 1428P and 1468P (Fig. 3). On both profiles, the inversion does not change the
depths of the high velocity gradient that corresponds with the layer 2A/2B transition zone. The
velocity anomalies within the uppermost 200 m of the crust are less than 0.2 km/s (absolute
value), while the largest velocity anomalies (up to ±0.8 km/s) are centered around 350 m bsf, just
beneath the high velocity gradient zone.
On Line 1428P, the largest velocity anomaly is located beneath the ridge axis at depths
expected for uppermost layer 2B with lateral extent of ~3 km. Here layer 2B velocity is 5.3-5.6
km/s, ~0.5-0.8 km/s higher than the value in the starting model (Figs, 3b,c). Above it, layer 2A
velocity also shows a positive anomaly of 0.1-0.2 km/s, which is the highest along the profile.
Within 2-5 km east of the ridge axis where the OAML resides, layer 2A velocity is slightly
higher (by 0.08-0.13 km/s) than its neighbor crust; the uppermost layer 2B velocity is ~5.0 km/s,
higher than that in the starting model (4.8 km/s), and the crust 450-650 m bsf has a positive
velocity anomaly of up to ~0.5 km/s. Just east of the OAML region, the uppermost layer 2B
velocity reduces to 4.2-4.3 km/s, significantly lower than the starting model. On the western
flank, the uppermost layer 2B velocity is generally lower than that of the starting model, with
significantly reduced value (4.2-4.4 km/s) within 1-4 km and 6-9 km west of the ridge axis.
The tomographic models for Line 1468P show similar high velocity of uppermost layer
2B (5.3-5.7 km/s) beneath ridge axis as on Line 1428P (Figs. 3e, f), but with greater lateral
extent (~5 km, from -1.5 km to 3.5 km). There are two positive velocity anomalies centered at 0.5 km and 2 km respectively. The rest of the ridge flank is associated with primarily reduced
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upper crustal velocity. The largest negative velocity anomalies are located in the uppermost layer
2B (layer 2B velocity 4.3-4.4 km/s) centered at 6.5 km and 10 km.
3.2 Seismic Velocity Structure with 2D Starting Model
The inversion results using the 2D starting models are shown in Fig. 6. Like Set 1 models
(Fig. 3), large-scale layer 2A structure (depth of layer 2A/2B transition zone and layer 2A
velocity) of Set 2 models is similar to that of the starting model. The largest difference between
the two sets of inversion results lie in the uppermost layer 2B beneath the ridge axis (Fig. 6).
With the thin layer 2A and sharp layer 2A/2B transition zone in the 2D starting models, the
uppermost layer 2B velocity in the axial region of Set 2 models is 4.6-4.7 km/s on Line 1428P
and 4.3-4.4 km/s on Line 1468P, lower than the input value (4.8 km/s), and is significantly lower
than that for Set 1 models (5.3-5.7 km/s). The layer 2B velocity on the ridge flanks, on the other
hand, shows more similarity between the two sets of models in comparison with the axial region.
On Line 1428P, the uppermost layer 2B velocity in the OAML region is 5.0-5.2 km/s, similar to
the value for the Set 1 model. The low velocity anomalies in upper layer 2B centered at distance
6 km and 8 km on the eastern flank and -1~-3 km, and -6.5 km on the western flank that are
observed in Set 1 model are also present in Set 2 model, but with diminished amplitude. On Line
1468P, local lows in layer 2B velocity are observed at distance -4 km and -2 km on the western
flank and 6 km and 10 km on the eastern flank, similar to those observed in Set 1 model. In
general the ray coverage depth for Set 2 models is shallower than for Set 1 models.
3.3 Resolution Test
The resolution of 2D streamer tomography is evaluated using checkerboard tests (e.g.
Zelt et al. 2004, Canales et al. 2008). A suite of synthetic models is built by adding sinusoidal
perturbations of amplitude ±0.5 km/s with half wavelengths of 5 km, 2.5 km, and 1.25 km to our
2D starting model (Fig. 8). By ray tracing through the synthetic model and adding Gaussian
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distributed random noise, synthetic data are generated and are later inverted to yield the resolved
model. As shown in Fig 8, perturbations of all wavelengths are resolved by our inversion.
However, as the half wavelength of perturbation decreases, the depth range in which the
perturbation can be correctly resolved also decreases. At half-wavelength of 1.25 km, velocity
anomalies of reversed sign and similar amplitude appear beneath the true perturbation. These
artifacts are likely generated due to inadequate ray coverage. From Figs. 8b, d, e, we determine
that velocity structure of length scale ~5 km can be well resolved up to 1 km bsf; velocity
structure ~2.5 km wide can be well resolve within 600 m bsf; and ~1.25 km wide perturbations
can be resolved within 450 m bsf.
We also notice that for perturbations of all wavelengths, the absolute value of resolved
perturbation in layer 2A is less than 0.2 km/s, significantly smaller than the input; while the
resolved perturbation in layer 2B is generally larger than the input (this is more obvious for halfwavelengths of 5 km and 2.5 km than on 1.25 km) (Fig. 8). This indicates that part of the
difference between the observed and predicted travel times arises from velocity structures in
layer 2A that is attributed to layer 2B by the inversion. It is also noteworthy that the maximum
values of the resolved perturbations are centered at the layer 2A/2B transition zone, which is of
high velocity gradient. This agrees with our tomography results that the largest velocity
anomalies are observed between 350 m and 450 m bsf. To further assess this effect, we add
sinusoidal perturbations of ±0.5 km/s solely in layer 2A and leave layer 2B unperturbed (Fig.
8g). As shown in Fig. 8h, the resolved layer 2A structure is of little difference from the starting
model, whereas the perturbations are pushed to layer 2A/2B transition zone. This test implies
that the velocity anomalies observed in our tomography results likely represent the combined
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effects of velocity anomalies in layer 2A and 2B, i.e. the velocity anomalies around the high
velocity gradient zone actually integrate the velocity anomalies in the crust above.
As for the causes for the limited resolution in layer 2A above the layer 2A/2B transition
zone, we consider two main factors. First, the ray coverage within upper layer 2A is not ideal. As
shown in Fig. 5, the ray density in upper layer 2A is significantly lower than below. After the
downward continuation, seismic data are brought to a horizon at 2500 m depth, which is ~40 m
above the seafloor on the ridge axis, but is up to ~400 m above the seafloor on the ridge flank.
Therefore some layer 2A refractions are still not first arrivals after downward continuation and
are not picked as input for inversion. Second, the forward problem solved in our tomography
algorithm is based on Vidale’s (1990) method that calculates first-arrival travel times on a
uniform grid by solving the eikonal equation by finite differencing. This method works well with
small velocity gradients but does not cope well with large velocity gradients (Zelt and Barton,
1998), in our case, the layer 2A/2B transition zone.
4. Comparison of Velocity Models and Correlation with Geological Structures
In this section we compare our two sets of velocity models obtained from inversion with
different starting models, and relate the common velocity features to geological structures
observed from MCS images (Han et al., 2014) and bathymetry. The effect of different starting
model and the limitation in resolution is taken into account during the interpretation.
For the Set 1 models of Lines 1428P and 1468P, uppermost layer 2B velocity is very high
within a few kilometers from the ridge axis, but decreases on the ridge flank. This variation can
be explained by layer 2A thickening from ridge axis to ridge flank as observed from previous
and recent MCS studies (Harding et al., 1993, Carbotte et al., 1997, Han et al., 2014). As the
current inversion does little adjustment to the thickness and velocity of layer 2A above the layer
2A/2B transition zone, the reduced P-wave travel times in the axial region are accommodated
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with high model velocities in uppermost layer 2B, which are likely much higher than the real
case. For Set 2 inversions, we use a starting model with thin layer 2A and sharp transition zone
near the ridge axis; the resulting models show reduced uppermost layer 2B velocity in the axial
region (4.3-4.7 km/s) that is close to the values obtained from previous axial crustal velocity
studies (Vera et al., 1990, Christeson et al., 1994) (Fig. 3g).
A local high velocity anomaly in the upper crust is observed above the OAML on Line
1428P (Figs. 3, 6). Here the layer 2A velocity increases by 0.1 km/s and the layer 2B velocity
increases by 0.2-0.4 km/s. As shown in the resolution test, it is possible that the velocity increase
in the upper crust is more evenly distributed between layer 2A and layer 2B, or is solely in layer
2A, in the real case. On Line 1468P, which is located to the north of the OAML, a similar
increase of crustal velocity is observed on the eastern flank ~4.5 km from the ridge axis. We
discuss the association of these velocity anomalies with the OAML in Section 5.
On both Lines 1428P and 1468P, we also observe several low velocity anomalies in the
upper crust. Common features among the two sets of models include the anomalies centered at 6.5 km, -1~-3 km, 6 km, and 8 km on 1428P and the ones near -4 km, -2 km, 6 km, and 10 km
on 1468P. By comparing the locations of these velocity anomalies with seafloor bathymetry (Fig.
1) and MCS images (Fig. 9), we find the ones on the eastern flank of both lines are associated
with volcanic ridges on the seafloor. These anomalies are prominent in Set 1 models; when extra
thickness of extrusive layer associated with these volcanic ridges are included in the starting
model (Set 2 models), the velocity anomalies remain, implying that the upper crust is of high
porosity. The low velocity anomalies on the western flank within 4 km from the ridge axis on
both lines seem to be associated with a partially filled graben possibly by off-axis lava flow (Fig.
1). On the MCS images (Fig. 9), faults at the seafloor and layer 2A are observed. The low
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velocity may be caused by ponding of lavas within this graben and faulting/fracturing in the
upper crust; both factors increase the porosity of the crust. On the western flank at -6.5 km a
local low velocity anomaly is associated with a graben bounded by faults; one of the faults seems
to transect layer 2A. The low velocity may be caused by the increased porosity related to
faulting.
5. Origin of upper crustal velocity anomaly above OAML
Variations in velocity with depth in the upper oceanic crust are commonly attributed to
variations in porosity as opposed to compositional or thermal effects (e.g. Seher et al., 2010,
Arnulf et al., 2014). Different mechanisms that can change the porosity structure of young upper
oceanic crust include a) rock type, i.e. pillow lava exhibit higher porosity than the sheeted dikes;
b) active extension (faults, fractures, fissures, and cracks) that creates additional porosity (c)
Infilling of the porosity by alteration products from hydrothermal circulation (d) Pore space
collapse caused by overburden pressure (Vera et al., 1990, Harding et al., 1993, Christeson et al.,
1994, Seher et al. 2010).
Our tomography study reveals a local high velocity anomaly in the upper crust above the
OAML, which indicates the porosity of this part of the upper crust, has been reduced. Although a
chain of volcanic cones is observed on the seafloor above the OAML, these edifices are small ( ≤
60 m in height and 800 m in diameter), and they are located south of our line 1428P (Chapter 1,
Han et al., 2014). Therefore it is unlikely that the additional overburden associated with these
volcanic cones can cause enhanced pore closure in the upper crust above the OAML. On the
other hand, reduction of layer 2A thickness and increase of layer 2A velocity as oceanic crust
ages has been observed in crust generated at different rates, and the infilling of pore space in the
extrusive layer by precipitated secondary minerals during hydrothermal circulation has been
proposed as a major cause (e.g. Grevemyer et al., 1996, Nedimovic et al., 2008). As the ridge
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flank is generally cold with a gentle thermal gradient in comparison with the ridge axis, the
hydrothermal circulation within the flank crust is less vigorous and alteration rates are slower
(Davis et al., 1997, Fisher et al., 2003). With the presence of OAML at shallow depths, high
temperatures associated with this melt body may give rise to locally steeper geothermal gradients
that drive more vigorous convection of seawater in the crust above. Seawater saturated with
elements released from seawater-basalt interaction precipitates minerals into fractures, cracks,
and veins as the water circulates through the crust (Alt et al., 2003, Jarrad et al., 2003). As
alteration of basalts is intensified with increasing temperature, deeper and hence warmer rocks
are expected to be altered more rapidly. Over time, these pores spaces become clogged, raising
the seismic velocities of the crust (Jacobson 1992). As the infilling of pores space within layer
2A progresses, the seismic velocity of lowermost layer 2A approaches the seismic velocity of
layer 2B, turning this part of layer 2A into layer 2B and reducing the thickness of the low
velocity layer 2A (Fig. 10). This thinning of seismic layer 2A could account for the high velocity
anomaly we observed in our tomography models (Fig 10).
Line 1468P does not cross the OAML but lies ~900 m to the north of its northern edge.
However, we observe a high velocity anomaly in the upper crust of eastern flank ~4-5 km from
the ridge axis on this line that is similar to the one above the OAML on line 1428P. One
possibility is that although there is no crustal melt body directly beneath this line, temperature
gradients within the crust due to the nearby OAML remain large enough to drive enhanced
hydrothermal circulation, resulting in more altered crust. Another possibility is that this feature is
the remnant of previous OAML-driven hydrothermal activity. Although OAMLs are probably
ephemeral features, i.e. the melt may solidify in less than a hundred years (Canales et al. 2012),
the modified upper crustal structure should persist after the OAML freezes. The association of
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high upper crustal velocity with the presence of OAML and the potential high-temperature
hydrothermal circulation it drives suggest that the high velocity anomalies in the upper crust may
be used as an indicator for present or ancient localized off-axis hydrothermal zones.
In the seafloor mapping study of Haymon et al. (2005) and Benjanmin and Haymon
(2006), the authors hypothesize the high temperature fluid venting at an abyssal hill ~5 km from
the EPR axis at 10˚20’N is from the axial region and is driven to migrate along the abyssal hill
fault by the ridge axis magma body. From the EPR 3D imaging study (Mutter et al., 2009), many
OAMLs of different sizes are imaged at different depths in the crust and various distances from
the ridge axis (Chapter 1, Han et al., 2014), suggesting that OAMLs are prevalent although likely
ephemeral features in the crust generated at fast-spreading ridge. These OAMLs, especially the
large ones residing at shallow depths like the one studied here, can provide a heat source to drive
high temperature hydrothermal circulation and fluid venting in the flank crust, and potentially
provide temporary off-axis habitats for deep ocean life.
6. Conclusions
2D travel time tomography is conducted on downward continued multichannel streamer
data from MGL0812 survey along two MCS lines crossing and near to a prominent OAML on
the eastern flank of East Pacific Rise at 9˚39’N. Enhanced velocity in layer 2A (by 0.1km/s) and
layer 2B (by 0.2-0.4 km/s) is observed in a region ~2 km wide above this OAML. We attribute
this anomaly to the thinning of layer 2A by precipitation of secondary minerals from focused
hydrothermal circulation driven by the OAML, converting lowermost seismic layer 2A into
seismic layer 2B. The finding of this study supports the hypothesis that OAML may serve as a
heat source for localized hydrothermal flow on the ridge flank. Furthermore, localized higher
velocity zones in the upper crust on the ridge flank may provide an indicator of former off-axis
hydrothermal zones.
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Figure Captions
Figure 1. Bathymetric map of the study area. Black rectangle shows area of the 3D seismic volume
with crossline and inline numbers and distance from ridge axis indicated. Gray shade shows area of
axial magma lenses (AMLs) and off‐axis magma lenses (OAMLs). Fine brown lines show axial
summit trough from Soule et al. (2007). Yellow star indicates the location of high temperature
hydrothermal vent B (Haymon et al., 1991). Red lines show the position of Lines 1428P and 1468P.
Figure 2. Downward continuation of wavefield. (Upper panels) Raytracing (a), computed travel time (b)
and layer 2B refraction event picked on shot gathers with both source and receivers are at the sea surfacec
(c). (Lower panels) Raytracing (d), computed travel time (e) and layer 2A and 2B refraction event picked
on shot gathers when the datum is downward continued to 2500m depth (f), simulating both source and
receivers are at the 2500m depth.
Figure 3 Upper crustal velocity models (b, e) of Lines 1428P and 1468P obtained from inversions using
1D starting models (a, d). Velocity anomalies with respect to the starting models are shown in (c, f). The
vertical axis is the depth after downward continuation. 0 represents the depth of 2500 m. (g) 1-D starting
model used in this study compared with velocity models ESP5 and ESP1 from Vera et al. (1990) and
NOBEL 0S, NOBEL 20W and NOBEL120W-a from Christeson et al. (1994).
Figure 4 Color maps of traveltime residuals predicted from the initial 1-D starting models (a, c) and final
models (b, d) displayed as a function of shot number and source-receiver offset for Lines 1428P and
1468P.
Figure 5 Density of rays traveling through the final velocity models obtained from inversion with 1D
starting model for Lines 1428P (a) and 1468P (b).
Figure 6 Upper crustal velocity models (b, e) of Lines 1428P and 1468P obtained from inversions using
2D starting models (a, d). Velocity anomalies with respect to the starting models are shown in (c, f). The
vertical axis is the depth after downward continuation. 0 represents the depth of 2500 m.
Figure 7 Color maps of traveltime residuals predicted from the initial 2D starting models (a, c) and final
models (b, d) displayed as a function of shot number and source-receiver offset for Lines 1428P and
1468P.
Figure 8 Resolution Test with half wavelength of 5 km (a-b), 2.5 km (c-d), 1.25 km (e-f), and solely 2A
perturbation with half wavelength=2.5 km (g-h).
Figure 9 MCS images of inline 1428 (a) and inline 1468 (b).
Figure 10 Model proposed to explain the local anomaly in layer 2A thickness and layer 2B velocity in the
upper crust above OAML. (a) Rock structure of upper crust without OAML. (b) Velocity profile of upper
crust without OAML. (c) Rock structure of upper crust with the effect of enhanced hydrothermal activity
driven by OAML. (d) Velocity profile of upper crust with the effect of OAML with the comparison to the
previous velocity profile.
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Chapter 3 Seismic Reflection Imaging of Subduction Bending-Related Faults and lower crustal
ridgeward dipping reflections at Cascadia
In preparation for Journal of Geophysical Research: Solid Earth

Abstract
The hydration state of the downgoing Juan de Fuca (JdF) plate is important to a number of
subduction processes at Cascadia, yet is poorly known. As oceanic plates subduct, faults develop
at the outer trench rise due to flexural bending and have been shown to facilitate plate hydration
near the trench. We present pre-stack time migrated multi-channel (MCS) seismic images of two
cross-plate transects from Juan de Fuca Ridge to the deformation front offshore Oregon at
44.4˚N and Washington at 47.4˚N to characterize faulting within the JdF plate prior to
subduction. MCS images show pervasive faulting in the sediment section up to 200 km from the
deformation front. Fault throws increase landward from 10-20 m in the plate interior to 30-40 m
near the deformation front; three faults with anomalously large throws (62-138 m) are present at
Oregon margin. Reflections from fault planes in the crust are observed on both transects. They
are weak and sparse within the plate interior, but are bright and of greater number near the
deformation front. At Oregon margin, bright fault plane reflections in the crust are dominantly
landward dipping with dip angles 45-55˚; three of them transect the crust and extend to the
mantle. A group of prominent dipping (~45˚) mantle reflections that extend 6-7 km below Moho
is also observed. In contrast, along the Washington margin, steep (60-70˚) and dominantly
seaward dipping fault plane reflections are confined to the uppermost 2 km of the oceanic crust;
Moho in this region is continuous, and no mantle reflections are observed. We conclude that
faulting due to subduction bending is confined to a region 50-60 km wide offshore Oregon and
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somewhat narrower (~45 km wide) offshore Washington. Other mechanisms such as complex
intra-plate stresses and/or differential compaction are needed to account for faulting further in
the plate interior. The different faulting pattern offshore Oregon and Washington show that
Oregon margin has experienced more extensive bend faulting and related alteration. Our
observations argue against pervasive serpentinization in the slab mantle beneath Washington and
suggest mechanisms other than dehydration embrittlement need to be considered to explain the
intermediate depth earthquakes found along the Washington margin. The increase of crustal and
mantle (Oregon only) reflectivity towards the trench are likely caused by increased porosity and
greater pressure gradient induced pore fluid flux and alteration in the fault zones due to active
bending, as well as the presence of additional fluid sources due to sediment dewatering.
A series of distinct, low angle (30-40˚), ridgeward dipping lower crustal reflections are found
in approximately same age crust (6-8 Ma old) along both the Washington and Oregon transects.
We attribute these structures to ductile shear zones in the lower crust that formed due to
anomalous accretionary processes at the JdF ridge: possibly non-stationary upwelling of the
mantle or less efficient mantle melt delivery to the crust associated with two reorganizations of
Juan de Fuca plate at 8.5 Ma and 5.89 Ma.
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1. Introduction
At subduction zones, water in the downgoing oceanic plate plays an essential role in many
subduction-related processes. As the oceanic plate descends, pore water and chemically-bound
water within are gradually expelled through compaction and metamorphism under increasing
temperatures and pressures (e.g. Hacker, 2003; van Keken et al., 2011). Water released at
shallow depths (< 50 km) modifies pore fluid pressure on the interface between the downgoing
and overriding plate, influencing the locking status and seismogenesis on the megathrust (e.g.
Nedimović et al., 2003, Bangs et al., 2004; Hyndman, 2007). Water released at greater depths
affects the serpentinization of the forearc mantle (e.g. Bostock et al., 2002; Brocher et al., 2003;
Hyndman and Peacock, 2003), promotes the generation of arc magmas (Plank et al., 2013), and
may contribute to the genesis of intermediate depth earthquakes (e.g. Kirby, 1996).
The presence and abundance of faults and fractures in the oceanic plate play an important role
in the hydration of the plate prior to subduction. As local zones of higher porosity and
permeability, faults constitute primary conduits for seawater to enter the crust and potentially
uppermost mantle. Faults in the oceanic plate develop near the axis of mid-ocean ridges (MOR)
contributing to the formation of the undulating ridge flank abyssal hill topography. At fast- and
intermediate-spreading ridges, where most downgoing plates of the circum-Pacific subduction
zones formed, these faults are believed to be confined to the uppermost 2-3 km of the crust and
cease growing within a few 10s of kilometers from the ridge (e.g. Carbotte and Macdonald,
1994; Macdonald et al., 1996; Bohnenstiehl and Carbotte, 2001). In the vast plate interior,
intraplate stresses are typically much smaller than the strength of the plate and little faulting is
believed to occur. Near subduction zones, the oceanic plate is flexurally bent due to the weight
of the subducted slab and loading of the overriding plate (e.g. Watt, 2001). This subduction
73

bending results in the formation of an outer rise bulge of varying dimensions depending on plate
age at the trench (e.g. Bodine et al., 1981). The pre-existing abyssal hill normal faults are
reactivated and/or new faults develop where bending stresses exceed the yield strength of the
plate (e.g. Billen et al., 2007). The presence of distinct trench parallel and subparallel lineaments
in seafloor bathymetry data at subduction zones provided early evidence for bending-related
normal faulting (e.g. Masson 1991; Kobayashi et al., 1998). In a seismic reflection study
offshore Nicaragua, Ranero et al. (2003) image high angle (~45°) dipping reflectors that traverse
the ~5.5 km thick crust, project updip to fault scarps at the seafloor, and extend 12-15 km into
the mantle in the downgoing Cocos plate. As Ranero et al. (2003) note, such reflectivity in the
crust and mantle is not imaged in young crust and they attribute this reflectivity to water
percolation and mineral alteration along deeply propagating faults that form in response to
subduction bending. This study highlights the potential importance of these faults in facilitating
plate hydration across the outer-trench slope. Later studies have found further evidence of
faulting-induced hydration beginning in the outer rise region. Reduced seismic velocity (e.g.
Ivandic et al., 2008; van Avendonk et al., 2011; Contreras-Reyes et al., 2011) and electrical
resistivity (e.g. Key et al., 2012) in the crust and mantle indicate enhanced fracturing, alteration,
and serpentinization. Reduced heat flow (e.g. Grevemeyer et al., 2005) and swarms of
microearthquakes near the fault planes (e.g. Tilmanne et al., 2008; Lefeldt et al., 2009) suggest
enhanced hydrothermal circulation along the faults. To date, evidence for subduction bend faults
and plate hydration have been found at many subduction zones (Faccenda, 2014), including
Tonga (Contreras-Reyes et al., 2011), the Sunda-Banda arc transition (Planert et al., 2010), Kuril
Trench (Fujie et al. 2013), Middle America Trench (e.g. Grevemeyer et al., 2005; Ivandic et al.,
2008; van Avendonk et al., 2011), Chile Trench (e.g. Ranero and Sallarès 2004; Grevemeyer et
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al. 2005; Contreras-Reyes et al., 2007; Scherwath et al. 2009), and Alaska (Shillington et al.,
2014).
At Cascadia, a young and hot end member of the global subduction system, the extent of
hydration of the downgoing Juan de Fuca (JdF) plate prior to subduction is poorly known. On
several seismic reflection lines that extend from the Juan de Fuca Ridge (JdFR) ~150 km
partway into the plate interior, Nedimović et al. (2009) observe faults in the sediments indicative
of active normal faulting beginning ~75 km from the ridge axis, well beyond the crustal
formation zone. In the sediment sections of seismic reflection profiles from eight earlier regional
multichannel seismic (MCS) surveys covering the trench area and extending up to 10s of km into
the plate interior, Nedimović et al. (2009) also identify normal faults with increased throws.
They attribute this pervasive faulting on JdF plate primarily to subduction bending which implies
a bend faulting zone at Cascadia over 200 km wide from the deformation front. This result was
unexpected as the inferred faulting zone is wider than the outer rise region expected at this young
and thin plate. However, except for the northernmost section of the Juan de Fuca plate, no
seismic data have been available from the central 50-250 km of the plate interior to link the lines
of Nedimović et al. (2009) to the older profiles crossing the deformation front. How faults
evolve across the aging JdF plate in response to flexural bending, or other stresses in this
tectonically complex region, and how these faults may contribute to hydration of the plate prior
to subduction requires further investigation.
Here we present multichannel seismic reflection images of two full-plate transects acquired
during the Juan de Fuca Ridge-to-Trench experiment (Fig. 1, Carbotte et al., 2012). The new data
reveal faults within the sediment section and reflections interpreted as fault planes within the
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crust and mantle near the deformation front and different faulting patterns offshore Oregon and
Washington. From the distribution, geometry, and reflection characteristics of these faults within
the JdF plate we re-evaluate the width of the subduction bending fault zone. Causes of
reflectivity of the crustal and mantle faults, and implications for plate hydration are considered.
In addition, a series of ridgeward dipping lower crustal reflectors are imaged in same age crust
on both transects, with characteristics similar to those observed elsewhere in old Pacific crust.
The implications of the new data for the origin of these distinct lower crustal reflectors are
considered.
2. Geological background
The Cascadia subduction zone extends along the west coast of northern California, to British
Columbia, from ~40˚N to 51˚N. Here, the JdF plate subducts northeastward beneath North
America at a variable rate of 30 to 45 mm/yr increasing to the north (Wilson, 1993). The strike of
the deformation front changes from almost N-S offshore northern California to NNW-SSE
offshore Vancouver Island with a northward widening accretionary prism (Fig. 1).
The subducting JdF plate is generated at the intermediate-spreading JdFR (half spreading rate
~28 mm/ yr), which is currently subdivided into six spreading segments (Fig. 1). During the past
17 Ma, the JdFR experienced seven major episodes of rift propagation (Wilson, 1984) that left a
series of prominent V-shape propagator wakes within the plate interior as evident from the
patterns of offset magnetic anomalies (Fig. 1, Wilson, 1993, 2002). These propagator wakes or
pseudofault zones are believed to be more fractured than normal oceanic crust and are localized
weak zones in the plate (Hey, 1977). Much of the JdF plate is covered by a thick sediment
blanket due to the high abyssal plain sedimentation rate and the Astoria Fan and Nitinat Fan that
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developed in response to deglaciation during the Pleistocene (McNeil et al., 2000; Underwood,
2005). The close proximity of the Cascadia subduction zone with the JdF ridge results in young
plate age at the onset of subduction of ~6-10 Ma old with increasing crustal age to the south.
With the young age of the subducting plate combined with the insulating effect of the thick
sediment cover, the Cascadia subduction zone is a hot end member of the global subduction
system.
Cascadia is an atypical subduction zone in that it generally lacks seismicity along the
subduction plate boundary as recorded by onshore seismic networks (McCrory et al., 2012).
Although Magnitude >9 megathrust earthquakes have occurred along this subduction zone in the
geologic past, as evident from onshore and offshore stratigraphic records, no great megathrust
earthquakes have occurred for the past 300 years (e.g. Atwater, 1997; Goldfinger et al., 2003).
Earthquakes in the forearc North America plate and the subducting JdF slab are also rare.
Intraslab seismicity at Cascadia is sparse and shallow, and occurs mainly in three areas: at 10-30
km depth beneath western Vancouver Island and northwestern California, and at 30-50 km depth
beneath Strait of Georgia–Puget Sound (Rogers and Crosson, 2002; Kao et al., 2008; McCrory et
al., 2012). Oregon has no recorded crustal earthquakes deeper than 30 km (McCrory et al.,
2012). Episodic tremor and slip (ETS) is observed along the Cascadia subduction zone and
exhibits notable spatial segmentation in periodicity (Roger and Dragert, 2003; Brudzinski and
Allan, 2007).
3. Data and methods
The JdF Ridge-to-Trench experiment was conducted in June-July 2012 to study the evolution
and state of hydration of the crust and shallow mantle of the JdF plate prior to subduction at the
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Cascadia margin. During this experiment, multi-channel seismic (MCS) and wide-angle ocean
bottom seismometer (OBS) data were acquired along two cross-plate transects (Fig. 1): one
extending from Endeavour segment on the JdF Ridge to Gray’s Harbor offshore Washington,
and one from Axial Volcano to the central Oregon margin at ~44.4˚N. We refer to these as the
Washington and Oregon transects respectively. In addition, a trench-parallel line was acquired
spanning over 400 km along the margin ~10-17 km seaward of the deformation front and
crossing the two ridge-to-trench transects.
The MCS data were acquired aboard the R/V Langseth using a 6600 cubic inch airgun array
towed at a nominal depth of 9 m and fired every 37.5 m. The data were recorded with an 8-km
long solid-state streamer with 636 active hydrophones towed at a nominal depth of 9 m. The
positions of sources and receivers were derived from GPS receivers deployed with the airgun
source array, on the streamer tailbuoy and shipboard, and using 26 compass-enhanced
DigiCourse birds deployed along the streamer. Data were recorded with a sampling rate of 2 ms
for 12.28-s long records. All MCS field data, seismic navigation and acquisition logs are
archived with the IEDA: Marine Geosciences Data System (Carbotte et al, 2014).
The MCS data are processed in the following sequence: pseudo 3D geometry is defined to
accurately position common mid-point (CMP) gathers in 6.25 m bins to account for streamer
feathering, Band pass filtering (3-7-220-250 Hz) is applied to remove cable noise, followed by
trace editing, spherical divergence correction, and resampling to 4 ms. Despiking with LIFT
method [Choo et al., 2004] is used to enhance the signal-to-noise ratio. In our application of the
LIFT method, the data are divided into three frequency bands (low frequency band: 0-14-18 Hz,
mid frequency band: 14-18-46-56, high frequency band: 46-56-125 Hz); despike parameters
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(window and threshold of medium amplitude filter) are determined for each band respectively.
For middle and high frequency bands, residual signal is extracted from the noise of first-round
desipke based on coherency and amplitude and is added back to the signal. The three frequency
bands are then combined to form the despiked shot gathers. This approach ensures good
preservation of waveform amplitude information (Becel et al., 2012; Aghaei et al., 2014). For a
portion of our plate transects seaward of the deformation front, seafloor multiples arrive earlier
than the Moho reflection and also obscure the lower oceanic crust. Radon filtering is applied to
remove the seafloor multiple and noise from side scattering. Predictive deconvolution is applied
to collapse the airgun source bubble. Detailed velocity analysis using the semblance method is
conducted on supergathers at 100 CMP intervals for the sediment section and crustal arrivals. A
smoothed version of the resulting 2D velocity function is used for pre-stack Kirchhoff time
migration and is iteratively revised to yield optimal migration velocities and the pre-stack
migrated image.
The pre-stack time migrated image is converted to depth using a composite velocity model
that combines crustal and mantle velocities from the coincident and nearby OBS studies
(Gerdom et al., 2000) and sediment velocities derived from the MCS data (Gibson et al., 2014).
From the migrated sections, seafloor, top of basement, and Moho horizons are identified and
digitized (Fig. 2) with picking uncertainties of 8 ms, 12 ms, and 16 ms respectively. Intra-crustal
and mantle reflections are also identified and picked. Dips of events are measured from depth
sections. Locations of faults in the sediment section are determined from offsets in sediment
layers. All seismic data processing and interpretation was conducted using the Paradigm
processing software packages, Focus, Geodepth, and VoxelGeo.
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Our reflection image resolution permits identification of fault-plane offsets with throws of
~2–3 m for the shallow sediments and 7-13 m near the top of oceanic crust. This resolution
corresponds with ~1/8 of the estimated dominant wavelength of our seismic signal (Cordsen et
al., 2000) assuming a dominant frequency of 60-80 Hz and 40-50 Hz for the shallow and near
basement sediments respectively. Faults widths need to exceed 25-40 m in the oceanic crust
(dominant frequency 20-30 Hz), and 45-60 m in the uppermost mantle (dominant frequency 1015 Hz) in order to be imaged.
4. Results
In this study, seismic reflection images from the Oregon and Washington transects seaward
of the deformation front are presented. Results are described in terms of kilometer distance from
the toe of the deformation front. The continental slope and shelf parts of these lines will be
presented elsewhere. MCS data along the Oregon transect were acquired as one continuous
profile (MCS Line1 of MGL1211) with two prominent data gaps for marine mammal mitigation.
The Washington transect consists of three parts: Line 2a and Line 2 collected during survey
MGL1211, and EW0207 Line 1-3-17 collected in an earlier survey and processed by Nedimović
et al. (2009) following a somewhat different sequence. A data gap due to marine mammal
mitigation of ~20 km separates Line 2a and Line 2.
4.1 Oregon Transect
The Oregon transect spans ~390 km from Axial Volcano to the deformation front at ~44.4˚N
(Fig. 2a). Along this transect the oceanic plate is almost fully buried by sediments except for the
1100 m high Axial volcano and the 700 m high Son of Brown Bear (SOBB) Seamount located
35 km east of the ridge axis (Smith et al., 1994). The sediments are less than 370 ms two-way
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travel time (TWTT) (corresponding to ~ 0.3 km) thick in distance range 250-350 km. Beginning
at distance 180 km where Cascadia channel is crossed, sediment thickness increases rapidly
landward due to Astoria Fan deposition and reaches ~ 2200 ms (~3.5 km) at the deformation
front (Fig. 2a, 8a).
Beneath this sediment cover, the top of oceanic crust dips gently towards the east, reaching an
angle of ~6.5˚ at the deformation front. Superimposed on the regional eastward deepening trend
are long-wavelength topographic undulations of the oceanic basement associated with a broad
pseudofault zone crossed along our transect from distance 170- 235 km (Figs. 1-2). This
propagator wake encloses a block of rotated oceanic crust 5.96-6.63 Ma old and corresponds
with a region of elevated basement that shoals to the east bounded by deeper basement with total
relief of 720 ms (~760 m, Fig. 2). Another pseudofault is crossed at distance 30-40 km and
corresponds with an ~10 km wide elevated basement block with relief of 270 ms (~500 m). In
addition, the basement topography exhibits short-wavelength (~2-10 km) variations along the
line that are presumably associated with the abyssal hills and small seamounts formed near the
ridge axis. From distance 75-140 km (crustal age 5.96 – 8.22 Ma) and 270-350 km (crustal age
1.03-4.24 Ma) the basement is relatively smooth with small steps of less than 150 ms (~135-150
m) in relief. From distance 140-260 km (crustal age 4.24-5.96 Ma), spanning the pseudofault
zone, basement is rougher with local fault bounded or volcanic constructs of up to 350 ms (~300
m) relief. Within 75 km (crustal age 8.22-8.78 Ma) from the deformation front, the basement
surface forms 6-10 km wide fault-bounded horst and grabens with vertical offsets of ~100 ms
(200 m).
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A Moho reflection is present along most of the profile with varying amplitude (Figs. 2a). In
the two regions of smooth basement, Moho is strong and continuous (Fig. 4) while at distance
140-260 km, Moho is a weak and diffuse reflection and is especially hard to image beneath the
middle portion of the western propagator wake. Near the deformation front, Moho is a strongly
reflective but discontinuous event (Fig. 5a). Crustal two-way travel time over the whole transect
is on average 1940±120 ms (~6 km) with a pronounced local increase in crustal twtt beneath
Axial Seamount (by 520 ms, Fig. 2a, 8b).
4.1.1 Faulting within the sediment section
Faults within the sediment section are identified from near-vertical offsets in sediment layers.
Along the Oregon transect, a total of 95 faults are identified, all of which display normal fault
displacement. Most faults project to offsets in the oceanic basement, but fault throw in the
sediment section is generally smaller than the basement offsets and decreases up section
consistent with growth faulting. Except for a couple of faults near distance 230 km and a few
ones within 40 km from the deformation front, most faults terminate within the sediment section;
the shallow sediment above these faults are basically undisrupted with our imaging resolutions
~5-7 m (Fig. 2a, 4). Ridgeward and trenchward facing normal faults are observed in
approximately equal numbers (Fig. 7c). The westernmost fault is observed at distance 319 km
(~70 km from the ridge axis) above 2.6 Ma crust and is associated with vertical offset at the
seafloor of ~8 m (Fig. 3). Besides this fault, only one other fault is identified in the sediment
section within distance 260-350 km. From distance 140-260 km, no faults are identified above
the elevated basement block of the pseudofault zone and faults are sparsely distributed in the
sediment above the adjoining basement lows (Figs. 2). Fault density is highest within distance
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40-140 km, with fault throws measured from offsets in sediment layers directly above basement
increasing landward from 15-20 m to ~30 m (Fig. 7). Within 40 km from the deformation front,
faults in the sediment extend closer to the seafloor and the throw of the most easterly faults
increases markedly (maximum 138 m).
4.1.2 Reflectivity within the oceanic crust
A variety of reflectivity is observed within the oceanic crust along the Oregon transect.
Beneath Axial Volcano, bright reflections are observed at ~900 ms and 1100 ms beneath the
seafloor that correspond with the axial magma lens reflections imaged in an earlier study (Arnulf
et al., 2014). Several weak dipping reflections with dip angle 50-55˚ that extend from basement
offsets downward into the upper crust are observed at distance 260-340 km (1.4-4.2 Ma old
crust, Fig. 2, 3). Most of these reflections are confined to the uppermost 600-700 ms (~1.7 km in
depth) of the crust but one of them (at distance 272 km) can be traced 1100 ms (~3.4 km) below
basement (Fig. 2). Disruptions in the sediment cover above these reflections are not observed. In
addition, one sub-horizontal reflection and several short dipping reflections are imaged at
distance 260-270 km. No intra-crustal reflectivity is identified in distance range 140-230 km
spanning the western pseudofault (Fig. 2).
Within distance range 70-140 km (crustal age ~6-8 Ma), in the region of comparatively
smooth basement, numerous small offset (maximum ~ 100m) faults spaced ~1-2 km are
observed that dip both ridgeward and trenchward, and in places bound narrow grabens (Fig. 2,
5). Faint steeply dipping (~50˚) reflections that extend ~600 ms (1.7 km) into the upper crust are
imaged below a few of the basement offsets. These reflections are similar in depth extent and dip
to the dipping upper crustal reflections observed in younger crust at distance 260-340 km. In
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contrast, the lower crust shows abundant strong reflectivity with a series of prominent ridgeward
dipping reflections (Figs. 2, 4). These reflections begin ~1000 ms (~3 km) below the basement,
are ~5 km long, spaced at 1-5 km, and with dip angles of ~30°-40˚. Each reflection event
consists of several aligned short segments with varying reflection amplitude. Beneath these
dipping reflections, Moho is a strong and continuous reflection at a near uniform ~1900 ms
beneath the basement (Fig. 8), and there is no indication that Moho is offset by the ridgeward
dipping lower crustal events. These events are notably absent from distance range 122-132 km
where a cluster of weak trenchward dipping reflections are observed that may extend beneath
Moho ~ 500 ms (~2 km). At distance range 132-141 km (crust age 5.96-6.265 Ma), a second
group of ridgeward dipping events is imaged. They have similar characteristics as the first group,
but with diminished amplitude. The Moho reflection beneath them is also not as bright as that of
the first group (Fig. 4).
In contrast to elsewhere along the Oregon transect, the oceanic crust within 40 km from the
deformation front features several prominent reflections that transect both the upper and lower
crust (Figs. 2a, 5a). A pair of bright conjugate reflections is imaged beneath a basement graben
centered at distance 25 km. Both of the reflections extend from the upper crust and can be traced
to disruptions of Moho; they cross at 400 ms TWTT (~900 m) below basement. The ridgeward
dipping reflection dips at ~45° while the trenchward dipping one dips at ~55˚. Accounting for the
plate dip of 6.5˚ in this region, the dip of both reflections within the plate is ~50˚. The amplitude
and waveform of these reflections varies with depth (Figs. 5, 6). The waveform of the
trenchward dipping fault on near-offset traces of CMP gathers shows negative polarity with
respect to seafloor reflection in the upper crust (Fig. 6f), while has two negative lobes and two
positive lobes with the largest positive and negative lobes of nearly equal amplitude (Fig. 6g) in
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the lower crust. Another cross-crust reflection is present at distance 30 km that projects upward
to the eastern edge of the propagator wake zone and fault offset in the sediment above. This
reflection consists of three segments with varying dip of 60˚ in the upper crust and 45˚ near
Moho. The other crustal reflections observed in this region are spaced roughly 5-10 km apart,
and dip predominantly landward at 45°-55°. These events can not be traced through the whole
crust but are evident in both the upper crust (e.g. near distance 43 km) and middle to lower crust
(e.g. at 10 and 17 km).
4.1.3 Reflectivity within the uppermost Mantle
Along the length of our plate transect from the mid-ocean ridge to ~ 40 km from the
deformation front, reflections beneath Moho are rare (Fig. 2). At distance range 318-332 km, a
group of sub-horizontal events are imaged that extend ~540 ms (~2 km) beneath Moho depths.
These events are similar to the sub-Moho events imaged elsewhere in this region that have been
interpreted as frozen magma lenses within a thick Moho transition zone (Nedimović et al., 2005).
Along the western edge of the western pseudofault zone (distance 245-253km), a prominent
trenchward dipping event is imaged that appears to cross Moho and extend into the uppermost
800 ms (~3 km) of the mantle. At distance 105-130 km (crustal age 6.265-7.07 Ma), a group of
faint trenchward dipping reflections can be traced to 500 ms beneath Moho that appear to
connect with a group of trenchward dipping lower crustal reflections and some of the ridgeward
dipping reflections.
In contrast to these sparse and generally faint sub-Moho events away from the deformation
front, at distances 13-36 km, a series of bright mantle reflections are present centered beneath the
region of prominent through-going crustal reflections (Figs. 2, 5). Reflection events dip both
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ridgeward and trenchward at ~45˚ and extend up to 1600 ms (~6-7 km) beneath Moho. Some of
these events connect with the crustal reflections. However, the density of events beneath Moho is
higher than in the crust above and they extend over a wider region than the crustal reflections.
The spacing of the events is ~2 km. Within this distance range, a bright but discontinuous Moho
is imaged that appears to be offset by these dipping events (Fig. 5).
4.2. Washington Transect
The Washington transect shown in Fig. 2b extends ~225 km from the axis of the Endeavor
segment of the JdF Ridge to the deformation front at ~47.4˚N. Along the length of this transect,
oceanic crust is buried by hemipelagic sediments, basin turbidites and the Nitinat Fan deposits,
except for a broad elevated plateau that spans the Endeavour ridge axis (~ 20 km half width) and
a 500 m wide seamount that pierces the sediment cover at distance 120 km. Sediment thickness
increases from 180 ms twtt (~ 180 m) at 20 km from the ridge axis to over 2200 ms twtt (~3.3
km) at the deformation front (Figs. 2, 8).
Beneath the sediment cover, the top of oceanic crust dips gently to the east increasing to ~3°
at the deformation front (Fig. 2b). A local reversal in the dip of oceanic basement is observed
from distance 180-190 km where a propagator pseudofault zone is crossed and crustal age is
young to the east. Similar to the Oregon transect, the top of the oceanic crust shows variable
roughness at different crustal ages. The basement at distance 125-180 km (crustal age 1.49-3.58
Ma) and 0-45 km (crustal age 6.63-8.22 Ma) is comparatively smooth with relief of less than 100
m, whereas the basement from distance 65-125 km (age 3.58-5.96 Ma) is relatively rough with
local relief of up to 300 m. The crustal ages of smooth or rough basement topography are similar
to those observed along the Oregon transect.
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A Moho reflection can be identified along most of the Washington transect (Fig. 2). It is a
strong and continuous event beneath the regions of smooth basement topography and is weaker
and more diffusive beneath the rough basement zones. The average crustal TWTT for the
transect is 2030 ± 120 ms (~6.27 km, Fig. 8).
4.2.1 Faulting within the sediment section
Faulting in the sediments is pervasive within 175 km from the deformation front (Fig. 2, 7).
Like on the Oregon transect, all of the identified faults (76 in total) are normal faults. However,
two-thirds are trenchward facing, in contrast to the Oregon transect where trenchward and
ridgeward facing faults are present in roughly equal numbers (Figs. 2, 7). The westernmost
imaged fault is at distance 171 km, only ~55 km from the ridge axis, above ~2 Ma old crust.
Faults are sparsely distributed from distance 125-170 km with average throws of 7 m. Fault
density is high in distance range 25-125 km with many closely spaced faults (~1-2 km). Fault
density decreases somewhat within 25 km from the deformation front, but fault throw increases
with average throws of 22 m and maximum throw of 44 m (Fig. 7). Most faults can be traced
into the sediments less than ~1 km above the basement, including the faults closest to the
deformation front.
4.2.2 Reflectivity within the oceanic crust
The ridgeward half of the Washington transect (distance range 125-225 km) corresponds
with Line 1-3-17 of Nedimović et al (2009). The only intracrustal reflectivity observed along this
line includes the 0.8 km wide axial magma lens imaged 1000 ms (2.5 km) beneath the Endeavour
ridge axis and a pair of crustal reflections imaged at distance 160 km (Fig. 2). It is noteworthy
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that this part of the line was processed using a different sequence that was not optimized for
resolving upper crustal events, therefore we cannot rule out the possibility that upper crustal
dipping events like these at distance 260-340 km on Oregon transect are also present at this
portion of the line. Within the new data from the Washington transect (east of distance 125 km),
a few reflections are imaged in the upper crust in distance 90-120 km, but only one seems to
connect to a fault in the sediments above (Fig. 2b). No other crustal reflectivity is observed.
Further east, within 45 km from the deformation front, abundant upper and lower crustal
reflectivity is found within crust of ~6-8 Ma age crust. As described above, basement is
comparatively smooth in this region, offset by ~ 100 m fault scarps associated with primarily
ridgeward dipping normal faults. Dipping upper crustal reflections are imaged beneath some of
the basement offsets. Except for one reflection that may extend through the crust to Moho, most
of these reflections only extend to 600-700 ms TWTT (~1 km) beneath the basement, similar in
depth extent to the upper crustal reflections observed at distance 70-140 km and 260-340 km on
the Oregon transect. However, these Washington reflections have steeper dips (60-70˚) and
appear stronger in amplitude than their Oregon counterpart. These reflections display the same
polarity as the seafloor reflection (Figs. 6c, d). However, compared with the seafloor reflection
that arises from a single interface, the waveforms of the fault plane reflections are longer and
differ in relative amplitude of the negative and positive lobes, suggesting interference of multiple
reflection wavelets. Besides, just beneath the upper crustal dipping events, a group of subhorizontal reflections are imaged.
Within the lower crust in this region, a series of ridgeward dipping reflections are imaged
with similar characteristics to the lower crustal reflections observed in same age (6.62-8.22 Myr)
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crust at distance 70-140 km on the Oregon transect (Fig. 2b, 5b). These events appear to initiate
at about 1000~1100 ms TWTT beneath the basement, are spaced at ~ 1-4 km, consistently dip
towards the ridge, and merge into Moho with dips of ~30-40˚. In this region, Moho reflection is
strong and continuous, without any resolvable offsets coincident with the lower crustal
reflections.

It is noteworthy that these reflections can not be traced to the upper crustal

reflections and the upper and lower crustal events have different dip angles.
4.2.3 Reflectivity within the Uppermost Mantle
Mantle reflectivity is absent along the Washington transect except for a cluster of sub-Moho
reflections observed in the Line 1-3-17 portion of the transect (at distance 190 km) and
interpreted by Nedimović et al. (2005) as frozen magma lenses embedded within the Moho
transition zone.
5. Interpretation of Crustal and Mantle Reflectivity
Along our Oregon and Washington transects, reflective events in the oceanic crust, and in
places in the uppermost mantle, are imaged. Although out-of-plane scattering from fault scarps
or other topographic highs in the seafloor and the top of the oceanic crust may give rise to
dipping reflectors on 2D MCS lines (e.g. Larner et al., 1983; Kent et al., 1997), we do not think
this applies to the reflective events on our profiles based on the following: (1) the seafloor in our
survey area is flat and smooth, absent of any linear structures; (2) the dominant strike of
basement fabric inherited from crustal formation is ~ parallel to the strike of the JdF ridge,
whereas our survey lines are ridge-perpendicular, the optimal orientation to avoid side-scattering
from basement faults. In addition, these events are present on the stacked sections and are well
migrated with realistic crustal/mantle velocities, arguing against them being migration artifacts.
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Based on these considerations we conclude that the reflective events on our profiles originate
from real geological structures (faults and ductile shear zones) within the crust and mantle as
discussed further below.
6. Discussion
From our two MCS cross-plate transects, faults are identified in the sediments up to 200 km
seaward of the deformation front. Reflections in the upper oceanic crust are imaged on both
profiles, while on Oregon transect near the deformation front, reflections transecting the crust
and extending to the uppermost mantle are observed. Most of the upper crustal dipping events as
well as the cross-crust dipping events on the Oregon transect project or connect to basement fault
scarps and faults in the sediment, providing strong evidence that these reflections arise from fault
planes in the crust. In 6-8 Ma age crust on both the Oregon and Washington transects, a series of
distinct ridgeward dipping events are imaged in the lower crust. These reflections do not connect
to the upper crustal fault plane reflections, and shoal into the Moho reflection, arguing against
them being crustal faults.
In this section, we evaluate the potential contribution of subduction bend faulting to the
faulting observed offshore Oregon and Washington and discuss implications for hydration of the
JdF plate prior to subduction at Cascadia (§6.1); we address causes of the imaged crustal and
mantle fault reflectivity and the sources of water that percolate along the faults (§6.2); finally, we
discuss the possible origin of the distinct shallowly dipping lower crustal reflections (LCRs) we
observe in same age crust on both lines (§6.3).
6.1 Subduction bend faulting offshore Oregon and Washington
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From our MCS transects offshore Oregon and Washington, we observe pervasive faulting in
the sediment section within the interior of the JdF plate beginning 50-70 km (crust age 2-2.6 Ma)
from the ridge axis and extending to the deformation front (Figs. 2, 7). The association of these
faults with basement scarps, the generally smaller fault throw in the sediment section than the
vertical offset at basement, and the absence of these faults in the youngest sediment covered
crust, all support the interpretation of Nedimović et al., (2009) that this faulting within the
sediment section arises from abyssal hill faults that form near the ridge axis and are reactivated
in the plate interior. The new data confirm the previous interpretation of a wide faulting zone
across the JdF plate and provide additional constraints on the seaward limit of extensional and
transtensional faults within the plate (Fig. 1).
Nedimović et al. (2009) suggest this faulting may be linked to subduction-related bending of
the JdF plate, which implies that subduction bending faults on the JdF plate extend into the plate
interior unusually far from the deformation front. In an early compilation of bending faults
interpreted from multibeam bathymetry data, Masson (1991) found that the bend-fault zone at a
number of different subduction zones extends ~40-75 km seaward of the trench. As faults with
small throws can be masked by sediments, the width of the bending-fault zone is likely to be
underestimated by this study. In more recent studies, subduction bend faulting has been
characterized from seafloor bathymetry and seismic reflection images (e.g. Ranero et al., 2003;
Fujie et al., 2013), or inferred from evidence for lower seismic velocities in the oceanic crust
and/or mantle in the outer-rise region (e.g. Ivanidic et al., 2008; Van Avendonk et al., 2011). The
few studies conducted to date that have extended far enough seaward of the trench to determine
the onset of this subduction bend-faulting and alteration indicate that a wider outer rise region
and corresponding bend-faulting zone is associated with older downgoing plates (Table 1).
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Considering the young age (8-9 Ma) of the JdF plate near the deformation front, the zone of plate
bending should be quite localized. A ~200 km wide faulting zone is difficult to explain by plate
bending alone.
Table 1. Compilation of Bend Faulting zone width from different subduction zones.
Region

Plate age
at trench
(Ma)

Initiation of
outer rise uplift
(km from
trench)

Initiation of
reduced seismic
velocities (km
from trench)

First fault detected in
sediment cover and/or
top oceanic crust relief
(km from trench)

Kuril Trench
(Fujie et al., 2013)
Japan Trench
Central Chile at
38°S

130

190

150

90

Not developed
due to
sediment
loading
(ContrerasReyes and
Osses, 2010)

120 (ContrerasReyes et al., 2008)

Central America
Trench offshore
Nicaragua

24

80

50-70 (Ivandic et
al., 2008)

120
30

First fault detected in
seafloor bathymetry
(km from trench)

110 (Tsuru et al., 2000)

50-70 (Ranero et al.,
2003)

The gentle eastward dip of the oceanic crust toward the deformation front along both plate
transects (Fig. 2) reflects the combined effects of plate cooling with age, plate bending due to the
thickening sediment load toward the continental margin, and plate subduction. To estimate the
distance over which bending-related faulting might occur within the JdF plate, we remove the
effects of plate cooling with age from the basement topography to determine where plate bending
initiates (Fig. 7). This approach defines the maximum possible range of bend faulting because
faults will only develop where plate-bending stresses (related to the curvature of the plate)
exceed the yield stress, which may not coincide with where bending of the plate initiates.
The plate cooling effect is calculated using a half-space cooling model (Parsons and Scaler,
1977).
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z = z0 + 350 t

(1)

where z is depth to top of oceanic crust in meters, and t is the age of the plate in Ma. z0 is the
ridge axis depth; here we use z0 of 2450 m and 2350 m for the Washington and Oregon
transects respectively, estimated from regional ridge axis depths adjacent to the anomalous ridge
sections of Axial volcano and Endeavour segment (Karsten and Delaney, 1989; Carbotte et al.,
2008). In our calculations of oceanic crustal depth with plate age, we account for the age
discontinuities along each transect associated with the propagator wakes. Predicted effects of the
thick sediment blanket that insulates the JdF plate are considered minor and are not included.
The predicted basement topography obtained from equation 1 is removed from the observed
topography (Fig. 2) to determine the residual topography shown in Figure 7.
Along both transects, the calculated residual basement topography follows the zero line well
within ~25-125 km from the ridge axis, (with the exception of the SOBB seamount along the
Oregon line, Fig. 7). In youngest crust, seafloor is anomalously shallow relative to the calculated
half-space cooling model, due to the effects of thickened crust associated with local mantle melt
anomalies at Endeavour and Axial Volcano (Karsten and Delaney, 1989; Carbotte et al., 2008).
In older crust, basement topography begins to deviate from the zero line at ~160 km from the
deformation front on the Oregon transect and ~125 km from the deformation front on the
Washington transect (Fig. 7). No outer rise bulge is observed on either transect, which is
analogous to the 3-14 Ma Nazca plate subducting at Chile trench at 44°-46˚S. Contreras-Reyes
and Osses (2010) attribute this short flexural wavelength to a combined effect of low flexural
rigidity and relative low elastic thickness of the young plate and heavy sediment loading in the
trench basin. These estimates of where plate bending initiates constrain possible plate-bending
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related faulting to distances of less than 125 and 160 km from the DF along the Washington and
Oregon transects respectively. We conclude that other mechanisms such as complex intra-plate
stresses (Wang et al., 1997) and/or differential compaction (e.g. Caver, 1968) are needed to
account for the faulting observed further in the plate interior.
Within the zone of plate bending, to evaluate whether and where subduction bend faulting
occurs offshore Oregon and Washington, we examine the near-basement throws of all the faults
we identified in the sediments (Fig. 7). For a growth fault whose throw decreases upward in the
sediment section, the near-basement throw represents the cumulative offset during the active
period of the fault. We use linear polynomial and 5th degree polynomial to fit the compilation of
fault throw measurement over the two transects; the data are weighted by the inverse of vertical
distance from basement where the measurement is taken. If faulting within the zone of plate
bending reflects the same intraplate stresses or differential compaction processes as in the plate
interior, fault throw would be expected to increase linearly with plate age, whereas a non-linear
increase in fault throw should be observed with the onset and progression of subduction bend
faulting. Figure 7 shows that while a linear trend fits the data quite well along the Washington
margin, a non-linear increase in fault throw begins ~50-60 km from the deformation front on the
Oregon margin and we interpret this distance as the onset of subduction bend faulting. This
analysis suggests that subduction bend faulting is not required to account for the sediment
faulting offshore Washington, although this process is not ruled out. The largest scatter in fault
throw values along the Washington transect are observed at distance 0-45 km with the presence
of small throws less than 10 m and the largest throw faults of 44 m. We cannot rule out that some
new faults with small throws develop near the deformation front while some preexisting faults
accumulate larger throws in this region due to plate bending.
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Further evidence for significant subduction bend faulting along the Oregon transect, is the
presence of bright fault plane reflections, some of which transect the whole crust, along with a
group of prominent mantle reflections that extend up to 6-7 km below Moho. These crustal and
mantle reflections are found within 40 km from the deformation front where the large fault
throws in the sediments are observed, The fault with the largest throw in the sediments (138 m)
and which reaches closest to seafloor, is associated with a bright landward dipping fault plane
reflection through-going the crust at 25 km. In contrast, along the Washington transect near
deformation front, fault plane reflections are confined to the middle to upper crust, the Moho
reflection is continuous, and no mantle reflections are observed. These observations support the
inferences from the analysis of sediment fault strain of greater bend faulting offshore Oregon
than offshore Washington.
What causes the different bend faulting patterns near the deformation front offshore Oregon
and Washington? The thickness of the sediment cover on Oregon and Washington transects is
similar within 80 km from the deformation front, so differences in sediment loading are unlikely
to contribute to different bend faulting patterns. Instead, differences in bending stresses due to
changing downdip curvature of the slab may play an important role. Due to the change of
orientation of the deformation front from Oregon to Vancouver Island, the slab exhibits an
arching structure beneath northern Washington that leads to a shallow 10˚ plate dip in this region
to a depth of about 50 km (e.g. Creager et al., 2002), whereas plate dips beneath Vancouver
Island (~18˚, Davis and Hyndman, 1989) and beneath central Oregon (~16˚, Gerdom et al., 2000)
are steeper. The lower slab dip at Washington results in smaller bending stress within the oceanic
plate that maybe insufficient to cause significant deformation along pre-existing faults or
development of new faults. Another contributing factor may be the orientation of the pre-existing
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crustal fabric. Along the Oregon margin, the strike of the abyssal hill faults inferred from
magnetic isochrones is nearly parallel to the trench while these faults are more oblique to the
trench at the Washington margin (~25˚), and thus less optimally oriented to accommodate
bending deformation. Moreover, near the Washington margin, most faults are ridgeward-dipping
(Fig. 7). The ridgeward dipping normal faults will not accommodate plate bending by increasing
vertical offset, but rather by block rotation.
Our observations of bend faulting at the Oregon and Washington margins have important
implications for the potential hydration of the plate linked to subduction faulting. The intraslab
earthquakes in the downgoing JdF plate beneath Washington are observed down to 10 km
beneath the Moho (Parson et al., 1998; Preston et al., 2003; Audet et al., 2010) and have been
attributed to dehydration embrittlement of preexisting faults in the serpentinized upper mantle
(Preston et al., 2003; Audet et al., 2010; McCrory et al., 2012). This interpretation implies that
the upper mantle of the JdF plate offshore Washington should be significantly hydrated through
faulting prior to subduction. However, on the near deformation front portion of our Washington
transect there is no evidence for faults that cut through the crust and reach the upper mantle.
Thus significant quantities of water are unlikely to reach the uppermost mantle through bend
faulting prior to subduction. Other factors, such as internal stress caused by slab warp (e.g.
McCrory et al., 2012, Chiao and Creager, 2002) need to be considered to explain the abundant
intraslab seismicity beneath Puget Sound.
On our Oregon transect, a group of bright mantle reflections are present beneath throughcutting crustal faults at distance 13-36 km from the deformation front. Coincident OBS data do
not show reduction of mantle velocities in this region compared with the plate interior (Horning
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et al., 2014) arguing against significant mantle hydration associated with these reflections.
However, the OBS data only sample the first couple kilometers beneath Moho while the mantle
reflections extend 6-7 km into the mantle, and hence the extent of mantle alteration associated
with these reflections is not well constrained. The observed mantle reflections require some
localized alteration of the mantle along the Oregon margin. In contrast to the Washington
margin, heterogeneous hydration of the uppermost mantle may contribute to subduction
dehydration process landward of the trench in this region.
6.2. Causes of the fault zone reflectivity in the crust and mantle
Our data reveal numerous dipping intra-crustal reflectors along the Oregon transect, and near
the deformation front on the Washington transect. We interpret these events as faults that
originated close to the ridge axis during the formation of the ridge flank abyssal hill topography
and that become reactivated within the plate interior and near the deformation front. While
abyssal hill faults are expected to be pervasive in the oceanic crust, at least within the upper
crust, these faults are typically transparent to MCS imaging in young crust. What then is the
origin of this intra-crustal fault plane reflectivity?
Given the composition of oceanic crust, the impedance contrast between rocks of the hanging
wall and footwall is unlikely to be large enough to account for the observed fault plane
reflectivity. Furthermore, examination of the waveform of several fault plane reflections reveals
a complex signature, suggestive of multiple interfering reflections, rather than a reflection from a
single interface (Fig. 6). Based on these considerations, we interpret the fault plane reflections as
primarily due to localized anomalous impedance arising from a fault zone of finite width. The
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high amplitude of these reflections suggests constructive interference of reflections from the
boundaries of the fault zone.
On both the Oregon and Washington transects, fault plane reflections are relatively weak and
sparse in the plate interior, but are stronger and more abundant within a few tens of kilometers
from the deformation front. We attribute these differences in reflectivity to increasing
deformation and enhanced hydrothermal alteration along fault zones toward the deformation
front. First, the plate experiences subduction-bending deformation near the deformation front,
which enhances fracturing and increases porosity within fault zones in the crust. Pressure
gradients associated with this deformation may serve as a driving force for downward pore fluid
flow through fault zones (Mancktelow, 2008; Faccenda et al, 2009), leading to a larger water
flux and greater hydrothermal alteration. Second, warm and more reactive fluids derived from
sediment dewatering may be an important source of fluids near the deformation front also
promoting enhanced hydrothermal alteration. In the plate interior, the impermeable sediment
layer above the JdF plate prevents direct seawater exchange between the ocean and the crust (e.g.
Davis et al., 1999). Although faults are present in the sediments, most do not appear to reach the
seafloor and seawater percolation through these fault zones may be limited. Instead the
reflectivity of upper crustal faults in the plate interior is likely to arise from fluid flow and
mineral alteration associated with ongoing low temperature ridge-flank hydrothermal circulation
in the upper crust (e.g. Fisher et al., 2003). Near the deformation front, as the sediment layer
thickens, temperatures and pressures within the lower sediment section increase, and water
release from compaction and clay mineral dehydration may begin (Saffer and Tobin, 2011).
Smectite is a major clay mineral that transforms into illite through a series of reactions over
temperatures ranging from 60-160˚C, releasing the interlayer water (Bekins et al., 1994). As
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estimated basement temperatures within a few tens of kilometers from the deformation front are
~225-275˚C (Hyndman and Wang, 1995), the smectite-illite transition is likely to take place in
the lower sediment section before it reaches the trench (Saffer et al., 2008). The sediment derived
water, which is warm and of low salinity, may enhance alteration reactions within fault zones
contributing to the bright seismic reflectivity. Although on the Oregon transect, there are a few
faults near the deformation front that may extend to the seafloor providing direct conduits for
seawater flow into the crust, we speculate that dewatering processes within the sediments above
the oceanic crust may provide the primary water source for near-trench crustal and mantle
hydration at Cascadia.
It is intriguing that fault plane reflectivity in the crust and mantle is not always observed
where subduction-bend faulting and alteration is documented along the global subduction zone
system. For example, at the Japan trench and Aleutian subduction zone there is clear evidence
for extensive bend faulting from seafloor bathymetry and for significantly reduced crustal and
mantle velocities in the downgoing plate, but seismic reflections from fault planes within the
crust and mantle are not detected (e.g. Fujie et al. 2013; Shillington et al. 2014). To date,
pervasive fault plane reflections in the crust and mantle have only been reported from Central
America offshore Nicaragua (Ranero et al., 2003). Although there is extensive MCS coverage
along the southern Chile margin, only one reflective crustal fault has been detected (Grevemeyer
et al., 2005). At Nankai Trough in the area of the Kumano Basin (Tsuji et al., 2009; 2013),
reflective faults are imaged in the crust and uppermost mantle of the downgoing plate near the
deformation front, but these faults are thrust faults. Why crustal faults in only a few margins are
seismically reflective is unclear. We note that in all locations where reflective crustal and mantle
faults are found (Nicaragua, Cascadia, Nankai), the downgoing plates are relatively young with
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medium to thick sediment cover. In these places, circulating fluids may be warmer with some or
all of the fluids sourced from sediment dewatering. The warm fluids may be more reactive than
cold seawater, producing enhanced alteration along fault zones, giving rise to the observed
crustal and mantle reflectivity.
6.3. Origin of lower crustal ridgeward dipping reflectors
Lower crustal reflections (LCR) that appear ~1000-1100 ms beneath the basement, dip
consistently towards the mid-ocean ridge, and merge into Moho reflections at an angle of ~3040˚ are imaged in 6-8 Ma old crust along both our Oregon and Washington transects (Fig. 2, 4,
5). Where these reflections are observed, the crust is characterized by relatively smooth
basement, a highly reflective Moho, and close to uniform crustal thickness. Although the upper
crust above these events is densely faulted as indicated by small offsets in basement and the
presence of faint reflectivity from fault planes in the upper crust, the ridgeward-dipping LCRs do
not connect to these basement offsets or upper crustal reflectors. Rather, they appear to initiate at
or below subhorizontal reflections in the mid crust, they extend through the lower crust at low
dip angles and terminate at Moho with no evidence for offsets in the Moho reflection. Based on
these characteristics, it is unlikely that these LCRs arise from brittle fault zones in the lower
crust.
LCRs with very similar characteristics have been reported previously in old oceanic crust of
Cretateous age in the NW Pacific off Japan (Ranero et al., 1997; Reston et al., 1999; Kodaira et
al., 2014), in 30 Ma old crust offshore Alaska (Becel et al., 2012), and in ~ 10-85 Ma old crust
east of Hawaii (Eittriem et al., 1994). In all of these regions, oceanic crust was generated at fast
to super-fast spreading ridges. Two primary hypotheses have been proposed for the origin of
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these ridgeward-dipping LCRs. The first is that they arise from lithological layering resulting
from the downward and outward flow of material within mid-ocean ridge magma chambers
during crustal formation (e.g. Phipps Morgan and Chan, 1993; Henstock et al., 1993). The
second hypothesis is that these LCRs reflect shear zones created by sub-crustal basal drag when
uppermost mantle flow exceeds the rate of crustal formation, which may occur under conditions
of active upwelling mantle (Reston et al., 1999). Ranero et al. (1997) and Reston et al. (1999)
favored the lithological layering hypothesis, as the LCRs they imaged do not appear to display
the upward flattening predicted by the shear zone hypothesis. However, this hypothesis does not
readily account for the discrete spacing of the LCRs but rather predicts a pervasive fabric in the
lower crust. Recent observations of Kodaira et al. (2014) provide new support for the shear zone
hypothesis. In a region of ridgeward dipping LCR crust, Kodaira et al. observe anomalously
large seismic anisotropy in the uppermost mantle, which they attribute to mantle flow that is
faster than plate motion. They propose that the dipping reflections in the lower crust are shear
zones formed in response to basal drag forces associated with the faster flowing mantle below.
Our observations provide new constraints on the origin of these distinctive reflections in that
(1) we show for the first time that these LCRs can also form in crust generated at intermediatespreading rates; and (2) the presence of these events in same-age crust in regions located 300 km
apart provides strong evidence that these features reflect accretionary processes at the JdF Ridge
rather than localized post-accretion processes within the plate interior. That these events are only
observed in crust of 6-8 Ma in age, and not in crust of all ages, suggests that non-steady state
accretionary processes are associated with LCR formation.
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Temporal variations in accretionary processes could be linked to the Cobb hotspot and its
changing proximity to the ridge axis through time. Cobb hotspot, which is currently located
beneath or close to Axial Volcano, is a stationary melt anomaly possibly confined to the upper
mantle without the isotopic characteristics usually associated with deep mantle plumes (Desonie
and Duncan, 1990). During the period of LCR formation (6-8 Ma) the Cobb hotspot was located
90-130 km from the ridge axis (Karsten and Delaney, 1989; Desonie and Duncan, 1990), too far
for this melt anomaly to significantly influence the ~100 km wide ridge axis centered melting
regime (Ito and Lin, 2003). Furthermore, as the JdF ridge has migrated to the northwest toward
the hotspot, the influence of Cobb on the ridge-axis regime is expected to have progressively
increased with decreasing crustal age, yet LCRs are only observed for the 6-8 Ma time period.
Non-steady-state accretionary processes could be linked to the well-documented changes in
the motion of the JdF plate over the past 40 Ma including two ~10° clockwise rotations relative
to North America that occurred at ~5.89 and 8.5 Ma (Wilson et al., 1984; 1988; 1993). These
two plate rotation events bound the time period of LCR formation. Spreading rates remained
about uniform throughout these plate reorganizations, and well within the intermediate rate range
(half spreading rate range calculated from Wilson, (1993) for the past 9 Ma are 27.5-29.0 mm/yr
and 26.6-29.4 mm/yr at the current latitudes of Endeavour Ridge and Axial Volcano
respectively). The time period of LCR formation also roughly correlates with a regional late
Miocene unconformity (6-7.5 Ma) that is widely observed in the forearc basins of central
Cascadia (McNeil et al., 2000). McNeil et al. (2000) propose that this unconformity formed by
tectonic uplift resulting from the rotation of the Pacific and JdF plates relative to the North
America plate, and possible eustatic sea-level fall that resulted in global hiatus NH6. We
speculate that these plate reorganizations were associated with periods of anomalous mantle
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melting or less efficient mantle melt delivery into the crust with the sub-ridge asthenosphere
moving faster than the crust, thus giving rise to shear in the ductile lower crust and forming the
LCRs as proposed by Kodaira et al (2014).
Although our observations suggest LCRs form near the spreading center as a result of nonsteady state processes associated with mantle melt delivery, it is possible that the seismic
reflectivity of these events is later enhanced by hydrothermal alteration (e.g. Hallenborg et al.,
2003). The upper crust above these LCRs is densely faulted, and we do observe fault plane
reflections reaching close to the LCRs at a few locations. We speculate that water percolating
through these faults may reach the lower crust and become channelized along the LCR as local
zones of heterogeneity, leading to enhanced alteration, which may further illuminate these
events.
7. Conclusions
Two MCS transects across the JdF plate confirm previous inferences of pervasive faulting
within this plate up to 200 km from the deformation front. Combining information from the
initiation of plate bending, spatial variations in the density and throw of faults in the sediments,
and in crustal and mantle reflectivity, we conclude that faulting due to subduction bending is
confined to a region 50-60 km wide offshore Oregon and ~45 km wide offshore Washington.
Other mechanisms such as complex intra-plate stresses (Wang et al., 1997) and/or differential
compaction (e.g. Caver, 1968) are needed to account for faulting further in the plate interior.
MCS images from the Washington transect near the deformation front show that bending
faults are confined to the upper to middle crust, and there is no evidence for faults offsetting the
Moho. Thus significant hydration of the uppermost mantle through bend faulting is unlikely in
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this region. Previous studies have attributed the abundant intraslab seismicity beneath
Washington to dehydration embrittlement in serpentinized upper mantle of the downgoing plate.
Our observations argue against pervasive serpentinization in the slab mantle beneath Washington
and suggest mechanisms other than dehydration embrittlement need to be considered. In contrast
to the Washington margin, highly reflective bend faults that transect the entire crust, offset Moho
and extend 6-7 km beneath Moho are inferred on our Oregon transect. Although these mantle
reflections may be a local anomaly and pervasive mantle hydration may not be present at the
Oregon margin, the heterogeneous hydration of mantle may affect the dehydration process
landward of the trench and the composition of arc magma.
Fault plane reflections are sparse and weak in the plate interior but are bright and abundant
near the deformation front on both of our transects. We attribute this trenchward increase of
crustal/mantle reflectivity to increased porosity and greater pressure gradient induced pore fluid
flux in the fault zones due to active bending, as well as the presence of additional fluid sources
associated with sediment dewatering. Although there is evidence for significant bend faulting
and crustal/mantle alteration at many subduction zones, reflective faults in the downgoing
oceanic plate are only observed at a few locations (Cascadia, Central American Trench offshore
Nicaragua, Nankai). In all of these regions, the downgoing plate is young with intermediate to
thick sediment cover. We speculate that fluids circulating along fault zones within the oceanic
plate at these subduction zones are warm and more reactive, promoting greater alteration that
leads to seismically reflective fault zones.
A series of distinct, low angle, ridgeward dipping lower crustal reflections are found in
approximately same age crust (6-8 Ma old) along both the Washington and Oregon transects.
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These structures are present in crust with a bright and near continuous Moho reflection and low
relief basement topography and are very similar to features previously observed in fast spread
crust. We attribute these structures to ductile shear zones in the lower crust that formed due to
anomalous accretionary processes at the JdF ridge during this time period. The period of
formation of LCR crust is bound by two clockwise rotations of the JdF plate at 8.5 Ma and 5.89
Ma. Non-stationary upwelling of the mantle or less efficient mantle melt delivery to the crust
associated with these plate reorganizations may have led to faster motion of the sub-ridge
asthenosphere and formation of shear zones (LCRs) in the crust above.

105

Reference
Arnulf, A. F., A. J. Harding, G. M. Kent, S. M. Carbotte, J. P. Canales, and M. R. Nedimović (2014),
Anatomy of an active submarine volcano, Geology, 48(8), 655–658, doi:10.1130/G35629.1.
Aghaei, O., M. R. Nedimović, H. Carton, S. M. Carbotte, J. P. Canales, and J. C. Mutter (2014), Crustal
thickness and Moho character of the fast-spreading East Pacific Rise from 9°42′N to 9°57′N from
poststack-migrated 3-D MCS data, Geochem. Geophys. Geosyst., 15, 634–657
Atwater BF, Hemphill-Haley E. 1997. Recurrence intervals for great earthquakes of the past 3,500 years
at northeastern Willapa Bay,Washington. U.S. Geol. Surv. Prof. Pap., vol. 1576, 108 pp.
Audet, P., M. G. Bostock, D. C. Boyarko, M. R. Brudzinski, and R. M.Allen (2010), Slab morphology in
the Cascadia forearc and its relation toepisodic tremor and slip, J. Geophys. Res., 115, B00A16
Bangs, N. L., T. H. Shipley, S. P. S. Gulick, G. F. Moore, S. Kuromoto, and Y. Nakamura, Evolution of
the Nankai trough decollement from the trench into the seismogenic zone: Inferences from threedimensional seismic reflection imaging, Geology, 32, 273-276, 2004
Becel, A.; Shillington, D.J.; Nedimović, M.R.; Kuehn, H.; Webb, S.C.; Holtzman, B.K. Seismic structure
of the North Pacific oceanic crust prior plate bending at the Alaska subduction zone. Eos,
Transactions, AGU Fall Meeting. Abstract T13G-2702.
Bekins BA,McCaffrey AM, Dreiss SJ. 1994. The influence of kinetics on the smectite to illite transition
in the Barbados accretionary prism. J. Geophys. Res. 99:18147–58
Billen, M. I., E. Cowgill, and E. Buer. Determination of Fault Friction from Reactivation of Abyssal-Hill
Faults in Subduction Zones, Geology, 35(9), 819-822, 2007
Bodine, J.H. M.S. Steckler, A.B. Watts Observations of flexure and the rheology of the oceanic
lithosphere Journal of Geophysical Research, 86 (1981), pp. 3695–3707
Bohnenstiehl, D.R. and S.M. Carbotte, Faulting patterns near 19°30’S on the East Pacific Rise: Fault
formation and growth at a superfast-spreading center, Geochemistry, Geophysics, Geosystems, vol 2,
Sept. 5, 2001.
Bostock, M.G., Hyndman, R.D., Roodenay, S. & Peacock, S.M., 2002. An inverted continental Moho and
serpentinization of the forearc mantle, Nature, 417, 536 – 538
Brocher, T. M., T. Parsons, A. M. Trèhu, C. M. Snelsom, and M. A. Fisher (2003), Seismic evidence for
widespread serpentinized forearc upper mantle along the Cascadia margin, Geology, 31, 267–270.
Brudzinski, M. R., and R. M. Allen (2007), Segmentation in episodic tremor and slip all along Cascadia,
Geology, 35, 907–910.
Carbotte, S.M. and K.C. Macdonald, Comparison of sea floor tectonic fabric created at intermediate, fast
and super fast spreading ridges: Influence of spreading rate, plate motions, and ridge segmentation on
fault patterns, J. Geophys. Res., 99, 13,609-13,633, 1994.

106

Carbotte, S. M., M. R. Nedimović, J. P. Canales, G. M. Kent, A. J. Harding, and M. Marjanović (2008),
Variable crustal structure along the Juan de Fuca Ridge: Influence of on-axis hot spots and absolute
plate motions, Geochem. Geophys. Geosyst., 9, Q08001, doi:10.1029/2007GC001922
Carbotte, SM., J Canales, HD Carton, MR Nedimović, S Han, M Marjanovic, JC Gibson, HA
Janiszewski, G Horning, M Delescluse, L Watremez, A Farkas, B Biescas Gorriz, G Bornstein, LB
Childress, B Parker (2012), Evolution and hydration of the Juan de Fuca crust and uppermost mantle:
a plate-scale seismic investigation from ridge to trench, AGU 2012 Fall Meeting
Carbotte, S. M. (2014). Multi-Channel Seismic Shot Data from the Cascadia Subduction Zone acquired
during the R/V Marcus G. Langseth expedition MGL1211 (2012). Integrated Earth Data
Applications (IEDA). doi:10.1594/IEDA/319000
Carver, R.E. (1968) Differential compaction as a cause of regional contemporaneous faults. AAPG Bull.,
52, 414–419
Chiao, L. Y., and K. C. Creager (2002). Geometry and membrane deformation rate of the subducting
Cascadia slab, in The Cascadia subduction zone and related subduction system—Seismic structure,
intraslab earthquakes and processes, and earthquake hazards, S. Kirby, K. Wang, and S. Dunlop
(Editors), U.S. Geol. Surv. Open-File Rept.02-328, 47–54.
Choo, J., Downton J, and Dewar J, (2004), Lift: a new and practical approach to noise and multiple
attenuation, First Break, 22, 39–44.
Contreras-Reyes, E., I. Grevemeyer, E. R. Flueh, M. Scherwath, and M. Heesemann (2007), Alteration of
the subducting oceanic lithosphere at the southern central Chile trench–outer rise, Geochem.
Geophys. Geosyst., 8, Q07003, doi:10.1029/2007GC001632
Contreras‐Reyes, E., and A. Osses (2010), Lithospheric flexure modeling seaward of the Chile trench:
Implications for oceanic plate weakening in the Trench Outer Rise region, Geophys. J. Int., 182, 97–
112
Contreras-Reyes, E., Grevemeyer, I., Watts, A.B., Flueh, E.R., Peirce, C., Moeller, S., Papenberg, C.,
2011. Deep seismic structure of the Tonga subduction zone: implications for mantle hydration,
tectonic erosion, and arc magmatism. J. Geophys. Res. B: Solid Earth 116. B10103
Cordsen, A., Galbraith, M., Peirce, J., 2000. Planning land 3-D seismic surveys. Society of Exploration
Geophysicists, Tulsa
Creager, K.C., L.A. Preston, R.S. Crosson, T. Van Wagoner, A.M. Tréhu, and the SHIPS98 working
group, Three-dimensional reflection image of the subducting Juan de Fuca Plate, in The Cascadia
Subduction Zone and Related Subduction Systems, edited by S.H. Kirby, K. Wang, and S.G.
Dunlop, pp. 37–42, U.S. Geological Survey Open-File Report 02–328, Geological Survey of Canada
Open File 4350, 2002
Davis, E.E., and R.D. Hyndman, Accretion and recent deformation of sediments along the northern
Cascadia subduction zone, Geo. Soc. Amer. Bull., 101, 1465– 1480, 1989
Davis, E. E., D. S. Chapman, K. Wang, H. Villinger, A. T. Fisher, S. W. Robinson, J. Grigel, D. Pribnow,
J. Stein, and K. Becker (1999), Regional heat flow variations across the sedimented Juan de Fuca

107

Ridge eastern flank: Constraints on lithospheric cooling and lateral hydrothermal heat transport, J.
Geophys. Res., 104(B8), 17675–17688
Desonie, D. L., and R. A. Duncan (1990), The Cobb-Eickelberg seamount chain: Hotspot volcanism with
mid-ocean
ridge
basalt
affinity,
J.
Geophys.
Res.,
95,
12,697
–
12,711,
doi:10.1029/JB095iB08p12697.
Eittreim, S. L., H. Gnibidenko, C. E. Helsley, R. Sliter, D. Mann, and N. Ragozin, Oceanic crustal
thickness and seismic character along a central Pacific transect, J. Geophys. Res., 99, 3139–3145,
1994.
Faccenda, M., Gerya, T.V., Burlini, L., 2009. Deep slab hydration induced by bendingrelated variations in
tectonic pressure. Nat. Geosci. 2, 790–793.
Faccenda, M., Water in the slab: A trilogy, Tectonophysics 614 (2014) 1–30
Fisher, A.T., Davis, E.E., Hutnak, M., Spiess, V., Zü hlsdorff, L., Cherkaoui, A.S.M., Christiansen, L.,
Edwards, K., MacDonald, R., Villinger, H., Mottl, M.J., Wheat, C.G., Becker, K., 2003.
Hydrothermal recharge and discharge across 50 km guided by seamounts on a young ridge flank.
Nature 421, 618–621
Fujie, G., Kodaira, S., Yamashita, M., Sato, T., Takahashi, T., Takahashi, N., 2013. Systematic changes
in the incoming plate structure at the Kuril trench. Geophys. Res. Lett. 48, 88–93.
Gerdom, M., Tréhu, A.M., Flueh, E.R., and Klaeschen, D., 2000, The continental margin off Oregon from
seismic investigations: Tectonophysics, v. 329, p. 79–97
Gibson JC , S M Carbotte, S Han, MR Nedimović, JP Canales and H Carton, Analysis of Faulting and
Sediment Velocity Characteristics Outboard of the Cascadia Deformation Front from Multi-Channel
Seismic Data, T51B-4614, Eos, Transactions, AGU Fall Meeting 2014.
Goldfinger C, Nelson CH, Johnson JE, Shipboard Scientific Party. 2003. Holocene earthquake records
from the Cascadia Subduction Zone and northern San Andreas Fault based on precise dating of
offshore turbidites. Annu. Rev. Earth Planet. Sci. 31:555–77
Grevemeyer, I., Kaul, N., Diaz-Naveas, J.L., Villinger, H.W., Ranero, C.R., Reichert, C., 2005. Heat flow
and bending-related faulting at subduction trenches: case studies offshore of Nicaragua and Central
Chile. Earth Planet. Sci. Lett. 236, 238–248.
Hacker, B.R., Peacock, S.M., Abers, G.A., Holloway, S.D., 2003. Subduction factory 2. Are intermediatedepth earthquakes in subducting slabs linked to metamorphic dehydration reactions? J. Geophys.
Res. 108, 2030–2046.
Hallenborg, E., A. J. Harding, G. M. Kent, and D. S. Wilson (2003), Seismic structure of 15 Ma oceanic
crust formed at an ultrafast spreading East Pacific Rise: Evidence for kilometer-scale fracturing from
dipping reflectors, J. Geophys. Res., 108, 2532
Hey, R. N. (1977), A new class of pseudofaults and their bearing on plate tectonics: A propagating rift
model, Earth Planet. Sci. Lett., 37, 321–325

108

Henstock, T.J., Woods, A.W., White, R.S., 1993. The accretion of oceanic-crust by episodic sill intrusion.
Journal of Geophysical Research-Solid Earth 98, 4143-4161.
Horning G, Canales JP, Carbotte SM, Nedimović MR, Carton H, Crustal structure and evolution of the
southern Juan de Fuca plate from wide-angle seismic data: Insights into the hydration state of the
incoming plate off Cascadia subduction zone, T51B-4616, Eos, Transactions, AGU Fall Meeting
2014.
Hyndman, R.D.,Wang, K., 1995. The rupture of Cascadia great earthquakes from current deformation and
thermal regime. J. Geophys. Res. 100, 22133–22154
Hyndman, R.D., Peacock, S.M., 2003. Serpentinization of the forearc mantle. Earth Planet. Sci. Lett. 212,
417–432.
Hyndman, R. D. (2007), The seismogenic zone of subduction thrust faults: What we know and don't
know, in The Seismogenic Zone of Subduction Thrust Faults, edited by T. H. Dixon, and J. C.
Moore, pp. 15–35, Columbia Univ. Press, New York.
Ivandic, M., Grevemeyer, I., Berhorst, A., Flueh, E.R.,McIntosh, K., 2008. Impact of bending related
faulting on the seismic properties of the incoming oceanic plate offshore of Nicaragua. J. Geophys.
Res. 113. B05410, doi:10.1029/2007JB005291
Ito, G., J. Lin and D. Graham, Observational and theoretical studies of the dynamics of mantle plumemid-ocean ridge interaction, Review of Geophysics, 41(4), 1017, doi:10.1029/2002RG000117, 2003
Kao, H., K. Wang, R.-Y. Chen, I. Wada, J. He, and S. D. Malone (2008). Identifying rupture plane of the
2001 Nisqually, Washington, earthquake, Bull. Seismol. Soc. Am. 98, 1546–1558.
Karsten, J. L., and J. Delaney (1989), Hotspot-ridge crest convergencein the northeast Pacific, J.
Geophys. Res., 94, 700–712, doi:10.1029/JB094iB01p00700
Kent, G.M. R.S. Detrick, S.A. Swift, J.A. Collins, I.I. Kim, Evidence from Hole 504B for the origin of
dipping events in oceanic crustal reflection profiles as out-of-plane scattering from basement
topography, Geology 25 (1997) 131– 134.
Kirby, Stephen H., Stein, Seth, Okal, Emile A., and Rubie, David C., Metastable mantle phase
transformations and deep earthquakes in subducting oceanic lithosphere. Rev. Geophys. 34 (2), 261306 (1996).
Kobayashi, K., M. Nakanishi, K. Tamaki, and Y. Ogawa (1998), Outer slope faulting associated with the
western Kuril and Japan trenches, Geophys. J. Int., 134(2), 356–372, doi:10.1046/j.1365246x.1998.00569.x.
Kodaira, S., Fujie, G., Yamashita, M., Sato, T., Takahashi, T., Takahashi, N., 2014. Seismological
evidence of mantle flow driving plate motions at a palaeospreading centre. Nat. Geosci. 7, 371e375.
Larner, K., Chambers, R., Yang, M., Lynn, W., and Wai, W., 1983, Coherent noise in marine seismic
data: Geophysics, 48, 854-886.
Lefeldt, M., Grevemeyer, I., Goßler, J., Bialas, J., 2009. Intraplate seismicity and related mantle hydration
at the Nicaraguan trench outer rise. Geophys. J. Int. 178, 742–752.

109

Macdonald, K. C., P. J. Fox, R. T. Alexander, R. Pockalny, P. Gente, Volcanic growth faults and the
origin of Pacific abyssal hills, Nature, 380, 125–129, 1996
Mancktelow, N.S., 2008. Tectonic pressure: theoretical concepts and modelled examples. Lithos 103,
149–177.
Masson, D.G., 1991. Fault patterns at outer trench walls. Mar. Geophys. Res. 13, 209–225.
McCrory, P. A., J. L. Blair, F. Waldhauser, and D. H. Oppenheimer (2012), Juan de Fuca slab geometry
and its relation to Wadati-Benioff zone seismicity, J. Geophys. Res., 117, B09306,
doi:10.1029/2012JB009407.
McNeill, L.C., Goldfi nger, C., Kulm, L.D., and Yeats, R.S., 2000, Tectonics of the Neogene Cascadia
forearc basin: Investigations of a deformed late Miocene unconformity: Geological Society of
America Bulletin, v. 112, p. 1209–1224
Nedimović, M. R., S. M. Carbotte, A. J. Harding, R. S. Detrick, J. P. Canales, G. M. Kent, M. Tischer, J.
B. Diebold, and J. M. Babcock (2005), Frozen subcrustal magma lenses, Nature, 436, 1149–1152,
doi:10.1038/nature03944.
Nedimović, M. R., D. R. Bohnenstiehl, S. M. Carbotte, J. P. Canales, and R. P. Dziak (2009), Faulting
and hydration of the Juan de Fuca plate system, Earth Planet. Sci. Lett., 284, 94–102,
doi:10.1016/j.epsl.2009.04.013
Parsons, B. & Sclater, J.G., 1977. An analysis of the variation of oceanic floor bathymetry and heat flow
with age, J. geophys. Res., 82, 803–827
Parsons, T., Trehu, A.M., Luetgert, J.H., Kilbride, F., Miller, K., Wells, R.E., Fisher, M.A., Christensen,
N.I., ten Brink, U.S., Flueh, E., Mooney, W.D., 1998. A new view into the Cascadia subduction zone
and volcanic arc: implications for earthquake hazards along the Washington margin. Geology 26,
199±202.
Planert, L., Kopp, H., Lueschen, E., Mueller, C., Flueh, E.R., Shulgin, A., Djajadihardja, Y.,
Krabbenhoeft, A., 2010. Lower plate structure and upper plate deformational segmentation at the
Sunda‐Banda arc transition, Indonesia. J. Geophys. Res. 115. B08107, doi:10.1029/2009JB006713,
2010
Plank, T., Kelley, K.A., Zimmer, M.M., Hauri, E.H. and Wallace, P.J. Why do mafic arc magmas contain
~4 wt% water on average? (2013) Earth and Planetary Science Letters, Frontiers Article, v. 364:
168-179.
Phipps Morgan, J., Chen, Y.J., 1993. The genesis of oceanic-crust - magma injection, hydrothermal
circulation, and crustal flow. Journal of Geophysical Research-Solid Earth 98, 6283-6297.
Preston, L. A., K. C. Creager, R. S. Crosson, T. M. Brocher, and A. M. Tréhu (2003), Intraslab
Earthquakes: Dehydration of the Cascadia Slab, Science, 302, 1197–1200
Ranero, C. R., T. J. Reston, I. Belykh, and H. Gnibidenko, Reflective oceanic crust formed at a fastspreading center in the Pacific, Geology, 25, 499– 502, 1997.
Ranero, C.R., Phipps Morgan, J., McIntosh, K., Relchert, C., 2003. Bending-related faulting and mantle
serpentinization at the Middle America trench. Nature 425, 367–373.

110

Ranero, C.R., Sallarès, V., 2004. Geophysical evidence for hydration of the crust and mantle of the Nazca
plate during bending at the north Chile trench. Geology 32, 549–552.
Reston, T. J., C. R. Ranero, and I. Belykh, The structure of Cretaceousoceanic crust of the NW Pacific:
Constraints on processes at fast spreading centers, J. Geophys. Res., 104, 629– 644, 1999.
Rogers, G. C., and R. S. Crosson (2002), Intraslab earthquakes beneath Georgia Strait/Puget Sound, in
The Cascadia Subduction Zone and Related Subduction Systems, edited by S. Kirby et al., U.S.
Geol. Surv. Open File Rep., 02-328, 65–67.
Rogers, G., and H. Dragert (2003), Episodic tremor and slip on the Cascadia Subduction Zone: The
chatter of silent slip, Science, 300, 1942–1943.
Saffer, D.M., Underwood, M.B., and McKiernan, A.W. (2008), Evaluation of factors controlling smectite
transformation and fluid production in subduction zones: Application to the Nankai Trough, The
Island Arc, doi:10.1111/j.1440-1738.2008.00614
Saffer, D. M. and H. J. Tobin, (2011), Hydrogeology and mechanics of subduction zone forearcs: Fluid
flow and pore pressure, Annu. Rev. Earth Planet Sci., 39: 157-186.
Shillington, D. J., Bécel, A., Nedimović, M. N., Kuehn, H., Webb, S.C., Geoffrey A. Abers, Keranen, K.
M., Li, J., Delescluse, M., Mattei-Salicrup, G.A., Controls on abrupt changes in faulting, hydration
and seismicity in the Alaska subduction zone, 2014, under review in Nature
Smith, M. C., M. R. Perfit, and I. R. Jonasson (1994), Petrology and geochemistry of basalts from the
southern Juan de Fuca Ridge: Controls on the spatial and temporal evolution of mid-ocean ridge
basalt, J. Geophys. Res., 99(B3), 4787–4812
Tilmann, F.J., Grevemeyer, I., Flueh, E.R., Dahm, T., Goßler, J., 2008. Seismicity in the outer rise
offshore southern Chile: indication of fluid effects in crust and mantle. Earth Planet. Sci. Lett. 269,
41–55.
Tsuji, T., Park, J.-O., Moore, G., Kodaira, S., Fukao, Y., Kuramoto, S., Bangs, N., 2009. Intraoceanic
thrusts in the Nankai Trough off the Kii Peninsula: implications for intraplate earthquakes.
Geophysical Research Letters 36, L06303.
Tsuji,T.,Kodaira,S.,Ashi,J.,Park,J.-O.,2013.Widely distributed thrust and strike-slip faults within
subducting oceanic crust in the Nankai Trough off the Kii Peninsula, Japan. Tectonophysics 600,52–
62.http://dx.doi.org/10.1016/j.tecto.2013.03.014.
Underwood, M.B., Hoke, K.D., Fisher, A.T., Davis, E.E., Giambalvo, E., Zuhlsdorff, L.,Spinelli, G.A.,
2005. Provenance, stratigraphic architecture, and hydrogeologic influence of turbidites on the midocean ridge flank of northwestern Cascadia Basin, Pacific Ocean. J. Sediment. Res. 75, 149–164.
Van Avendonk, H.J.A., Holbrook, W.S., Lizarralde, D., Denyer, P., 2011. Structure and serpentinization
of the subducting Cocos plate offshore Nicaragua and Costa Rica. Geochem. Geophys. Geosyst. 12.
Q06009,doi:10.1029/2011GC003592.
Van Keken, P.E., Hacker, B.R., Syracuse, E.M., Abers, G.A., 2011. Subduction factory 4. Depthdependent flux of H2O from subducting slabs worldwide. J. Geophys. Res. B: Solid Earth 116,
B01401, doi:10.1029/2010JB007922

111

Wang, K., He, J., Davis, E.E., 1997. Transform push, oblique subduction resistance, and intraplate stress
of the Juan de Fuca plate. J. Geophys. Res. 102, 661–674.
Watts, A. B. "Isostasy and Flexure of the Lithosphere". Cambridge University Press. 472 pp, 2001
Wilson, D.S., Hey, R.N., and Nishimura, C., 1984, Propagation as a mechanism of reorientation of the
Juan de Fuca Ridge: Journal of Geophysical Research, v. 89, p. 9215–9225.
Wilson, D.S., 1988. Tectonic history of the Juan de Fuca ridge over the last 40 million years. J. Geophys.
Res. 93, 11863–11876.
Wilson, D.S., 1993. Confidence intervals for motion and deformation of the Juan de Fuca plate, J.
Geophys. Res., 98, 16 053–16 071
Wilson, D.S., 2002. The Juan de Fuca plate and slab—isochron structure and Cenozoic plate motions. In:
Kirby, S., Wang, K., Dunlop, S. (Eds.), The Cascadia Subduction Zone and Related Subduction
Systems. U.S. Geol. Survey Open-File Report 02-328 and Geological Survey of Canada Open-File
4350, pp. 9–12.

112

Figure Captions
Figure 1. Regional map of Juan de Fuca plate and Cascada subduction zone offshore Washington
and Oregon. Crustal age shown as colored bands is superimposed over bathymetry. Light grey
bands mark the propagator wakes. Juan de Fuca ridge and Blanco transform fault are shown by
thin black lines with the name of ridge segments annotated. The deformation front of Cascadia
subduction zone is shown by barbed black line. Two thick black lines with ticks show Oregon
and Washington transects with the distance from the deformation front marked above the ticks.
The yellow bars on both transects indicate where the lower crustal ridge-ward dipping reflections
are imaged. Grey bars indicate data gaps. Grey dashed line near the deformation front shows
Line 3 of MGL1211 survey. Black short dashed line on the plate shows the seaward limit of
tensional/transtentional faults observed on Juan de Fuca plate with the white starts indicating
constraint points from Nedimović et al. (2009). The red short dashed line is the updated seaward
limit of tensional/transtentional faults with the yellow starts indicating constraint point.
Figure 2. Interpretation of multichannel seismic (MCS) images of Oregon (a) and Washington
(b) transects in time section. Features are annotated in the legend table. For Washington transect,
Line 2A and Line 2 are data collected during survey MGL1211, Line 17-3-1 is from survey
EW0207. MCS images of Line 17-3-1 from Nedimović et al. (2009) are used for the
interpretation.
Figure 3. MCS image of the westernmost fault identified from the Oregon transect (offset at
seafloor is marked) and the upper crustal dipping reflections associated with abyssal hill faults in
the plate interior.
Figure 4. MCS image of crust with lower crustal ridgeward dipping reflections on Oregon
transect.
Figure 5. MCS images of the near-trench portion of (a) Oregon transect (70 km from
deformation front) and (b) Washington transect (Line 2A, 45 km from deformation front).
Figure 6. MCS images of crustal faults (a, e) near the deformation front on Washington and
Oregon transects and the waveform of fault plane reflections from the near-offset traces on CMP
gathers (c, d, f, g). The polarity (marked by black arrows) and waveform of the fault plane
reflections are compared with the seafloor reflection (b).
Figure 7. Seafloor and basement topography after the correction of plate cooling effect of
Oregon (a) and Washignton (c) transects with cumulative number of faults (b, d) and fault throw
measured from lower sediment sections near the basement (e, f). Grey dashed lines mark the
initiation of bending as interpreted from the deviation of basement bathymetry from zero lines.
Green dashed lines and black dashed lines in (e, f) show the linear polynomial and 5th degree
polynomial best-fit curves of the fault throw data.
Figure 8. Sediment and crustal two-way travel time (TWTT) of Oregon (a,c) and Washington
(b,d) transects.
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Chapter 4 Along-trench Structural Variations of the Downgoing Juan de Fuca Plate from
Multichannel Seismic Imaging
In preparation for Journal of Geophysical Research: Solid Earth

Abstract
Cascadia subduction zone displays along-strike variation and segmentation in locking status
of the seismogenic zone, occurrence of episodic tremor and slip (ETS), distribution of intraslab
seismicity, and arc magma composition. Some of these segmentation properties have been linked
to the structure of the overriding North America plate, yet the role of the downgoing Juan de
Fuca (JdF) plate is less studied. Here we present multichannel seismic reflection images of a 400
km profile along the Cascadia margin from central Oregon to Washington. Using these data, we
investigate the segmentation of the JdF plate defined by a series of propagator wakes and how
along-strike structural variation in the downgoing plate may impact subduction zone processes.
Three propagator wakes are intersected by our transect, each associated with basement
depressions of up to 200 ms (~450-500 m), which constitute the primary topographic features
besides a 950 m high seamount on the otherwise very smooth basement (relief < 30 m). The
propagator wakes are also associated with generally non-reflective crust and one is associated
with a minor crustal thinning. The three primary plate segments defined by these propagator
wakes differ in crustal travel time with thinner crust associated with the southern and northern
segments (Segment 1 and 3; 1830±50 ms, 1880±80 ms) compared with the central Segment 2
(1940±130 ms). Further landward, segment boundaries of ETS recurrence interval and relative
timing align with the propagator traces within the subducting plate. We propose while the upper
plate structure or composition may determine the threshold of fluid pore pressure at which ETS
occur, the propagators may define barriers for ETS events that occur at the same time.
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In addition to the modest changes in crustal structure associated with the plate segmentation,
we also observe a change in structure near 45.8˚N, within Segment 2. North of this boundary, the
top of oceanic crust is almost horizontal, crustal reflections are dominantly northward dipping,
and the P-wave velocity in the lower crust is 7.05 km/s (Canales et al., 2014). South of this
boundary, the top of oceanic crust dips southward at 0.5˚, crustal reflections dip both southward
and northward, and crustal P-wave velocities are lower (6.9 km/s, Canales et al., 2014) The
region south of this boundary coincides with where the upper plate Siletz terrane extends
offshore which may contribute to the change in plate bending. The changes in crustal structure
are consistent with an increase in bend-faulting and hydration south of 45.8˚ and we propose the
higher fluid volumes carried by the JdF plate in this region may contribute to the creeping of the
megathrust beneath central Oregon.
Four previously mapped oblique strike-slip faults are associated with changes in Moho
reflection (break, travel time step, or amplitude change), indicating that they transect the entire
crust. The new observations support the interpretation that these strike-slip faults originate from
the JdF plate and propagate to the overriding North America plate (Goldfinger et al., 1997). In
addition, many small steeply dipping (dip angle > 70˚) faults are imaged of likely strike-slip
origin, thus strike-slip faults are more abundant than previously mapped from seafloor studies.
Mantle reflections are observed at two locations (each with lateral extend of 5-10 km) along our
400 km profile concentrated beneath two strike-slip faults (one within the southern propagator
wake) at 45˚N and 47.2˚N individually. We infer that mantle hydration of JdF plate is limited
prior to subduction.
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1. Introduction
It has been widely observed in global subduction zone system that subduction processes, such
as genesis of megathrust earthquakes, occurrence of episodic tremor and slip (ETS), and
production of arc magma, are not uniformly distributed, but exhibit along-strike variation or
segmentation (e.g. Brudzinski and Allen, 2007, Wannamaker et al., 2014). For example, the
locking status of the megathrust is observed to be heterogeneous with highly locked patches
imbedded within zones that are partially locked or aseismically creeping (e.g. Bilek et al., 2003,
Hyndman, 2007); the size and distribution of these highly locked patches determine the
maximum magnitude of earthquakes that can occur on the seismogenic zone. At volcanic arcs,
the composition and water content of arc magma has been observed to vary along-strike (e.g.
Carr, 1984), which directly affect the eruption rate and style of the volcanoes. Understanding the
along-strike segmentation of subduction zone processes and the factors that control them is of
great importance in both scientific advancement and for geological hazard assessment.
At Cascadia, a young and hot end-member of the global subduction system, along-strike
segmentation of different properties have been observed (Fig. 1). The locked zone along the
megathrust, as defined by the toe of the deformation front and the location of the 350˚C isotherm
inferred from thermal modeling (Hydnman and Wang, 1993), is widest offshore the Olympic
Peninsula (~110 km), narrowing to the north (offshore Vancouvour Island ~50 km) and south
(~70 km offshore central Oregon). GPS decade-scale velocities, tide gauge, and leveling uplift
rates show lower interseismic uplift along coastal central Oregon between 43˚N and 46˚N
compared with coastal Washington, southern Oregon, and northern California, indicating the
thrust beneath this region is partially creeping (Schmalzle et al., 2014). While very few
instrumentally recorded low-angle thrust earthquakes have been documented on the plate
boundary during historic times (e.g. Trehu et al., 2008), the onshore and offshore stratigraphic
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record indicate that repeated, great megathrust earthquakes have occurred over the past 3000–
7000 years (Atwater et al., 1997, Goldfinger et al., 2003). The variation in coseismic subsidence
from the paleoseismic record indicates heterogeneous coseismic slip during these great
earthquakes (Wang et al., 2013). Based on the correlation between great earthquakes and large
gravity anomalies and forearc basin, Wells et al., (2003) interpret the seven forearc basins
defined from gravity lows located in the continental shelf along Cascadia margin to represent
asperities on the Cascadia megathrust (Fig. 1). Further landward and at 25-45 km depth on the
plate interface, ETS has been observed over the entire subduction zone with three broad zones of
different recurrence intervals (14±2, 19±4, 10±2 months) from north to south (Brudzinski and
Allen, 2007). Within the downgoing slab, intraslab earthquakes are not widespread, but rather
occur mainly in three areas: at shallow depths beneath western Vancouver Island and
northwestern California, and at intermediate depths beneath Strait of Georgia–Puget Sound
(McCrory et al., 2012) (Fig 1). Further landward at the volcanic arc, arc magma composition
shows decreasing slab input from south to north. Schmidt et al. (2008) divide the arc into four
segments that correspond to distinct tectonic settings and reflect different mantle domains and
melting regimes at depth (Fig. 1).
The causes and interplay among these variations in subduction zone properties are not wellunderstood and structural variations in either or both the overriding and downgoing plates are
likely to contribute. The overriding North America plate at Cascadia subduction zone consists of
several continental terranes with different composition: the Wrangellia and Klamath terranes to
the north and south that are composed of metamorphic sedimentary and oceanic rocks (Brandon
et al., 1998; Harden, 1998), and Siletz terrane extending from 43˚ - 48˚ N that originate from
accreted basaltic rocks (McCrory and Wilson, 2013) (Fig. 1). Several authors have linked the
126

segmentation of ETS recurrence interval to these continental terranes (e.g. Brudzinsky & Allan
2007, Audet & Burgman 2014). On the other hand, structural variation and heterogeneities are
also present in the downgoing Juan de Fuca (JdF) plate. JdF plate subducts at 30-45 mm/yr from
south to north (Wilson, 1993). Plate age prior to subduction is 6-9 Ma. There are no ridge
perpendicular fracture zones transecting the Juan de Fuca plate. However, a series of prominent
V-shape propagator wakes that originate from seven major episodes of rift propagation (Wilson,
1984) transect the plate interior and define the boundaries of a series of segments of the Juan de
Fuca plate. These propagator wakes are identified from offset magnetic anomalies and reflect
ridge propagation events that have accommodated changes in plate motion over the past 40 Ma
(Wilson, 1988, 1993, 2002). Significant fracturing and rotation of crustal fabric occurs with ridge
propagation (Kleinrock and Hey, 1989; Wilson 1988) and propagator wakes are believed to be
highly fractured areas within the oceanic plate (e.g. Nedimovic et al., 2009).
To date, few studies have considered the role played by downgoing plate in the
segmentation of subduction zone processes at Cascadia. Previous seismic reflection studies
provide some coverage of the downgoing plate at the deformation front (MacKay et al., 1992,
1995, Flueh et al., 1998) but image primarily the sediment section with limited resolution of the
crust below. From these studies, decollement depth at deformation front is observed to vary
along strike with about 1 km of sediments entering the subduction zone at Oregon margin, but
zero to a few tens of meters at Washington margin (MacKay et al., 1992, Flueh et al., 1998).
Moreover, faults of the accretionary prism are dominantly seaward-verging south of 44.5˚N, but
change to landward vergence north of this boundary (MacKay et al., 1992, 1995). These
structural changes seem to spatially correlate with a group of oblique (strike 292˚) left-lateral
strike-slip faults mapped on the Oregon-Washington continental margin using side-scan sonar,
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bathymetry, and old MCS data (Appelgate 1992, Goldfinger et al., 1992, 1996a, 1996b, 1997). A
total of 9 such faults are identified and 5 of them are believed to offset both downgoing JdF plate
and the overriding North America plate, crossing the plate boundary (Goldfinger et al., 1997).
Goldfinger et al. (1997) propose that these faults result from oblique convergence of the JdF
plate. Aside from these findings in the sediment sections, the seismic reflectivity in crust and
mantle of downgoing plate prior to subduction has not been examined.
In this paper we present multichannel seismic reflection images of a 400 km line extending
along the Washington and Oregon margin from the 2012 Juan de Fuca Ridge to Trench
experiment. Our line crosses three propagator wakes with widths of 30 km, 10 km, and 23 km
individually from south to north; the age offsets across each propagator wake are 0.58 Ma,
0.10Ma, 0.83Ma (younger crust is to the south for all three cases). Of them, the middle
propagator wake is a small and short-lived offset. We image the structure of these propagator
wakes and the four segments in the downgoing plate that are defined by them. The new data
show along-strike variation in sediment thickness, basement topography, and crustal thickness.
Abundant crustal reflectivity, and mantle reflectivity beneath a propagator and a cross-crust
strike-slip fault is also observed. We discuss the origin of these along-strike variations and
segmentation in the downgoing JdF plate, in particular, the crustal and mantle reflectivity, and
their relation to plate hydration and regional segmentation at Cascadia.
2. Data and methods
The Juan de Fuca Ridge-to-Trench experiment was conducted in June-July 2012 to study the
evolution and state of hydration of the crust and shallow mantle of the JdF plate prior to
subduction at the Cascadia margin. During this experiment, multi-channel seismic (MCS) and
wide-angle ocean bottom seismometer (OBS) data were acquired along three plate-scale
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transects (Fig. 1). The two cross-plate transects extend from JdF Ridge to deformation front
offshore Oregon (Line 1) and Washington (Line 2) respectively; results from these lines are the
subject of Chapter 3. The trench-parallel line, which is the focus of this study, spans ~400 km
along the margin from 44.28˚ N -125.33˚ W to 47.83 ˚N -126.43˚W offshore Washington and
Oregon, ~ 10-15 km seaward of the deformation front and crosses the two ridge-to-trench
transects (Figs. 1, 2).
The MCS data were acquired aboard the R/V Langseth using a 6600 cubic inch airgun array
towed at a nominal depth of 9 m and fired every 37.5 m. The data were recorded with an 8-km
solid-state streamer with 636 active hydrophones towed at a nominal depth of 9 m. The positions
of sources and receivers were derived from GPS receivers deployed with the airgun source array,
streamer tailbuoy and shipboard, and using 26 compass-enhanced DigiCourse birds deployed
along the streamer. Data were recorded with a sampling rate of 2 ms for 12.28-s long records.
All field data, seismic navigation and acquisition logs are archived with the IEDA: Marine
Geoscience Data System (Carbotte et al, 2014).
The MCS data are processed in the following sequence: pseudo 3D geometry is defined to
accurately position the CMPs in 6.25 m bins to account for streamer feathering; band pass
filtering (3-7-220-250 Hz) is applied to remove cable noise, followed by trace editing, spherical
divergence correction, and resampling to 4 ms. Despiking with LIFT method [Choo et al., 2004]
is used to enhance the signal-to-noise ratio. When applying LIFT method, the data are divided
into three frequency bands and despiking is applied in each band individually. Residual signal is
extracted from the noise component and added back to the signal component. This approach
ensures good preservation of amplitude information (Aghaei et al., 2014, Becel et al., 2013). The
seafloor multiple arrives at about 6000-7600 ms along our profile obscuring the Moho and
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reflections in the oceanic crust. Radon filtering is applied to remove the seafloor multiple and
side scattering. Predictive deconvolution is applied to collapse airgun source bubble. Detailed
velocity analysis using semblance method is conducted on supergathers at 100 CMP intervals for
the sediment section and at 200 CMP intervals for crustal arrivals. A smoothed version of the
resulting 2D velocity function is used for post-stack Kirchhoff time migration (Fig. 4-7). The
post-stack time migrated image is converted to depth using a composite velocity model that
combines crustal and mantle velocities from nearby OBS studies (Gerdom et al., 2000) and
sediment velocities derived from the MCS data. From the migrated sections, seafloor, top of
basement, and Moho horizons are identified and picked with the picking uncertainties of 8 ms,
12 ms, and 16 ms respectively. Intracrustal and mantle reflections are also identified and
digitized. Locations of faults in the sediment section are determined from offsets in sediment
layers. All processing and interpretation was conducted using the Paradigm processing software
packages, Focus, Geodepth, and VoxelGeo.
Our reflection image resolution permits identification of fault-plane offsets with throws of
~2–3 m for the shallow sediments and 7-13 m near the top of oceanic crust. This resolution
corresponds with ~1/8 of the estimated dominant wavelength of our seismic signal (Cordsen et
al., 2000) assuming a dominant frequency of 60-80 Hz and 40-50 Hz for the shallow and near
basement sediments respectively. Faults widths need to exceed 25-40 m in the oceanic crust
(dominant frequency 20-30 Hz), and 45-60 m in the uppermost mantle (dominant frequency 1015 Hz) in order to be imaged.
3. Seismic Reflection Images of Along‐Strike Line
We present here the interpretive line drawing (Fig. 2) and the MCS images (Figs. 3-7) of
our profile. Results are described in terms of kilometer distance from the southernmost point of
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the line. We divide our line according to the three segments of the Juan de Fuca plate (numbered
1, 2, and 3 from south to north) bounded by the two large propagator wakes. The middle
propagator wake is a small short-lived offset (Fig. 1), which subdivides Segment 2 into Segment
2a and 2b. The dips of events discussed in this section are the apparent dips calculated from the
depth-converted MCS images, which equal the true dips of geological structures when the strikes
of these structures are perpendicular to that of the survey line.
3.1. Seafloor and sediment section
Along the profile, the seafloor depth is on average 2600±175 m below sea level (bsl) with two
shallow portions at 125-200 km (shallowest depth of 2310 m) and 350-400 km (shallowest depth
2280 m) corresponding to the central regions of the Astoria Fan and the Nitinat Fan respectively
(Fig. 2). Four submarine channels that are part of the Columbia River system are crossed by our
line and correspond with local seafloor depressions of 60 - 100 m depth (Figs. 2, 5, 6).
The sedimentary cover above the oceanic crust is on average 2360 m thick. The thickness is
high south of distance 175 km (~2530 m) and near Nitinat Fan at 350-400 km (~2500), but is low
centered above Segment 2b (~2000 m) (Fig. 8). The upper 1400-1600 m (1300-1400 ms) of the
sedimentary sequence consists of fan sediments that are highly reflective with irregular layering
at places (Figs. 5-7). Near the center of the Astoria Fan (125-200 km) the reflection amplitude of
the sediment section varies greatly with semi-transparent packages and, in places, chaotic
discontinuous reflections embedded within bright subhorizontal layers (Fig 5). The lowermost
1700-1800 m (800 -1000 ms) of the sediments are of abyssal plain origin. They are in general
well layered and are less reflective than the fan sediment sequence.
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Faults in the sediment are identified from steps, breaks, and deflection of the sediment layers.
44 faults are identified along the profile and most of them have dips steeper than 70˚ and vertical
offset less than 30 m (Fig. 2, 4). Fault density in Segment 1 (0.07 fault/km) is slightly lower than
that of Segment 2 (0.11 fault/km) and Segment 3 (0.11 fault/km); while the fault density within
the southern (0.13 fault/km) and northern propagator wakes (0.26 fault/km) are higher than that
within the segments. The most prominent faults in the sediment section are four strike-slip faults
crossed by our line: Daisy Bank fault, Wecoma fault, South Nitinat fault, and North Nitinat fault
(Fig. 4). They belong to a group of oblique left-lateral strike-slip faults with strike of 292˚ that
are previously identified from seafloor mapping and old MCS data west of our line (Goldfinger
et al., 1996, 1997) (Fig. 1). The four strike-slip faults propagate close to the seafloor and dip
steeply to the north at 86˚, 75˚, 86˚, and 80˚ individually. Of them, North Nitinat and South
Nitinat faults are associated with small disruptions at the seafloor. The vertical offset along these
faults ranges from 20-50 m and varies with depth. Breaks of sediment layers are not always
observed due to the decreasing imaging resolution with depth; rather the sediment layers usually
curve upward or downward near the fault zone. At Wecoma and North Nitinat faults, wide
damage zones with several fault planes are observed (Fig. 4).
3.2. Top of oceanic crust and Moho
The top of the oceanic crust is a strongly reflective interface along the profile (Figs. 3-7). At
long-wavelength, the basement is close to horizontal at an average depth of ~4730±140 m within
distance range 175-400 km, but dips ~0.5˚ southward south of 175 km and reaches 6000 m at the
southern end of our profile (Fig. 2). Three local basement depressions (at 75-90 km, 220-235
km, 260-300 km) with relief of up to 500 m are associated with the locations of the three
propagator wakes. One seamount 950 m high above regional basement depth is imaged at
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distance 125 km (45.4˚ N) (Figs. 2, 5). It is 18.9 km wide at its base and has a 3.2 km wide flat
top bounded by faults in the sediment (Fig. 5). At short-wavelengths, the basement is smooth
with variations in relief of less than 30 m. Variations in basement roughness between plate
Segments 1-3 are not significant.
Moho is imaged at, on average, 1900±110 ms below the basement over much of the transect
(Figs. 2, 8) with variations in crustal travel time among segments and propagator wakes.
Segment 2a and 2b have larger crustal TWTT (1920±130 ms and 2000±110 ms respectively)
than Segment 1 (1830±50 ms) and Segment 3 (1880±80 ms). While the middle propagator wake
has smaller crustal travel time (1850±60 ms) than that of adjoining segments, the southern
(1900±100 ms) and northern propagator wakes (1870±70 ms) have average crustal travel time
similar to the adjoining segment. The largest crustal TWTT along the profile (~2670 ms) is
associated with the seamount where imaged Moho is nearly flat (Figs. 5, 8). Another local crustal
TWTT high of up to 370 ms is observed at distance 225-260 km within Segment 2b. The
reflection amplitude and reflection characteristics of Moho vary along the line. In general, Moho
is bright and can be traced continuous over 30-60 km sections laterally south of 46.6˚ N (distance
range 0-260 km), but is less reflective and less continuous in the northern third of the line (Fig. 2,
5-7). In particular, Moho is especially bright in distance range 55-65 km, 140-190 km, and 210230 km, and is weak beneath the northern and southern propagators. At most places, Moho has
“shingle” appearance (Kent et al., 1994; Oghaei et al., 2014). It is also noteworthy that changes
in Moho reflections are observed beneath all four major strike-slip faults imaged in the sediment
section: Moho reflections are disrupted beneath South Nitinat fault, travel time steps of 60 ms
and 240 ms are present beneath Wecoma fault and North Nitinat fault, and Moho changes from
strongly reflective to weakly reflective beneath Daisy Bank fault.
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3.3. Intracrustal and upper mantle reflectivity
The crust on our profile shows abundant reflectivity (Figs. 2a, 5-7). As the strike of our
survey line is at low angles with that of the crustal spreading fabric and the deformation front
faults at the seafloor, some of the reflectivity may originate from out-of-plane scattering from
these structures (discussed in detail in Section 4). Only events that satisfy the following criteria
are included in Figure 2b and discussed in this section: (1) are shown as strong events on the
low-pass (2-6-12-20 Hz) filtered stack sections; (2) do not appear to be over-migrated with a
realistic crustal/mantle migration velocity; (3) do not resemble the shape of an overlying event.
The first and second criteria aim to exclude possible events from out-of plane point-source
scatterers (e.g. rough basement); the third criteria aim to exclude interbed multiples. Many
crustal events and most mantle events in Fig. 2a are excluded using these criteria (compare Fig
2a, 2b). Figure 3 shows an example of a mantle event that satisfies the above criteria and thus is
included in Figure 2b.
As shown in Fig. 2b, the crustal reflectivity varies along the profile in dominant dip direction
with clusters of antithetic events mainly in crust south of 175 km and events dipping primarily to
the north in crust north of 175 km. In Segment 1, near the southern end of the line (distance
range 0-20 km), a series of discontinuous southward-dipping events ranging from 16-36˚
accompanied by northward dipping events of 28˚ are imaged extending from upper crust to lower
crust. At distance 40 km, one event with shoaling dip is imaged (Fig. 2) that corresponds with a
sub-horizontal event imaged at 7300 ms on crossing Line 1. In Segment 2a, at distance 111-120
km, one strong dipping reflector with 20˚ dip extends from the base of the seamount to middle
crust (Figs. 2, 5). Some events with similar dips are imaged in the crust 25-30 km south of the
seamount. At distance 147-175 km, the crust displays antithetic dipping events with
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exceptionally strong reflectivity (Fig. 6). Most events are imaged from 500-1650 ms beneath the
basement. They are spaced at 1-3 km and dip both southward and northward at 25-30˚. At
distance 200-220 km, northward dipping events are observed in the middle and lower crust with
dominant dip angles of 15-25˚, while in the upper crust, a few reflections dip southward at ~25˚
are imaged. In Segment 2b, one prominent cluster of reflectivity is located at distance 230-250
km; these closely spaced events that dip ~30˚ to the north extend from near basement to ~1300
ms into the crust. In Segment 3, at distance range 340-370 km, dipping events in the upper crust
are imaged, spaced 2-4 km with dip angles of 25-30˚. A few lower crustal events with similar
dips are also imaged. At the crossing with Line 2, one of the upper crustal reflection ties with an
upper crustal fault plane reflection on Line 2 while a lower crustal reflection ties with a ridgeward dipping event on Line 2 (Fig. 2).
Events that extend beneath Moho are observed at a few of locations along the profile (Figs. 2,
7). At distance 80 km within the southern propagator wake, one event that dips 21˚ to the north is
imaged near Moho level, associated with a step in Moho two way travel time of about 250 ms
(Figs. 2, 7). Above this event, the basement also steps down ~180 ms from south to north and
several basement faults are imaged extending to the sediment section. Within Segment 2a at
distance 170 km, a stack of events is imaged 210-470 ms beneath Moho. At this location, a local
Moho depression is imaged beneath a small topography high at the basement, thus the crustal
travel time is up to 230 ms larger than the nearby crust. This stack of events have similar
appearance as the frozen magma lenses in the Moho transition zone imaged at other places at JdF
plate (Nedimovic et al., 2005) and at a few locations along our cross-plate lines (Chapter 3). In
Segment 3 near distance 330 km, where North Nitinat Fault is imaged in the sediment, steps are
observed in both basement (130 ms) and the Moho (240 ms). On the southern side of the step,
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the basement and Moho of crust at 325-339 km are dipping to the north at ~1.2˚, while the
basement and Moho of crust on the northern side of the step are near horizontal. A group of
bright southward dipping (20-22°) reflections extending 1000 ms into the uppermost mantle is
imaged beneath the Moho step (Fig. 2, 7).
4. The origin of crustal and mantle dipping events
Along our profile, many dipping events with various dips and amplitudes are imaged in the
crust and some in the uppermost mantle. In addition to point scatterers, out-of-plane scattering
may also occur from fault scarps or other linear topographic highs in the seafloor and the top of
the oceanic crust. This out of plane energy can give rise to bright dipping reflectors on 2D MCS
lines (e.g. Larner et al., 1983, Kent et al., 1997). In this section, we first calculate the possible
range of apparent dips of out-of plane scattering given plausible geologic structures and compare
them with the observed reflectivity, then discuss the potential geological origins of what we
interpret to be true reflective structures within the crust and mantle.
In the vicinity of our survey line, the seafloor is generally flat and smooth; the only linear
features that may scatter back seismic energy are the fault scarps in the accreted sediments on
and beyond the deformation front. North of 45˚N (~distance 100 km), the deformation front
begins more than 10 km from our survey line and seafloor scattering events would be predicted
to arrive at travel times later than 12.288s, the length of our record. Therefore we only calculate
the travel time from scatters on the deformation front to the southernmost 100 km of our survey
line. The dips of predicted scattering events from the deformation front are shown in Fig. 9.
There is no dipping event in the sediment or crust/mantle on the stacked image that coincides or
is in vicinity with the predicted arrival, indicating that scattering from seafloor topography at the
deformation front does not give rise to the dipping events on our line.
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Scattering from buried abyssal hill faults at the top of oceanic crust may also result in pseudodipping structures on 2D lines (e.g. Kent et al., 1997). Without 3D mapping of the basement in
this region, we do not know the location and length of these faults, but typical throws and
spacing of the faults are obtained from the two cross-plate profiles (Chapter 3). Here we assume
that the strike of these faults follow the orientation of the magnetic isochrones identified by
Wilson (1993) and use RMS velocity above the basement to calculate the travel time of scattered
energy from buried faults. This approximation assumes straight rays traveling through the
sediment and seawater layers. The strike of our survey line relative to the magnetic isochrones
varies along the length of our profile. Within each plate segment along the line, predicted dips of
side-scattered energy from basement scarps are calculated for a uniform strike direction and
horizontal distance between fault and the survey line of up to 8 km. The calculated dips are then
compared with those observed on our stack sections (Table 1). For segments 2 and 3, where the
differences between the orientation of our line and expected fault orientations are 19˚-22˚ and
23˚-27˚ respectively, predicted dips are generally steeper than the observed reflectivity, arguing
against an out-of-plane scattering origin for the reflectors. In segment 1 where the strike
difference is 0-12˚, predicted scattering from abyssal hill fault scarps show a large range of dips
that overlap with the range of dips of the observed reflectivity. Therefore we cannot rule out an
out-of-plane origin of some of the dipping events based on dip alone. However other evidence
suggests that the dipping events in this region arise from true structures in the crust. For example,
the bright shallowly dipping event at 35-45 km is associated with a weak Moho beneath it (Fig.
7). This can be explained that seismic energy is reflected back by this strong reflector, leaving
little energy to reach the Moho level.
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Table 1 Comparison of predicted and observed dip of crustal and mantle events
Strike

Crust

Crust

observed

dip

Upper

Mantle

Mantle

observed

difference

predict dip

(dt/CDP)

predict dip (dt/CDP)

dip (dt/CDP)

(dt/CDP)
Segment1

0-12˚

±0~0.76

-1.30~-0.74; 0.37-1.37

±0-1.01

~0.62

Segment2

19-22˚

±1.34~1.58

0.49-1.03; -0.95~-0.61

±1.76~2.11

N/A

Segment3

23-27˚

±1.39~1.86

0.69~1.09; -0.65~-0.60

±1.87~2.33

~-0.58

In summary, dip analysis shows out-of-plane scattering from fault scarps on the seafloor or at
the basement cannot account for the dipping events observed in segment 2 and 3. While we
cannot rule out an out-of-plane energy origin for the reflectivity in segment 1, other constraints
support these events being true reflections.
In light of the above analysis, we now consider the possible geological origin of these dipping
events. From the cross-plate lines from our survey, we observe bright reflections from normal
faults within the crust near the deformation front, which are likely reactivated abyssal hill faults
(Chapter 3). We first test the hypothesis that the majority of dipping events in the crust on our
along-trench line are reflections from abyssal hill faults. We calculate the apparent dips of
abyssal hill faults on our line using equation 1 for a range of assumed true dips of the faults from
40˚ to 80˚.

tan α = tan δ sin β

(1)

in which α is the apparent dip, δ is the true dip, β is the strike difference between our profile
and the fault.
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As shown in Fig.10, the dip range of crustal reflections in segment 1 overlaps with predicted
dips for abyssal hill faults with true dips of 60-80˚. In segment 2, the observed dip range fits
well with abyssal hill faults with 40-60˚ dips. In segment 3, the observed dip range fits best with
abyssal hill faults that dip at 50˚. So in general, the dips of the observed reflectivity can be
explained by reflections from abyssal hill faults.
The two cross-plate lines that intersect Line 3 provide further constraints on the origin of the
crustal reflectors. Along Line 1 the faults imaged in the crust near the deformation front have
dips of 45-55˚ (Chapter 3). Considering the simplification in our calculation, i.e. the use of RMS
velocity to calculate ray path travel times and the assumption of single strike of the fault at the
basement, these faults can plausibly give rise to the dipping events of segment 1 along Line 3.
However, on our Line 2, the upper crustal faults that are observed dip steeply at 60-70˚, larger
than the 50˚ dip calculated above. At the line 2-3 crossing, an upper crustal fault is imaged in
both lines that dips seaward at 65˚ on Line 2 and 18˚ northward on Line 3. From these angles we
infer a fault plane that strikes 8˚ in the clockwise direction (instead of 23-27˚ strike difference
between isochrones and the survey line) with the survey line and dips 66˚ seaward. This fault
may be a newly formed bending fault that is sub-parallel to the deformation front. Also on Line
2, a group of ridgeward dipping events with dips of 30-40˚ are observed in the lower crust
(Chapter 3). One of these events is crossed by both lines, dipping seaward at 36˚ on Line 2 and
26˚ northward on Line 3. The calculated plane of this event strikes 15˚ in the clockwise direction
with respect to the nearby isochrones and has a true dip of 37˚. The lower crustal ridgeward
dipping events are interpreted as shear zones in the crust caused by fast mantle flow near the
ridge. The different strike of this event from the spreading direction recorded by the magnetic
isochrones may reflect mantle flow at a certain angle with the spreading direction, which may
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relate to the plate reorganization documented from magnetic isochrones at these crustal ages
(see Chapter 3; Wilson, 1993).
At the two locations at distance 80 km and 340 km where mantle reflections are observed,
steeply dipping faults are imaged in the sediment section, steps in travel time to both basement
and the Moho are observed, and the crust block to both sides of the near-vertical faults have
different dips. Therefore the faults in the sediments likely transect the crust and extend into the
uppermost mantle. While the fault dips in the crust are about 70-80˚ as inferred from fault dips in
the sediment, the mantle events are dipping shallowly (20-22˚). Therefore the bright mantle
events are unlikely to be reflections from the fault plane. Rather, their sub-perpendicular dip with
respect to the fault planes in the crust suggest they may arise from an alteration front (e.g.
Minshull et al., 1998) resulting from upper mantle hydration through the crustal faults.
5. Discussion
5.1 Along‐strike structural variation of Juan de Fuca plate prior to subduction
Our 400 km long trench-parallel MCS profile enables us to examine the structure of
propagator wakes that may be significant heterogeneities within the oceanic plate (e.g. Hey,
1977, Kleinrock and Hey, 1989) and the along-strike variation of the segments of the JdF plate
bounded by these propagator wakes. On the MCS images, all three propagator wakes are
associated with basement depressions of up to 200 ms (~450-500 m), which constitute the
primary topographic anomalies along the line besides the seamount on the otherwise very
smooth basement (Figs. 2, 7). Within the sediment section above the southern and northern
propagator wakes, faults associated with small offsets at the basement are relatively densely
spaced in comparison to the rest of the line (Fig. 2). The Moho reflection beneath the propagator
wakes is weak and discontinuous. Furthermore, coincident OBS data along our line shows
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reduction of crustal P-wave velocity in the propagator wakes, which indicates increased porosity
and/or alteration in the crust of these regions (Canales et al., 2014). These observations imply
that the propagator wakes are more densely faulted than normal oceanic crust. However, the
crust and mantle in the propagator wake zones are in general less reflective than adjoining crust.
The only event that we interpret to be true structure is the dipping event near Moho level at
distance 80 km within the southern propagator wake. Other reflectivity present within the three
propagator wakes are over-migrated using typical crustal velocities or lack low frequency
component, and therefore are likely to arise from out-of-plane scattering from the nearby
basement (Fig. 2a, 2b). On the cross-plate transect Line 1, which has the optimal strike to avoid
out-of-plane scattering, one 65 km wide propagator wake is crossed with no reflective events
imaged (Chapter 3). As reflectivity associated with faults in the crust and mantle is mainly
caused by increased porosity and alteration along the fault plane, that we do not observe fault
plane reflections in propagator wake regions may indicate that the faults within the crust/mantle
there are too steep to be imaged or the impedance anomaly along the fault planes is not large
enough to be detected by our MCS data. It is also possible that pervasive fracturing rather than
localized faulting is the dominant form of deformation within these propagators. Depending on
the scales of pervasive fracturing and the amount of alteration, it may not result in reflective
interfaces.
It is noteworthy that further landward, the segments boundaries of ETS recurrence interval
and relative timing (Brudzinski & Allan, 2007) lie close to the propagator traces within the
subducting plate (Fig. 1). From a catalog covering ETS events from 1990 to 2006, Brudzinski
and Allen (2007) defined two major boundaries at 42.8˚N and 47.5˚N that separate events with
recurrence intervals of 14±2 months, 19±3 months, and 10±2 months from north to south. As the
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three major segments correlate with the extent of Wrangellia, Siletz, and Klamath terranes in the
upper plate (Fig. 1), Brudzinski and Allen (2007) propose that these continental blocks may be
responsible for the different ETS recurrence interval by controlling the fluid pore pressure along
the plate interface, which is believed to be closely related to ETS genesis (Schwartz and
Rekonsky, 2007, Beroza and Ide, 2010). Audet and Burgmann (2014) observe that the Vp/Vs of
the overlying forearc crust, which, they propose is inversely related to its silica enrichment, is
linearly correlated to the average recurrence time of ETS, supporting the “upper plate control”
hypothesis. Within the northern and middle major segments, while the average recurrence
intervals of ETS are similar, the timing of ETS events shows variation with location, thus
defining a second order segmentation (Fig. 1, Brudzinski and Allen, 2007). We notice that all six
boundaries of ETS segments are in vicinity of the propagator wakes in the subducting plate
defined by Wilson 2002, suggesting that downgoing plate structure also plays a role in ETS
segmentation. As pore fluid pressure at the plate interface is believed to play a key role in ETS
generation (Schwartz and Rekonsky, 2007, Beroza and Ide, 2010), the anomalous structure at
propagator wakes, including the relative large basement topography with respect to the generally
smooth top of the downgoing plate, the different fabric strike within the propagator wake from
that within the segment interior, the potentially different porosity and permeability structure
inherited from fracturing and hydrothermal alteration, may result in different plate coupling at
the propagators from the plate interior, compartmenting the plate interface into independent
zones with different pore fluid pressures through time. While the upper plate structure or
composition may determine the threshold of fluid pore pressure at which ETS occur (Brudzinski
and Allen, 2007; Audet and Burgmann, 2014), the propagators may define barriers for ETS
events to occur at the same time over a large region. This process may be analogous, but on a
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smaller scale, to the process of earthquake rupture termination at subducting fracture zones
observed in Peru (Robinson et al., 2006).
Besides this segmentation defined by propagator wakes, a significant boundary in crustal
structure is inferred near 45.8˚N (distance 175 km) from changes in a number of crustal
properties: (1) the top of oceanic crust is near horizontal north of 45.8˚N, but dips 0.5˚ southward
south of it. (2) South of 45.8˚N, dipping events in the crust that we interpret as fault plane
reflections extend from upper crust to lower crust and dip both southward and northward; north
of 45.8˚, the interpreted fault plane reflections are mostly observed in the upper to middle crust
and dominantly dip to the north. (3) Coincident OBS data show that P-wave velocities within the
lower crust are lower (on average 6.9 km/s) south of the 45.8˚N compared with to the north
(above 7.05 km/s)(Canales et al., 2014), which can be explained by enhanced porosity and
alteration resulting from faulting. These differences in crustal reflectivity and velocity structure
indicate more abundant and deep-cutting faults and greater crustal alteration to the south and are
consistent with observations described in Chapter 3 of greater subduction bend faulting along the
Oregon transect.
What gives rise to these changes across 45.8˚N? This location is close to where the Siletz
terrane extends offshore near 46˚N (McCrory and Wilson, 2013). Trehu et al (2013) propose that
the change in dip of the downgoing plate offshore Oregon is linked to the presence of the basaltic
Siletz terrane which contributes to depress the downgoing plate. Moreover, due to the change of
orientation of the deformation front from Oregon to Vancouver Island, the slab exhibits an
arching structure beneath northern Washington that leads to a shallow 10˚ plate dip in this region
to a depth of about 50 km (e.g. Creager et al., 2002), whereas plate dips beneath Vancouver
Island (~18˚, Davis and Hyndman, 1989) and beneath central Oregon (~16˚, Gerdom et al., 2000)
143

are steeper. The increase in plate bending presumably accounts for the greater subduction bend
faulting and related alteration along the Oregon margin inferred from our seismic observations. It
has been observed from geodetic studies (Schmalzle et al., 2014) and paleoseismic records
(Wang et al., 2013) that the megathrust under central Oregon between 43˚N and 46˚N has
reduced interseismic uplift and coseismic subsidence, suggesting elevated persistent fault creep
in this section of the subduction zone. Schmalzle et al. (2014) attribute the creeping to the low
permeability of the Siletz terrane compared to surrounding terrains composed primarily of
accreted sediments, which may trap fluids released from the downgoing plate and increase pore
fluid pressure along the plate interface. Our observations suggest that the JdF plate is bent and
hydrated more south of 46˚N, and thus carries more fluid when entering the subduction zone.
When the temperature and pressure increase with subduction depth, fluid volumes released from
the downgoing plate are larger, contributing to the enhanced pore fluid pressure and modulating
slip behavior at the plate interface.
5.2 Oblique strike slip faults at Cascadia margin
Our profile crosses all five major strike-slip faults identified by Goldfinger et al. (1997) from
old MCS data and seafloor mapping: Alvin Canyon fault, Daisy Bank fault, Wecoma fault, South
Nitinat fault, and North Nitinat fault. Of these, the Alvin Canyon fault is intersected by our line
at its far western end; it propagates halfway into the sediment sections and does not reach the
seafloor. All the other faults transect the entire sediment section on our profile. Our data provide
new constraints on the origin of these faults and their potential effects on plate hydration.
Previous studies (Appelgate 1992, Goldfinger et al., 1992, 1996a, 1996b, 1997) indicate that
Alvin Canyon fault, Daisy Bank fault, and Wecoma fault are associated with offsets in the
oceanic basement. Although the two Washington faults were not constrained in the data available
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at the time, Goldfinger et al. (1997) inferred based on their similar characteristics in the
sediments with the three Oregon faults, that they also transected oceanic basement and that all
five faults are of the same origin. Without seismic data imaging crust beneath the basement,
Goldfinger et al. (1997) were unable to determine whether these faults cut through oceanic crust
or are more superficial detachments of upper crustal blocks. As these faults are observed on both
downgoing JdF plate and the overriding North America plate, the question arises as to which
plate the deformation originates from. Goldfinger et al. (1997) argue that due to poor coupling at
the plate interface between JdF plate and North America plate, the shear stress required to
rupture the oceanic crust is likely larger than the interplate coupling stresses. Therefore the faults
are unlikely to have originated from the upper plate and then propagate and rupture the oceanic
crust. Our data show that all 5 of these faults are associated with basement offsets. Although
fault plane reflections in the crust are not observed, presumably due to the steep dip of these
faults, small breaks or steps in the Moho reflection are also observed beneath all these faults
(Fig. 2, the expressions of Moho beneath Alvin Canyon Fault and Daisy Bank Fault are more
subtle than that beneath Wecoma Fault, South Nitinat Fault, and North Nitinat Fault, likely due
to our line crossing the edge of these faults where the offset is small), supporting the
interpretation that these faults are throughgoing ruptures of the oceanic crust. This observation
supports the interpretation of Goldfinger et al (1997) that these strike-slip faults originate from
the downgoing JdF plate and propagate into the overriding North America plate during
subduction.
Besides these prominent strike-slip faults, we also image many additional steep faults in the
sediment section with dips larger than 70˚. These faults are unlikely to be the subduction-bend
normal faults imaged near the deformation front (Chapter 3), as their dips are much steeper than
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the expected dips of these normal faults along our profile (20-30˚). These faults may also be of
strike-slip origin, being perhaps younger or with less accumulated strain than the five prominent
ones. Notably, not all of these faults project to basement offsets. We notice that the previously
identified strike-slip faults are located in the vicinity of the two primary propagator wakes. One
hypothesis is that while the entire region near the deformation front is under dextral shear,
resulting in the formation of many strike-slip faults, only near the propagator wakes where the
crust is weaker, can these faults rupture the entire crust and extend beneath Moho. However this
hypothesis implies that the downgoing plate is very fractured. It is also possible that these steeply
dipping faults are related to differential compaction processes or fluid migration in the
sediments.
Along our profile, mantle reflections are observed at two locations; one at 80 km beneath a
fault between the Daisy Bank and Wecoma Faults, the other directly under the North Nitinat
Fault at 340 km. Based on their spatial relation with the faults above and their much shallower
dips, we interpret these reflections as arising from local zones of alteration in the mantle due to
hydration along the strike-slip faults. Although the strike-slip fault induced hydration is localized
and sparsely distributed (two cases along our 400 km profile, each with lateral extent of 5-10
km), this mechanism of mantle hydration may be important, especially for the Washington
margin, where there is no evidence for subduction bend faults reaching beneath Moho (Chapter
3). The heterogeneously hydrated slab mantle may be related to the generation of slab mantle
earthquakes and diverse composition of the arc magma along the Cascadia margin.
6. Conclusions
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From the MCS image of our 400-km-long trench-parallel profile from 44.3˚N-47.8˚N, we
observe along-strike variation in the structure of the JdF plate with segments defined by
propagator wakes as well as a boundary at 45.8˚N.
The three propagator wakes are all associated with basement depressions of up to 200 ms
(~450-500 m), which constitute the primary topographic anomalies along the profile besides a
950 m high seamount on the otherwise very smooth basement. The propagators have smaller or
similar crustal travel time as the adjoining segments and they are generally non-reflective in the
crust. The segments defined by these propagator wakes show differences in crustal travel time
with Segment 2a and 2b (1920±130 ms and 2000±110 ms respectively) having larger crustal
travel times than the other two segments (1830±50 ms, 1880±80 ms). Crustal reflectivity does
not seem to correlate with segments. Although the anomalies in crustal structure associated with
the propagator wakes are modest, they may play a significant role in plate interface processes.
Segments boundaries of ETS recurrence interval and relative timing (Brudzinski & Allan, 2007)
lie close to the propagator traces within the subducting plate inferred by Wilson (2002). We
propose that while the upper plate structure or composition may determine the threshold fluid
pore pressure at which ETS occur (Brudzinski and Allen, 2007; Audet and Burgmann, 2014), the
propagators may define barriers for ETS events occurring at the same time over a large region.
Besides this segmentation defined by propagator wakes, we observe from our profile a
boundary near 45.8˚N that coincides with changes in plate dip, crustal reflectivity, and lower
crustal P-wave velocity. South of 45.8˚N, the plate dips to the south at 0.5˚, with more
reflectivity from faults dipping both landward and seaward in the crust, and reduced lower
crustal P-wave velocity (Canales et al., 2014). We propose that JdF plate in this region has more
extensive bend-faulting and is more hydrated than to the north. Thus fluid contents in the JdF
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plate crust in this region may contribute to the creeping of the megathrust beneath central
Oregon.
Along our profile, the sediments are cut by numerous steeply dipping (dip angle > 70˚) faults.
Four previously mapped oblique strike-slip faults are associated with changes in Moho reflection
(break, travel time step, or amplitude change), indicating that they transect the entire crust. This
new observation supports the interpretation that these strike-slip faults originate from the JdF
plate and propagate to the overriding North America plate (Goldfinger et al., 1997). We also
infer that the many small faults imaged in the sediments are also of strike-slip origin, and thus
strike-slip faults are more abundant than what has been previously mapped from seafloor studies.
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Figure Captions
Figure 1. Regional map of Juan de Fuca plate and Cascada subduction zone. Crustal age from Wilson
(1993, 2002) shown as colored bands is superimposed over grey scale bathymetry. Light grey bands mark
the propagator pseudofault zones interpreted from offset magnetic anomalies. Juan de Fuca ridge and
Blanco transform fault are shown by thin black lines. The deformation front of Cascadia subduction zone
is shown by barbed red line. The thick black line with ticks show the along-strike seismic transect Line 3
from survey MGL1211 with distance from the southern end of the profile indicated above the ticks. Two
cross-plate transects from the same survey are shown as grey dashed lines. Red dots are earthquakes
recorded from 1991 to 2004 by the Sound Surveillance System (SOSUS) (Fox et al., 1994;
http://www.pmel.noaa.gov/vents/acoustics/autochart/GetPosit.html). Blue dots are intraslab earthquakes
with magnitudes N2 recorded from 1975 to 2002 and extracted from the Advanced National Seismic
System catalog (McCrory et al., 2004). Brown lines near the deformation front show oblique strike-slip
faults identified by Goldfinger et al. (1997) from seafloor mapping. Fine black lines show other seafloor
lineations identified by Goldfinger et al. (1997) within the deformation front. Black dashed lines delineate
forearc basins identified by Wells et al. (2003). Pale yellow bands show the distribution of tremor events
(8 March 2010–8 March 2012; obtained from A. Wech, http://www.pnsn.org/tremor). Boundaries of ETS
segments from Brudzinskie and Allan (2007) are indicated by dark purple lines on top of the yellow band;
the two bold lines show major recurrence interval boundaries at 42.8˚N and 47.5˚N, the the other four thin
lines show secondary boundaries. ETS recurrence interval of each segment is indicated. Bold green line
shows the outline of Slietz and Crescent basaltic rock (McCrory and Wilson, 2013). Fine blue lines show
slab depth contours from McCrory et al. (2012) with contour depth indicated. Red triangles show the
locations of Cascade volcanoes. They are grouped in brackets by arc magma composition (Schimidt et al.,
2008).
Figure 2. Interpretative line drawing of multichannel seismic (MCS) images of the along-strike transect in
time section. (a) All the crustal and mantle events identified; (b) Only the crustal and mantle events that
satisfy the criteria in the text are include. Blue, green, and red horizons are seafloor, basement, and Moho
respectively. Brown lines in the sediment section mark the faults identified in the sediments. Magenta
lines show reflections in the crust and uppermost mantle. Black vertical bars with numbers on them are
the location of magnetic isochrons from Wilson (1993; 2002) with the plate age in Ma annotated. Vertical
grey bands mark the extent of propagator wakes. Cyan stars show the location of oblique strike-slip faults
identified from seafloor mapping (Goldfingher et al., 1997): ACF-Alvin Canyon Fault; DBF-Daisy Bank
Fault; WF-Wecoma Fault; SNF-South Nitinat Fault; NNF-North Nitinat Fault.
Figure 3. Unfiltered (a) and band-pass filtered stack sections (b: 6-12 Hz, 12-24 Hz, 24-48 Hz) of a
mantle event that satisfy the judging criteria in Section 4 of text. This event has significant low frequency
component, and does not resemble any reflection above.
Figure 4. MCS images of four strike-slip faults crossed by our line: Daisy Bank (a, e), Wecoma (b, f),
South Nitinat (c, g), North Nitinat (d, h). Figures in the lower panels (e, f, g, h) show interpreted fault
planes.
Figure 5. MCS images of the seamount (a) and zoom-in view of faults within the sediments bounding the
seamount top (b). The green line in (a) shows the Moho picks shifted by 150 ms for display purpose. The
blue lines in (b) are the interpreted fault planes in the sediments.
Figure 6. MCS images of the profile within distance range 140-220 km. Prominent features include the
antithetic dipping events in distance range 140-170 km; the local Moho travel time increase beneath a
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small basement high near 165 km, and the heterogeneously reflective Astoria fan sediments above the
oceanic crust.
Figure 7. MCS images of two portions of the profile (a: 30-115 km; b: 270-363 km) where dipping
events at Moho level and in the uppermost mantle are imaged. Red lines are Moho shifted by 200 ms for
display purpose. Grey bars show the extent of propagator wakes. Light blue stars show the location of
strike slip faults identified from seafloor mapping by Goldfinger et al. (1997). Dark blue arrows show the
projection of faults to the seafloor based on our MCS images. Green arrows mark the location of changes
of Moho reflection associated with the strike-slip faults. Dipping events near and beneath Moho are
annotated.
Figure 8. Sediment (a) and crustal (b) TWTT calculated from digitized seafloor, basement and Moho
horizons from the MCS image. The red dash line in (b) marks the average crustal TWTT of 1900 ms.
Vertical grey bands mark the extent of propagator wakes. Light blue stars show the location of strike slip
faults identified from seafloor mapping by Goldfinger et al. (1997).
Figure 9. Predicted scattering from fault scarps at deformation front (black dashed line) compared with
the dipping events (cyan lines) on stack section.
Figure 10. Rose diagrams showing the dominant apparent dips of crustal reflectors within Segment 1 (075 km), Segment 2 (100-275 km), and Segment 3 (300-400 km) comparing with the apparent dips of
abyssal hill faults (assumed true dips 40˚, 50˚, 60˚, 70˚, 80˚) on this line.
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